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COVER PICTURE: Distribution of phytoplankton pigment in the upper layer of
the Arabian Sea and conceptual model of carbon flux to the bottom.
In color - Median pigment concentrations (mgm'3), August-November 1978-85,
from the NIMBUS-7 Coastal Zone Color Scanner. Individual monthly mean images
from NASA’s Global Data Set (Level-3 product) were combined to create the medians
for the four calendar months. The equator is the lower edge of the figure (DC English,
University of Washington, Seattle, WA, USA).
Inset - Conceptual model of carbon flux from the atmosphere to the deep-sea
bottom, with production and consumption of organic matter in the surface box and
settling (with consumption) through a representative intermediate box. Total depth,
3-4 km; depth of each box, 100-200 m (not drawn to scale). Open arrows, gas
exchange; heavily shaded curved arrows, production with consumption (recycling)
within boxes; vertical lightly shaded arrows, transport by settling. Width of arrows
suggests flux per unit time. Horizontal solid arrows, water movement and turbulent
diffusion; vertical physical terms omitted (K Banse, University of Washington, Seattle,
WA, USA).
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Biogeochemistry of the Arabian Sea: Present information and gaps

This special volume deals with selected topics relating to biogeochemical processes
in the Arabian Sea. These articles were solicited from experts with a view to bringing
together a critical mass of information about these processes, specially those which
have been highlighted from recent studies in the Arabian Sea and in the equatorial
Indian Ocean, and are relevant to the JGOFS (Joint Global Flux Study) program
in the Arabian Sea. The biogeochemical processes are known to be very complex
and the international JGOFS program, by virtue of its comprehensive, multinational
and multidisciplinary approach should hopefully both define and resolve several of
the key issues and concepts. The Indian scientific community attaches great scientific
value to the focussed experiments planned under the international JGOFS program
in the Arabian Sea. Realizing this, Professor V. K. Gaur, Chief Editor asked me to
prepare a special publication on this topic in early 1994. The process of bringing
out a scientific volume in itself is quite complex (and unpredictable) since it depends
on human dynamics on the one hand, and the creative process of scientific enquiry
on the other. The result, namely this volume, is delayed by more than about half-a-year,
and even as this volume goes to press, the Arabian Sea JGOFS is already underway
with active programs planned during 1994-1996 (Smith 1993). The Netherlands had
a series of cruises to the region during June 1992-April 1993. The first Indian JGOFS
expedition took place in May 1994 aboard the research vessel OR/V Sagar Kanya
with participation by scientists from the National Institute of Oceanography, the
Physical Research Laboratory and the National Chemical Laboratory. The program
envisages sampling the Arabian Sea during four seasons (pre-monsoon, monsoon,
post-monsoon, and N-E monsoon) of 1994-95, with an emphasis on (i) measurements
of the spatial and temporal variability in the primary and new production rates, and
their influence on the export fluxes of carbon, C02 air-sea exchange balance and in
the maintenance of the denitrification layer, (ii) burial fluxes of carbon and other
biogenic elements in the margin sediments and their paleofluxes, (iii) the use of U-Th
series nuclides as proxy to study particle scavenging processes in the water column,
and (iv) the role of mesoscale eddies.
In the framework of its goals and emphasis, JGOFS considered it attractive to
study carbon cycle processes in the Arabian Sea. This was considered important for
several reasons: (i) the Arabian Sea provides an opportunity to study carbon
production and transformation processes in a basin, driven by strong physical forcing
which has varied significantly in the past during glacial and interglacial periods, (ii)
the carbon (and nitrogen) cycle process studies in Arabian Sea should hopefully
provide insights into the extremes related to the strong and alternating forcing
associated with the Indian monsoon, resulting in significant cyclic changes in
biological productivity, vertical fluxes of carbon and ocean chemistry, and (iii) these
studies may help to establish linkages between known climatic changes in the Arabian
Sea region with the carbon cycle paleo-record, by simulating physical forcing using
general circulation models. The peculiarities that differentiate the Arabian Sea from
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other oceanic areas essentially arise from its unusual geographical setting which has
tremendous impact on its climate, resulting in the well-known annual reversals in
the atmospheric and upper ocean circulations. This, in turn, leads to the largest
variability in many surface water properties observed anywhere in the world oceans
and also large geographical changes due to the asymmetry of the physical forcing
over the Arabian Sea. Thus the Arabian Sea experiences spectacular changes, both
in space and time. Further this region contains several diverse biogeochemical
provinces packed up within a rather small area. For example, intense upwelling results
in very high levels of biological production in the western Arabian Sea both in the
coastal waters off Somalia and Arabia and in the open ocean northwest of the
Findlater jet during the southwest monsoon. During other periods, however, the same
region is almost oligotrophic. Even during the southwest monsoon period,
oligotrophic conditions prevail in the central Arabian Sea southeast of the Findlater
jet. This high degree of cyclicity in the biological production and the closeness of the
oligotrophic and eutrophic environments makes the exchanges of carbon and other
biogenic elements between various reservoirs markedly different from other parts of
the oceans.
Very high rates of new production sustained by upwelling and vertical mixing
ensure exports of large quantities of organic matter to the deep sea. This contributes
significantly to an almost complete depletion of dissolved oxygen within a large body
of intermediate waters, affecting the transformations of several elements including
carbon and nitrogen. This is one of the most important aspects of the oceanography
of the Arabian Sea which makes biogeochemical cycling of this region globally
significant. The low oxygen levels in conjunction with high terrigenous inputs may
lead to a smaller rate of decay of particulate organic carbon (POC) within the water
column and therefore greater flux to the sediments as compared to the other regions.
This may cause large benthic fluxes which may in turn account for the unique near
bottom anomalies in concentrations of several elements including nutrients, oxygen
and trace metals.
Several of the key carbon cycle parameters of the Arabian Sea are as yet poorly
understood. For example, it is not known whether the Arabian Sea is a sink for
atmospheric carbon dioxide (because of its high rates of primary productivity and
large accumulation rates of carbon in sediments), or a source via outgassing of deep
C02 rich waters brought to the surface by upwelling. Upwelling and vertical mixing
also result in high rates of pumping of greenhouse gases such as carbon dioxide, nitrous
oxide and methane, and consequently the Arabian Sea is also a very significant source
of these gases for the atmosphere.
Finally, the proximity of the landmass makes the biology and chemistry of the
Arabian Sea quite susceptible to continental influences both through fluvial and
atmospheric inputs of trace metal, nutrients and other elements that can affect ocean
productivity and climate.
Our lack of understanding of the basic biogeochemical processes in the Arabian
Sea is only partly linked with the fact that comprehensive studies of this basin began
only about 30 years ago when the international scientific community conducted
oceanographic surveys in the Indian Ocean and adjacent seas. During this period,
the Indian scientists, in particular from the National Institute of Oceanography
(NIO), Goa and the India Meteorological Department, have also been very active
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in pursuing a wide range of physical, chemical and biological studies, specifically
relating to the Indian monsoon, biological production, fisheries and mineral resources.
Two special symposia were organized in January 1991 and August 1992 and the
papers presented at these symposia have appeared in a book (Desai 1992) and in
Deep Sea Research (4011, 643-849, 1993). It is however to be noted here that even if
these studies had been ongoing earlier, the enigmatic problems relating to the Arabian
Sea mentioned above would still have been with us. The principal reason for this is
the fact that the biogeochemical processes are indeed very complex and we have just
begun to understand the nature of the processes involved. We do not even know
whether we have today the proper mix of essential techniques which must be used
to delineate even the processes emphasized by JGOFS:
i To determine and understand on a global scale the processes controlling the timevarying fluxes of carbon and associated biogenic elements in the ocean, and to
evaluate the related exchanges with the atmosphere, sea-floor amd continental
boundaries.
■ To develop a capacity to predict on a global scale the response of the biogeo¬
chemical processes to anthropogenic perturbations, in particular those related to
climatic change.
These apparently simple questions represent a whole suite of nested processes
which are sensitive to the chemistry of the oceans, and a large number of factors
related to biological production. Consequently the processes exhibit a high degree
of temporal variability even in a given location. Even if one succeeds today in
measuring the carbon production rates and fluxes at a given location, it does not
follow that one can predict the variability at the site arising from different physical
forcing associated with climatic changes.
The following which is a brief account of the scientific emphasis of the papers
in this volume, would underscore the multi-disciplinary and wide ranging
approaches which become necessary to understand the biogeochemical processes.
A comprehensive overview of the physical oceanography of the Arabian Sea is
presented by Shetye, Gouveia and Shenoi. The dramatic seasonally varying monsoonrelated physical forcing seems to predominantly determine the mixed layer dynamics
and circulation including that at depth. In addition to the local forcing, there is also
a possibility that coastal circulation in the eastern Arabian Sea may be strongly
influenced by Rossby waves radiated from Kelvin waves along the west coast of
India.
As outlined above, the diverse biogeochemical regimes found in the Arabian Sea
provide perhaps the best sites for investigating various pathways of carbon trans¬
formations. A number of papers included in this volume should help generate a
better understanding of these transformations. A detailed synthesis of the available
information concerning the production, downward transport and consumption of
organic matter is made by Banse by utilizing wide ranging multi-disciplinary data
from the Arabian Sea and comparing them with observations made elsewhere in the
oceans. While supporting the intriguing insufficiency of the sinking POC flux in
meeting the organic carbon demand at mid-depths, notwithstanding the uncertainties
in rates of both primary productivity and subsurface respiration, Banse’s evaluation
highlights the major gaps in our knowledge of biogeochemical cycling in the Arabian
Sea. These include a poor understanding of the relationship between primary
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productivity and the sinking POC flux. This itself is related to several unknowns
such as the relative importance of production within the mixed layer and within the
deep chlorophyll maximum layer, and the role of different food webs in determining
carbon exports from the surface layer. A possibility suggested by Banse is that the
diurnal migration of myctophids may play an important role in the downward
transport of organic matter to a depth of a few hundred meters. This problem is also
addressed in a paper discussing the influence of bacteria on carbon flux pathways in
the Arabian Sea by Azam, Steward, Smith and Ducklow. In this paper they discuss
the involvement of bacteria in the aggregation and solubilization of particulate organic
matter and how these processes may affect carbon cycling under the unique conditions
found in the Arabian Sea. In addition, they hypothesize that the paradoxical excess
of carbon demand in the mesopelagic zone relative to the supply from the sinking
flux may be balanced by consumption of a reservoir of slow-to-degrade DOC. They
propose that this DOC acts as an energy buffer by accumulating in surface waters
during bloom conditions. Because it is slow-to-degrade, it can be consumed at other
times and places, such as during oligotrophic periods in surface waters and in deeper
waters where it may be injected as a result of pycnocline shoaling. Two papers provide
insights through modelling into biological processes and their interactions with the
physical and chemical processes. Brock, Sathyendranath and Platt make seasonal
basin-scale simulations of the mixed layer primary production by combining surface
light and photosynthesis-irradiance models. They have shown that the mixed layer
primary production is highly seasonal and reaches peak values during the southwest
monsoon. Sathyendranath and Platt examine the coupling between physical and
biological processes and its effects on carbon exports from the euphotic zone
associated with the biological pump. Their study emphasizes that our understanding
of the biogeochemical cycles in the Arabian Sea will be incomplete if due attention
is not paid to the spatial distribution of parameters which determine plankton growth
and their response to environmental parameters.
Deployment of sediment traps at six sites in the northern Indian Ocean—three
each in the Arabian Sea and in the Bay of Bengal, have led to the generation of
nearly continuous records of fluxes of particulate material to the deep sea since 1986
and 1987, respectively. Results of these experiments, summarized by Ramaswamy and
Nair, reveal a strong variability in the particle fluxes associated with monsoons, and
also appreciable interannual changes. High particle fluxes to the deep Arabian Sea
during the southwest and northeast monsoons appear to be caused by upwelling or
wind-induced nutrient pumping to the euphotic zone. In the Bay of Bengal, one
observes a correlation between the particle fluxes and the freshwater discharge from
the Ganges-Brahmaputra system. An intriguing aspect of the sediment trap data is
that the regional changes in the annually averaged POC fluxes are smaller than
expected from primary productivity. Also, the decay of sinking POC flux with depth
may be slower than in most other areas. Finally, the particle fluxes, particularly the
organic carbon flux, are generally higher in the Bay of Bengal, in spite of the much
lower productivity. This has been suggested to be linked to greater inputs of lithogenic
matter which may favor the formation of particle aggregates leading to rapid transport
of organic matter to the deep sea. The proposed link between lithogenic inputs and
the efficiency of the biological pump is of considerable relevance to JGOFS and
should be investigated in detail.
The large inputs of terrigenous matter, both fluvial and aeolian, to the northern
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Indian Ocean in conjunction with high biological production appear to offer sites for
very intense scavenging of reactive trace metals from the water column. This is
demonstrated by Sarin, Rengarajan and Somayajulu, who present results of extensive
measurements of the activity ratios 234Th/238U, 210Po/210Pb and 210Pb/226Ra in
waters of both the Arabian Sea and the Bay of Bengal. Their measurements reveal
that the disequilibria between these radionuclides are much more pronounced
compared to that observed elsewhere. These results have important implications for
cycling of other trace metals, as discussed by Saager who provides an exhaustive
review of the work on several trace metals in the Indian Ocean. Thus the trace
elements which are particle reactive and are regenerated at depths show anomalous
enrichment in the near bottom waters as was found in the case of Ni, Zn, Ba and
226Ra. The redox sensitive metals such as Ce, Mn and Fe, on the other hand, show
dissolution of Fe and Mn from particulate matter. Interestingly, the greatest Mn
enrichment occurs outside the denitrification zone. The reasons for the decoupling
of Mn and nitrogen cycles are not clear, but it does appear that the lateral inputs of
Mn mobilized within the reducing sediments of the continental margin may be
important.
Owing to the prevalence of near-zero oxygen levels within a thick layer at
mid-depths, the bacteria utilize nitrate as an oxidant for the decomposition of organic
matter, generating molecular nitrogen through a series of reductive steps. This process
(denitrification) is dealt with in detail by Naqvi. It is shown that denitrification in
the Arabian Sea cannot be fueled solely by the organic carbon supply of organic
matter in dissolved or suspended form required to meet the high demand within
the oxygen minimum zone. Although denitrification has been shown to be associated
with a subsurface turbidity maximum, the available evidence suggests that the
intermediate nepheloid layer is probably not formed through resuspension of particles
along the continental shelf/slope. Naqvi suggests that the turbidity maximum may
be generated by a proliferation of denitrifying bacteria which appear to utilize DOC
efficiently under reducing conditions. This issue is of considerable relevance to JGOFS
and needs further attention.
It had long been believed that the occurrence of oxygen-deficient conditions in
the Arabian Sea was mainly due to a sluggish subsurface circulation resulting from
the semi-enclosed nature of the basin. However, recent estimates of renewal time
utilizing chemical (nitrogen and freons) and enzymatic (ETS activity) measurements
have revealed that the oxygen-poor waters may actually De renewed very rapidly, on
time scales of a few years if not months. Warren discusses the factors that lead to
creation of suboxic conditions in the Arabian Sea by evaluating the relative roles of
subsurface respiration and renewal processes. He suggests that wind forcing could
result in separate circulations in the northern and southern parts of the Arabian Sea,
but the suboxic zone still receives modest inputs of intermediate waters, both of the
southern origin and those formed in the marginal seas. However, the oxygen supply
is not proportionately large as the waters responsible for renewal do not have high
oxygen contents. This coupled with moderately high respiration rates is responsible
for the nearly complete depletion observed within the main thermocline. He also
argues that inspite of the high biological productivity the respiration rates are not
exorbitantly high because the export of organic carbon from the surface layer may
be relatively small. However, it may be pointed out that there are two observations
that may appear mutually contradictory, but these may actually be related to each
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other. First, large quantities of ‘fresh’ organic carbon do seem to reach the deep sea
and so the organic carbon flux may not be that small and second, the respiration
rates are not extraordinarily large except when the denitrification sets in. Thus, there
is a distinct possibility that the respiration fueled by POC within the low oxygen
zone may not be high as compared to that fueled by DOC under reducing conditions.
Further work, including both experimental and field studies, is clearly required to
test this hypothesis.
The quick renewal of the oxygen-depleted waters and the observed short-term
changes in the mid-depth water composition point to a delicately poised
biogeochemical balance, marking the Arabian Sea susceptible to potential
anthropogenic perturbations. In order to develop models for predicting the potential
response of the intermediate-depth reducing environment to climate change, it would
be useful to reconstruct the changes in the past in response to natural climatic change
(e.g. monsoon variability) by examining the sedimentary record. Following this
strategy, Somayajulu, Yadav and Sarin infer changes in redox conditions at four sites
in the northeastern Arabian Sea using the redox sensitive elements, Fe, Mn and U
and also organic carbon and calcium carbonate contents in sediment cores dated by
the Pb-210 method. Their results show that strongly reducing conditions prevailed at
~ 300 m (close to the core of the denitrifying layer) throughout the last ~ 700 years
studied. However, reducing conditions could have been more severe prior to ~ 200 yr.
B.P. as inferred from the prevalence of anoxia in a deeper (~ 2*5 km) core probably
due to higher primary productivity. More work of this type is required to investigate
the geographical and temporal changes in the intensity of the oxygen minimum and
relate them to monsoonal variability. Finally, the paper by Chakraborty, Ramesh
and Krishnaswami presents a good discussion of the C02 exchange fluxes between
air and sea. These authors studied the time histories of bomb 14C in surface waters of
the Gulf of Kutch, and in the atmosphere using corals and tree rings respectively as
recorders.
Studies of marine nutrient dynamics and processes have long been understood to
be complex, involving a strong interplay between physical, chemical and biological
processes. Progress in this field has been very slow, marked with sporadic jumps in
our knowledge and dictated primarily by two factors: realization of the importance of
key processes and the availability of suitable techniques to study the processes. Another
factor contributing to rapid growth in this field is the acquisition of useful data
through global scale coordinated efforts, using the presently available state-of-the-art
techniques. The international Joint Global Oceanic Flux Study of carbon through
the oceanic water column has brought international awareness to the importance of
this study, and will no doubt lead to a considerable growth in our understanding of
biological cycles of carbon nitrogen and other nutrients. Nevertheless, it is quite
obvious that mere measurements of carbon flux at a large number of stations,
howsoever globally representative, will not address the principal question of carbon
export through the oceanic column and its dependence on climate, unless the basic
processes are well understood. Some oceanic regions are more instructive than others
in respect to revealing the nature of basic processes. The U.S. JGOFS studies in the
equatorial Pacific Ocean (EqPac) have, for example, proved very exciting, bringing
forth many surprises and highlighting the over-riding importance of some physical
processes (Murray et al 1993). The U.S. EqPac observations could be directly related
to physical forcing since data were available on winds, currents and temperatures in
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the equatorial Pacific during the fieldwork period as a result of TOGA’s
(Tropical/Global Atmosphere) moored TAO arrays. The TOGA/TAO data show
that during 1991/92, El Nino was the result of four specific wind events occurring
west of the dateline, which stimulated eastward-propagating downwelling Kelvin
waves, depressing the thermocline. Some of the observations presented puzzles, for
example warm water (28-5°C) upwelled during the spring cruises was also relatively
rich in nutrients (nitrate levels up to 4 /xM). The origin of this water is still unclear
(Murray et al 1993), but could be related to the easterly winds which were still strong
in April, and the depressed thermocline (> 100 m).
It remains to be seen what surprises and lessons will be forthcoming from the
JGOFS cruises to the Arabian Sea which has several attractive features, outlined
earlier.
I am grateful to Drs S Krishnaswami, SWA Naqvi and B L K Somayajulu for
valuable discussions, suggestions and help at various stages during the preparation
of this summary and also the volume. I would like to express my thanks to Dr Hugh
Ducklow, JGOFS Core Project Officer for providing information on the JGOFS
Arabian Sea field program.
Finally, I am most thankful to all the contributors for taking time off to present
in-depth and state-of-the-art reviews.

D. Lai (Guest Editor),
Scripps Institution of Oceanography,
Geological Research Division,
La Jolla, CA 92093-0220, USA
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Circulation and water masses of the Arabian Sea

S R SHETYE, A D GOUVEIA and S S C SHENOI
Physical Oceanography Division, National Institute of Oceanography, Dona-Paula,
Goa 403004, India
Abstract. The dynamics and thermodynamics of the surface layer of the Arabian Sea, north
of about ION, are dominated by the monsoon-related annual cycle of air-sea fluxes of
momentum and heat. The currents in open-sea regime of this layer can be largely accounted
for by Ekman drift and the thermal field is dominated by local heat fluxes. The geostrophic
currents in open-sea subsurface regime also show a seasonal cycle and there is some evidence
that signatures of this cycle appear as deep as 1000 m. The forcing due to Ekman suction
is an important mechanism for the geostrophic currents in the central and western parts of
the Sea. Recent studies suggest that the eastern part is strongly influenced by the Rossby
waves radiated by the Kelvin waves propagating along the west coast of India.
The circulation in the coastal region off Oman is driven mainly by local winds and there
is no remotely driven western boundary current. Local wind-driving is also important to
the coastal circulation off western India during the southwest monsoon but not during the
northeast monsoon when a strong (approximately 7 x 106m3/sec) current moves poleward
against weak winds. This current is driven by a pressure gradient which forms along this
coast during the northeast monsoon due to either thermohaline-forcing or due to the arrival
of Kelvin waves from the Bay of Bengal.
The present speculation about flow of bottom water (deeper than about 3500 m) in the
Arabian Sea is that it moves northward and upwells into the layer of North Indian Deep
Water (approximately 1500-3500 m). It is further speculated that the flow in this layer
consists of a poleward western boundary current and a weak equatorward flow in the interior.
It is not known if there is an annual cycle associated with the deep and the bottom water
circulation.
Keywords.
currents.

Arabian Sea; N. Indian Ocean; water masses; mixed layer; circulation; coastal

1. Introduction
Two features stand out in distinguishing the N. Indian Ocean from other oceans.
First, the northernmost extent of its poleward boundary is close to 25 N, making it
essentially a tropical ocean. Second, the occurrence of the southwest and the northeast
monsoon over the ocean implies that the winds are strongly seasonal. Seasonal
variation of such a large amplitude is generally not found elsewhere. The N. Indian
Ocean can be divided roughly into three major areas: the equatorial belt stretching
between 10N and 10 S, with the Somalia basin on its western end; the Bay of Bengal;
and, the Arabian Sea. Of the three areas, the Somalia basin has been the best studied
from the point of view of both observations and theory. Schott (1983) provides a
review of the observations. Luther and O’Brien (1985) have discussed the theoretical
issues concerning the circulation in the Somalia basin. The rest of the equatorial belt
is poorly observed. The Bay of Bengal stretches north of about 10N and east of
about 80 E. Some of the recent studies describing the circulation in the Bay are Shetye
etal{ 1991 b), M urty et al (1992) and Shetye et al (1993). The dynamics of the circulation
9
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of the Bay of Bengal has been discussed in Potemra et al (1991), Yu et al (1991) and
McCreary et al (1993). The purpose of this review is to outline salient features of the
large-scale circulation and water masses of the Arabian Sea.
Robinson (1966), quoting the International Hydrographic Bureau (Sp. Publ. 23,
1953), defines the southern boundary of the Arabian Sea (figure 1) by a line from Ras
Hafun (Somalia, 10*29 N 51*20E) to Addu Atoll (approximately 73*25E 0*58S), up
the western edge of the Maldives and Lakshadweep, to Sadashivgad Light on the
west coast of India (l4*80 N). The Gulf of Aden is separated by the meridian of Ras
Asir (Somalia, 51*25 E), and the Gulf of Oman by a line from Ras Limah (25*95 N)
in Oman to Ras al Kuh (Iran, 25*80 N). In this paper we restrict our attention to the
region north of approximately 8 N. The region off Somalia has not been included in
the discussion because, as pointed out earlier, the circulation and water masses of
this region have been examined in quite a few papers.
The following are the main characteristics of bottom topography in the Arabian
Sea. The northwest-southeast oriented Carlsberg Ridge is located in the southern
part of the Arabian Sea. The southwest-northeast oriented Murray Ridge is in the
north. In the mid-Arabian Sea there is a topographic slope: depth shoals from 4000 m
to 3000 m from 14 N to 21 N. The continental shelf, as marked by the 200 m contour
(figure 1), is approximately 120 km wide off the southern tip of India, narrows to
about 60 km off 11 N and widens to about 350 km off the Gulf of Cambay. The shelf
remains about 200 km wide as far north as Karachi, west of which the shelf narrows
to less than 50 km. The shelf is narrow all along the Arabian coast and is less than
50 km wide at the entrance of the Red Sea.
The Arabian Sea is thus an approximately triangular basin with the largest zonal
extent of about 3000 km and a slightly smaller meridional extent. Its proximity to
the equator makes the radius of deformation to be about 100 km. We take the coastal
regime of the Arabian Sea, as against the open-sea regime, to be a belt of width of

.

Figure 1

The Arabian Sea. The bottom topography contours are in kms.
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a couple of radii of deformation from coastline. The small size of the Arabian Sea
(relative to the Atlantic, Pacific, and south Indian Ocean basins) implies that its
coastal regime, stretched along two sides of the triangular basin, occupies a good
fraction, about 25%, of total area. It is expected that interaction between the open-sea
and the coastal regime is important to the dynamics of the Sea. Crucial to the
understanding of its dynamics and thermodynamics are the monsoon winds which
are described in the next section. Prominent features of the circulation in the Sea are
discussed in section 3, first for the open-sea regime then for the coastal regime.
Section 4 examines mixed-layer processes in the Sea and characteristics of the water
masses are reviewed in section 5.

2. Wind stress distribution
The annual cycle of stress exerted by monsoon winds at the surface of the Arabian
Sea is shown in figure 2 using the monthly wind stress climatology of Hellermann
and Rosenstien (1983). The winds blow strongly during May-September, the
southwest monsoon, forming the Findlater Jet with maximum wind stress magnitudes
of about 6 dyne/cm2. The winds during this season are generally from the southwest,
however, they are approximately from the west off the southern part of west coast
of India. During the northeast monsoon, November-February, the winds blow from
the northeast and have maximum wind stress magnitudes of about 2 dyne/cm2.
March-April and October are transition months and winds are weak.
The dominant period in wind stress variability due to the monsoons is one year.
This was brought out by Breidenbach (1990) who examined the EOFs of the pseudo¬
stress over the Indian Ocean during 1977-85. It was found that the first EOF, which
accounted for 65-5% of the variance, had a period of a year and its spatial pattern
was related to the monsoon circulation. The second, third and fourth EOFs accounted
for, respectively, 5-8%, 3-2% and 2*9% of the variance. We can therefore look at the
Arabian Sea winds as being of predominantly annual period.

3. Velocity field
The only data set that at the present can give a comprehensive description of surface
velocity field in the N. Indian Ocean is climatology of ship-drifts. Cutler and Swallow
(1984) have compiled 10-day averages of historical ship-drift data on 1° x 1° grid in
the Indian Ocean between latitudes 25 S and 20 N. Figure 3 shows the field of monthly
ship-drifts in the Arabian Sea derived from the Cutler and Swallow data. As seen
from the figure, surface currents are approximately clockwise during the southwest
monsoon; northeastward in the west, eastward in the mid-sea and southeastward in
the east. They are counter-clockwise and weaker during the northeast monsoon. To
examine the causes behind the features seen in figure 3, and to study the subsurface
flow, it is useful to divide the basin into two regimes - open sea and coastal.

3.1 Open-sea regime
The eastward surface flow in the central Arabian Sea during May-October seen in

12

S R Shelve, A D Gouveia and S S C Shenoi
50

60

70

50

60

70

Figure 2. Annual cycle of wind stress over the Arabian Sea. Data are from Hellermann
and Rosenstien (1983). Month is given in the upper left hand corner of each box. The vector
shown just below the month January represents 1 dyne/cm2.

figure 3 is fed by a strong northeastward surface flow from the Somali basin which
at this time has an energetic coastal current (Schott 1983). The westward drift during
November-February is part of a general movement in that direction during the north¬
east monsoon over the entire N. Indian Ocean basin north of the equator (Wyrtki 1973).
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Figure 3. Annual cycle of ship-drifts in the Arabian Sea. The scale shown in the upper left
hand corner of the January figure applies to the vectors in figures for other months as well.
The 10-day climatology of ship-drifts compiled by Cutler and Swallow (1984) was used.
Ten-day drifts over three consecutive 10-day periods at a location were averaged to construct
the monthly-mean drift at the location; in computation of the average, the number of
observations that go into each 10-day ship-drift vector were noted. January (June) represents
the average during Julian days 1-30 (151-180). To avoid clutter monthly ship-drifts less
than 20 cm/sec are not plotted. The Cutler and Swallow data do not cover region north of
20 N.
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To study dynamics of surface currents, Hastenrath and Greischar (1991) compared
monthly ship-drifts with the Ekman drifts computed from the fields of monthly wind
stress and with the surface geostrophic velocity estimated from dynamic topography
(0/400) for a few regions in the open-sea regime of the Indian Ocean. One such region
covers a portion of the southeastern part of the Arabian Sea (2-10 N, 60-80 E). Under
the influence of monsoon winds the Ekman flow in this region is directed south
of the east during the southwest monsoon and in opposite direction during the
northeast monsoon. Hastenrath and Greischar concluded that in comparison to the
Ekman velocity, the geostrophic velocity at surface is weak throughout the year. It
is eastward during the southwest monsoon and westward during the northeast
monsoon. The observed surface current differs little from the sum of the calculated
Ekman and geostrophic components. Transports due to both Ekman and geostrophic
flow were found to be weak. The annual mean of geostrophic transport was found
to be 3 x 106m3/s towards the west. On the whole, the analysis suggests that the
surface velocity field in the Arabian Sea is primarily due to wind-driven Ekman flow.
It is strongly seasonal, shallow, and overrides a weaker seasonally varying geostrophic
flow. Though analysis similar to the above has not been carried out over the whole
of the Arabian Sea, there is other evidence to believe that wind forcing dominates
near surface processes in the open Arabian Sea (see section 4).
Pattern of geostrophic flow can be inferred from dynamic topography. In figures 4,

Figure 4. Dynamic topography of the surface w.r.t. 1000 db during different seasons using
the one-degree temperature and salinity profiles given in Levitus (1982) atlas.
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Same as in figure 4 but 200 db.

5, and 6 we have constructed the dynamic topography at surface, 200 m, and 500 m,
respectively, using the seasonal temperature and salinity data from Levitus (1982)
atlas which has spatial resolution of 1° x 1°. The surface geostrophic flow during
May-October is eastward (figure 4). It is stronger during the later half of this period
when the flow also has a northward component in the western part of the Sea and
a southward flow in the eastern part. With onset of the northeast monsoon, the
circulation in the Arabian Sea reverses. During November-January the most prominent
feature in surface geostrophic flow is a poleward current in the eastern part of the
basin. As we see in section 3.2, this flow matches with a strong poleward coastal
current along the west coast of India during this season. The pattern of circulation
at 200 m (figure 5) is more complicated than that at surface and has cellular structures
reminiscent of the dynamic topographies given by Duing (1970). During the southwest
monsoon, particularly during its second half, there are suggestions of a poleward
undercurrent in the coastal region off southwest India. As seen later, this is consistent
with the pattern inferred from hydrographic data collected in the coastal region of
India. The circulation at 200 m is best developed during the northeast monsoon when
an anti-clockwise flow exists with a poleward flow in the eastern half of the basin
and an equatorward flow in the western half. During February-April, the transition
period between the northeast and the southwest monsoon, a similar pattern exists
but the magnitude is weaker. The pattern of geostrophic circulation at 500 m (figure 6)
mimics that at 200 m but is much weaker.
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Figure 6.

Same as in figure 4 but 500 db.

The results of recent numerical experiments with a reduced gravity 272-layer model
by McCreary et al (1993) suggest that Ekman suction is important to the interior
flow in the central and western parts of the Arabian Sea. The numerical experiments
further suggest that Ekman suction is not important to behaviour of the geostrophic
flow in the eastern part of the Arabian Sea. Instead, McCreary et al suggest that the
coastal Kelvin waves moving poleward along the west coast of India radiate westward
propagating Rossby waves which strongly influence the velocity field in the eastern
part. In these numerical experiments some of the Kelvin waves originate in the Bay
of Bengal and travel along the coasts of India and Sri Lanka to reach the west coast
of India. The numerical experiments therefore raise the possibility that the Bay may
have a role in defining the annual cycle of currents in the eastern Arabian Sea.
Not much is known about the currents below the depth of 1000 m in the Arabian
Sea. Shetye et al (1991c) used current meter records from approximately 1000 and
3000m at three moorings (16-38N, 60-50E; 14-50N, 64-70E; and 15-53N, 68-73E)
during May 1986 to May 1987 to describe the low-frequency currents in the area. It
was seen that although the spectra for the six time series had similar shapes, their
energies differed. There was no significant coherence between upper and lower currents
at any mooring, nor between currents at adjacent moorings. Energies dropped from
the west to the east both at the upper and the lower levels, but the drop was much
larger in the deeper currents. In fact, the energy in the deeper currents for the periods
from 1 to 4 weeks was higher than that at the upper level at the western mooring,
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marginally higher at the central mooring, and not significant at the eastern mooring.
Shetye et al suggested that observed bottom intensification of the currents may be
the result of generation of bottom-trapped waves by winds with periods ranging
between one and a few weeks. In the open Arabian Sea there does exist a topographic
slope (see figure 1) and superimposed on the annual cycle of monsoonal winds are
at least two large-scale wind oscillations: quasi-biweekly, first pointed out by
Krishnamurti and Balme (1976), and, 40-50 day motions noted by Madden and
Julian (1972).
There were some indications in the current meter records that signatures of the
annual cycle of wind-forcing appear as deep as 1000 m. For example, the eastward
component in the record at 1000 m in the westernmost of the three moorings increased
from early May 1986, reached a peak (approximately 5 cm/s) towards the end of July,
then decreased and vanished by the end of September. The mean flow during OctoberDecember was westward. During January-April it was eastward but weak (about
2 cm/s).
No attempts have been made to reconcile these direct current observations with
a picture of large-scale deep and bottom flows derived from water properties. In fact,
development of such a picture has only just begun. Warren (1992) has proposed a
scheme for circulation of deep and bottom waters in the Arabian Sea. He defines the
layer roughly 1500-3500 m deep as the North Indian Deep Water. Below this layer
lies the bottom water. Invoking the Stommel and Arons (1960) scheme for global
abyssal circulation and using the available estimates of bottom water transport in
the N. Indian Ocean, Warren suggests that bottom water upwells in the Arabian Sea
at the rate of around 5-10 x 10~5cm/s into the bottom of the North Indian Deep
Water layer. Further assuming that the upwelling rate at the top of this layer is less
than that at the bottom, and that horizontal flow in the layer is exactly geostrophic,
Warren has proposed that the circulation in the layer north of about 10N consists
of a poleward western boundary current and a weaker equatorward flow to the east.

3.2 Coastal regime
The coastal belt offlndia, Pakistan, Oman, Yemen and Somalia constitute the coastal
regime of the Arabian Sea. Unlike the west coast of India which forms the eastern
boundary of the Arabian Sea, the western boundary is not continuous. It is divided
into two parts, the Oman and Yemen coast, and the Somali coast. The Pakistani
coast forms the northern boundary. It is short, only about 500 km. Of all these regions,
the circulation along the Somali coast during the southwest monsoon is the most
energetic. However, as pointed out earlier, this region will not be discussed here.
Using ship-drift data, Shetye and Shenoi (1988) examined the annual cycle of surface
currents along the coast of Oman and the west coast of India. They concluded that
local winds dominate the coastal currents along the coast of Oman driving an energetic
(surface speeds of the order of 50 cm/sec) northeastward current during the southwest
monsoon, and a weaker current in the opposite direction during the northeast
monsoon, Shetye and Shenoi further concluded that though local winds force the
currents along the west coast of India during the southwest monsoon, other
mechanisms are important to drive the northeast monsoon coastal current which
moves against weak winds.
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Recently Shetye et al (1990, 1991a) have described the hydrography and circulation
along the west coast of India during the southwest and northeast monsoons using
hydrographic data collected during the southwest monsoon 1987 and the northeast
monsoon 1987-88. During the southwest monsoon (Shetye et al 1990) the southernmost
part of the west coast of India showed occurrence of upwelling, the near shore surface
temperature being lower, by as much as 2-5°C, than farther offshore. There was a
shallow (approximately 75 to 100 m deep) equatorward surface current, below which
there were signatures of downwelling indicative of a poleward undercurrent hugging
the continental slope. T - S characteristics showed that the undercurrent carried low
salinity waters found in the south-western Bay of Bengal. Conditions similar to those
found at the southern end of the coast were found up to around 15N; but intensity
of upwelling and strength of surface current and undercurrent grew weaker progressively
from the south to the north, and ceased to be noticeable at about 20 N. Average
width of the surface current was about 150 km, whereas the undercurrent was about
50 km wide. Transport in the equatorward surface current increased from less than
0*5 x 106m3/s to about 4 x 106m3/s from the northern to the southern end of the
west coast. The winds during the period of observation varied between westnorthwesterly near the southern end to west-southwesterly near the northern end of
the coast. The longshore component of wind stress was generally equatorward. Its
magnitude was maximal (0*5 dyn/cm) near the southern end. These observations
suggest that during the southwest monsoon the coastal circulation off the west coast
of India is dynamically similar to wand-driven eastern boundary currents.
Observations during the northeast monsoon, December 1987 and January 1988,
showed the presence of a poleward coastal current that flowed against weak winds
(Shetye et al 1991a). Near the southern end of the coast, at about 10N, the current
was approximately 400 km wide, 200 m deep and carried the low salinity Equatorial
Surface Water. The isopycnals tilted down on approaching the coast. Near the
northern end of the coast, at about 22 N, the flow was restricted mainly to the vicinity
of the continental slope. The current here was a narrow (100 km), 400 m deep jet with
transport of about 7 x 106m3/s. Along most of the coastline a southward moving
undercurrent was inferred from the distribution of salinity, temperature and dynamic
topography. It appears that the ship-drifts in figure 3 do not do justice to the poleward
coastal current, possibly because of two reasons. First, one-degree resolution of the
ship-drift data may be too crude to resolve the current. Second, because ship-drifts
are influenced by winds in addition to currents, the northeast monsoon coastal current,
which moves against winds, might be underestimated. To understand the driving
mechanism of the current, Shetye et al examined the annual cycle of the contribution
of the longshore pressure gradient and that of the winds to the near surface momentum
balance using available climatologies. It was seen that the longhsore pressure gradient
overwhelmed the winds during the northeast monsoon, whereas during the southwest
monsoon the winds dominated. In the Leeuwin Current off western Australia, the
only other known eastern boundary current that flows against local winds, the pressure
gradient dominates the winds throughout the year. The overall structure of the
northeast monsoon coastal current is consistent with that predicted in the analytic
model proposed by McCreary et al (1986) to explain the Leeuwin Current. In the
model a poleward baroclinic pressure gradient is generated by a density gradient
along the coast. The latter is known to exist along the west coast of India mainly
due to increase in salinity from the southern to northern end of the coast.
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Though Shetye et al (1990,1991a) emphasise the role of local forcing - winds during
southwest monsoon and density gradient during northeast monsoon - in driving the
coastal circulation along the west coast of India, in recent numerical experiments
McCreary et al (1993) argue that remote forcing can also have considerable impact
on the coastal currents along this coast. In their numerical experiments the longshore
pressure gradient along the coast during the northeast monsoon resulted from arrival
of Kelvin waves from the Bay of Bengal.
The coast of Oman forms the western boundary of the Arabian Sea. But it does
not exhibit a remotely forced western boundary current. In a synthesis of available
hydrographic data, Brock et al (1992) showed that during the southwest monsoon
the isopleths in the vicinity of the coast shoal in apparent response to the longshore
component of wind stress due to the strong monsoonal jet which dominates the wind
field during this season. The shoaling of isopleths is seen over a distance of 150-300 km
offshore and extends to depths of 200 to 400 m. Not much is known about the Omani
coast during the northeast monsoon. The SST fields derived from satellite-based
sensors (Shenoi et al 1992) suggest that the northeast monsoon coastal current along
the west coast of India may well be turning south along the Omani coast after making
its way westward along the coast of Pakistan. There are at present no field observations
to support this conjecture. Little is known about the annual cycle of circulation along
the coast of Pakistan.

4. Air-sea fluxes and mixed-layer processes
A peculiarity of the annual cycle of SST in the Arabian Sea is the cooling during the
northern summer which coincides with the southwest monsoon. Annual march of
the SST thus shows four phases (Colborn 1976): (1) a warming phase from approxi¬
mately February to May; (2) cooling from May to August; (3) warming from September
to mid-November; and, (4) cooling from mid-November to January. To identify the
processes that control this variability, Shetye (1986) carried out numerical experiments
with a Kraus-Turner mixed-layer model to simulate the annual cycle of SST along
a zonal strip located at 10N. Climatology of air-sea fluxes, of horizontal surface drift,
etc. were used as input to the model. The main conclusion was that over the open-sea
regime surface fluxes of heat and momentum alone simulated reasonably well the
SST variability throughout the year except during the May-August (southwest
monsoon) cooling phase, when the role of horizontal advection was found important
to remove most of the heat gained at the surface during a year. McCreary and Kundu
(1989) developed a numerical model which simulated both the thermal field and the
advective field over the area north of 10 S and west of 75 E. Their solution demonstrated
the importance of coastal upwelling and offshore advection in cooling the western
Arabian Sea and the Somali Basin during the southwest monsoon. The model results
further suggested that the annual heat and mass budget of the combined area of
Somali Basin and the Arabian Sea are closed by equatorial currents: an equatorial
undercurrent supplies the cool water that is entrained into the upper layer, and a
warm surface equatorial flow transports the entrained water out of the region.
The fact that air-sea heat fluxes dominate the thermodynamics of the surface layer
in the Arabian Sea makes it important that we know the variability of these fluxes.
An excellent summary of climatologies of the variables which influence evolution of
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mixed-layer depth and SST in the N. Indian Ocean has been given by Rao et al
(1989). They also described monthly mixed layer depth, SST and surface current
climatologies.
In a recent study Bauer etal( 1991) have shown how air-fluxes of heat and momentum
can together lead to a peculiarity of the Arabian Sea thermal field: during the south¬
west monsoon the depth of mixed-layer in the Arabian Sea varies with latitude with
shallowest depths occurring under the region of maximum winds and the maximum
depths to the south. By examining the influence of northeast 1986,1987 and southwest
1987 monsoon on surface layers of the Arabian Sea, Bauer et al showed that this
feature can be linked to the Ekman flow induced by the wind stress. To the north
of the monsoon jet the Ekman flow is such that there is a net divergence of transport.
As a result, the fluid below the seasonal thermocline upwells, thus suppressing
development of mixed-layer. Convergence of Ekman transport in the area south of
the wind maximum deepens the seasonal thermocline leading to warmer temperatures.
The important result here is that, consistent with the conclusions of Hastenrath and
Greischar (1991), structure of the near surface velocity and thermal fields in the
Arabian Sea can be understood using simple ideas of wind-driven Ekman flow and
slab-mixed-layers.

5. Water masses
Annual precipitation over the Arabian Sea varies from less than 0T m in the northern
and western parts to 2 m in the southern part. The south-eastern part of the sea is
in contact with the Bay of Bengal and the eastern equatorial Indian Ocean where
precipitation is about 2 m/year. Average annual evaporation over the Arabian Sea
is uniform, about l-5m. As a result, the Arabian Sea as a whole loses water to the
atmosphere and a distinct gradient exists in the field of precipitation minus evaporation.
The western and northern parts lose, on average, more than 10m annually. Only
the southeastern corner gains water. This gradient in precipitation minus evaporation
leads to a gradient in surface salinity with higher salinity in the north. During the
northeast monsoon continental winds cool the surface of the northern Arabian Sea,
most notably its north-eastern corner. The net result of the high salinity and the
northeast monsoon cooling is formation of water that has oe in the range 24-25.
This is higher than surface densities found anywhere else in the N. Indian Ocean
except the mediterranean basins. The high salinity water that forms at surface in the
N. Arabian Sea has been called the Arabian Sea High Salinity Water (ASHSW). High
precipitation in the southern and eastern parts of the N. Indian Ocean, on the other
hand, leads to formation of the Equatorial Surface Water (Darbyshire 1967) which
is generally found in upper 50-75 m and in which salinity increases with depth. This
water moves into the Arabian Sea during the northeast monsoon either with the
surface drift over open-sea or with the current along the coast of India. On confluence
of the high salinity water of northern origin and low salinity water of southern origin,
the former sinks below the latter, leading to formation of a sub-surface salinity
maximum which marks the core of the ASHSW (Rochford 1964).
A horizontal salinity gradient is also found at subsurface depths in the Arabian
Sea due to the influence of two mediterranean basins, the Persian Gulf and the Red
Sea. Average depth of the Persian Gulf is 25 m and evaporation at surface exceeds
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precipitation by about 2 m annually. This leads to formation of a warm saline water
mass, the Persian Gulf Water (PGW), which flows into the Gulf of Oman at depths
of 25 to 70 m through the straits of Hormuz. In the Gulf of Oman the water sinks
to depths between 200 and 250 m. Spread of this water in the northern Arabian Sea
leads to formation of a salinity maximum which is found between 200 and 400 m
with deeper depths to the south. In the Red Sea too evaporation exceeds precipitation
by over 2 m/year. The resulting Red Sea Water (RSW) flows over the 110 m sill at
the Strait of Bab el Mandeb to enter the Gulf of Aden at 36ppt and 15°C (Pickard
and Emery 1982). Spread of this water in the Arabian Sea leads to a salinity maximum.
The northern extent of this maximum is marked approximately by 18N, and its depth
changes from about 500 m in the north to about 800 m near the equator. Figures 7(a-c)
show the regions where the three maxima (ASHSW, PGW and RSW) are found and
the salinities at these maxima. The annual files of Levitus (1982) atlas have been used
to prepare these figures.
The water mass between about 100 and 800 m depth in the western equatorial
N. Indian Ocean has often been called the Indian Ocean Equatorial Water (Sverdrup
et al 1942). It is formed from mixture of the Indian Central Water and the Australasian
Mediterranean Water, both of which form south of the equator (You and Tomczak
1993). Characteristics of the waters in upper 1000 m in the Arabian Sea are the result
of mixture of the ASHSW, PGW and RSW, the three waters that form in the Arabian
Sea, with the Indian Ocean Equatorial Water. In addition, the Equatorial Surface
Water is often found at the surface.
According to the scheme for circulation of deep and bottom waters put forth by
Warren (see section 3.2), the bottom water of the Arabian Sea is derived from south
of the equator. At 4000 m in the Arabian Sea salinity varies between 34-730-34.737 ppt,
and potential temperature between 1090-1*330°C. At 2500 m, mid-depth of the Indian
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Figure 7. Distribution of salinity (ppt) in the maximum due to (a) Arabian Sea High Salinity
Water; (b) Persian Gulf Water; and, (c) Red Sea Water. A dot at a location implies that the
maximum is found at the location. The annual mean data file on temperature and salinity
from Levitus (1982) atlas was used to prepare the figures.
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Potential temperature-salinity curves using Levitus (1982) annual mean data
from a few locations in the Arabian Sea. A: 4-5 N 74-5 E; B: 5-5 N 65-5 E; C: 13-5 N 49-5 E;
D: 14-5 N 65-5 E; E: 22-5 N 65-5 E; F: 24-5 N 59-5 E. Solid lines are contours of equal potential
density.
Figure 8(a).

Potential temperature-salinity diagram of water masses found in the Arabian
Sea. The ellipses show approximate range of potential temperature and salinity found in
the maxima due to Arabian Sea High Salinity Water (ASHSW), Persian Gulf Water (PGW)
and Red Sea Water (RSW). ESW represents the layer of Equatorial Surface Water in which
salinity increases with depth. The surface and the bottom salinity of this layer can vary
considerably with location. “NIDW” and “bw” show characteristics of, respectively, the
North Indian Deep Water and the water found at depth of about 4000 m in mid-Arabian
Sea. Also shown are contours of equal potential density..
Figure 8(b).

Deep Sea Water layer, 6 and S range is 1-910-2109°C and 34-769-34-783 ppt
respectively (see average properties in the 300-mile squares given in Wyrtki 1971).
As the bottom water upwells in the Arabian Sea, it is transformed - salinity and
temperature increased, dissolved oxygen decreased - into the North Indian Deep
Water (1500-3500 m). Figure 8(a) gives a few examples of 9 — S curves observed in
the Arabian Sea. Figure 8(b) provides a summary of 6 — S signatures of the water
masses that are useful to put into perspective the observed curves.

6. Concluding comments
In conclusion, the dynamics and thermodynamics of the surface layer of the Arabian
Sea are reasonably well understood and can be linked to the annual cycle of air-sea
fluxes due to the monsoons. The more intriguing aspect of the circulation of this Sea
is the subsurface flow. There is some evidence that the annual cycle of Ekman suction
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plays a role in seasonality of these currents, particularly in the western and central
parts of the sea. A new theory that has evolved from the results of recent numerical
experiments (McCreary et al 1993; Potemra et al 1991) is that subsurface reversal of
the currents in eastern Arabian Sea is largely the result of the Rossby waves radiated
by the Kelvin waves propagating along the west coast of India. Arabian Sea, being
a tropical basin which experiences a distinctly time-dependent forcing, is one of the
few regions of the world oceans (possibly, the only other is the Bay of Bengal) where
this mechanism can play a dominant role. Proximity of the N. Indian basin to the
equator makes it possible for westward propagating equatorial Rossby waves to serve
as fast carriers of energy from an eastern boundary to interior of the basin.
Observations are needed to examine this possibility. If found true it would open new
possibilities on how the Arabian Sea and the North Indian Ocean work. Little is
known at present about the deep and the bottom water circulation in the Arabian
Sea, and the ideas developed by Warren (1982) need to be scrutinised with field
data.
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On the coupling of hydrography, phytoplankton, zooplankton,
and settling organic particles offshore in the Arabian Sea
K BANSE
School of Oceanography, WB-10, University of Washington, Seattle, WA 98195, USA

Abstract.

Processes and issues related to the connections between hydrography, plankton,
and the flux of organic carbon to great depth are reviewed for the offshore Arabian Sea
and compared with observations in similar regimes of other seas. The south-north and
west-east gradients and seasonality in the Arabian Sea are emphasized, but generalizations
about the area as a whole are shunned. New data include regional differences in seasonality
of satellite-observed chlorophyll for two years. The rule for the depth dependence of organic
flux is unclear, therefore, this should be the first priority for future investigations. While the
data for supply of organic carbon by settling and demand for the depth interval 200-1,000 m
in the eastern Arabian Sea are in fair agreement, this is not true for the interval between
300 and 400 m. For advancing the understanding of the generation of flux in the upper
layers and the consumption at depth, very much needs to be learned about the biology of
the principal species of zooplankton and nekton. To keep the task manageable, further studies
of flux should focus on only one or two subdivisions of the Arabian Sea.

Keywords.

Budgets; chlorophyll; depth dependence; mesopelagic; organic flux

1. Introduction

This paper sets out from observations of production of organic carbon by phytoplankton
in the upper layers and the sedimentation of a small fraction of this production to
great depths, and discusses processes that connect the two endmembers. In the Arabian
Sea, many of the controlling processes in the upper layers have a strong regional
flavor in their magnitude or their spatial and temporal patterns, owing to the effects
of a monsoonal climate on an ocean basin. In spite of this, however, the processes
as such are decidedly of more than local interest. The settling of organic particles
into, and consumption in, the deep layers are even more of a general character, but,
beyond statistical correlations, are largely unknown in quantitative or predictable
detail anywhere.
The offshore parts of the Arabian Sea, north of the equatorial current system, i.e.,
poleward of about 5°N, will be emphasized, and geographic differences therein noted.
The upwelling off Somalia and the Arabian Peninsula with its great spatial and
temporal variability, however, will be largely neglected, as will be the Laccadive Sea
(Lakshadweep). Abbreviations frequently used are POC, POM, and PON for particulate
organic carbon, matter, and nitrogen, respectively (in analogy, DOC, DOM, and
DON for the dissolved moieties), and PP for the rate of primary production. Biological
terms used for dividing the water column are defined in Appendix A.
To set the stage for the thrust of the paper, consider a conceptual model of a water
column. Photosynthesis takes place in the euphotic zone, which occupies the upper
half or somewhat more of the epipelagial. Much (8/10 to 9/10 in most situations) of
27
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the newly-formed organic matter also is being consumed there by zooplankton and
heterotrophic bacteria, mainly within a day or two, and more is digested at depth
before reaching the deep-sea bed. Only the fraction of the newly-formed organic
matter, including DOM, tha temporarily accumulates in the euphotic zone, as during
phytoplankton blooms, and that which is exported to depth, lead to a net flux of
C02 into the organic pool (and potentially to an influx of the gas from the atmosphere)
and leave dissolved oxygen behind. The partitioning of primary production (net
phytoplankton production, after accounting for the respiration) between fast
consumption and temporary accumulation or export to depth is not a direct function
of the photosynthetic rate, i.e., of the phytoplankton, but depends on the food web,
i.e., it is a function of a community property.
The principal conduit from the upper layers to the bottom is through passive
settling, a physical process. This ever-present removal of particles also slowly strips
the upper layers of the associated plant nutrients. In addition, some nutrients are
lost from the upper layers through migratory animals feeding near the surface, then
metabolizing and excreting at depth. Because of this downward transport, the annual
level of phytoplankton production in the Arabian Sea, as in all stratified water bodies
at low and intermediate latitudes, is incipiently nutrient-limited. Therefore also in
this region, high concentrations of phytoplankton and, hence, of chlorophyll occur
in the mixed layer where and (note:) when new nutrients are made available, which
far offshore is principally from below and effected by physical processes.
For the near future, we strain to understand the fluxes through horizontal planes,
e.g., the sea surface (especially for gases), and the bottom of the mixed layer (especially
for particles), or the sea bed. Note for settling material that the three terms of the
equation,
F = CWS

(1)

(where F, vertical flux; C, concentration; Ws, sinking rate) have not as yet been
measured at the same time and place anywhere in the world’s ocean. At best, two
have been determined and the third one found by the difference. In the far future,
we hope to understand the maintenance of the balance, i.e., the budget of a substance
like organic matter or the concentration of organisms, at depth in a volume that is
imbedded in horizontal gradients of concentrations, in addition to the vertical
gradients. The task will be especially daunting when the continental slope is near or
forms one side of such a volume, since (a) horizontal gradients of properties tend to
be more marked there than far offshore and cannot be neglected, as is often done
in the open sea, and (b) processes on the sea bed need to be taken into account.
Besides the vertical and horizontal spatial aspects, there is a range of temporal
scales for these processes. In this paper, the time scale structuring the treatment of
the upper layers is principally the generation time (the time between cell divisions)
of the phytoplankton. In the middle part of the euphotic zone, the generation time
can be expected to vary between less than one day and a very few days and, usually,
is short also in nutrient-depleted water (see section 3.2). Thus, when studying changes
of phytoplankton concentrations on the scale of days, horizontal processes often can
be neglected because of the small horizontal gradients in the open sea, and a twodimensional model (depth, time) will suffice. The generation time of larger animals,
the size collected by plankton nets, usually is a few weeks, and horizontal advection
may not be negligible at a particular station. At great depths, the relevant time scales

Arabian Sea planktonic processes and organic flux

29

also are several weeks for pulses of sedimentation following phytoplankton blooms.
The principal time scale at depth may extend to seasons or years that are juxtaposed
herein, or to decades or centuries, when climate variability is being considered.

2. Physical processes
This section, which treats hydrography as well as sedimentation, emphasizes the
epipelagial, but points out the close geographical and temporal connection between
events in the upper layers, including biological mechanisms, and sedimentation to
depth. Integration likewise is attempted in the other sections.
Of the vertically acting physical processes, eddy diffusion in the stratified water of
the Arabian Sea is far less efficient in returning nutrients to the euphotic zone than is
advection during upwelling and convection from overturn of the water column by
cooling. Upwelling in the Arabian Sea principally is connected with the SW monsoon
(for the western side see, e.g., Swallow (1984) and Shetye et al 1994 [this volume];
for the eastern side, Shetye et al 1994 [this volume]) . During the SW monsoon
season, two processes seem to lead to vertical advection in the unusually wide nutrientand plankton-rich zone that roughly parallels the coast of the Arabian Peninsula
(Smith and Bottero 1977; Bauer et al 1991). Close to the coast, upwelling and inter¬
section of the pycnocline with the sea surface are caused by the offshore transport
of water to the right of the southwesterly winds (i.e., coastal divergence). Since,
however, the highest wind speeds occur well offshore under the Somali Jet (also called
Findlater Jet) of the atmosphere, which at the height of the SW monsoon flows from
the horn of Africa to northwest India, updoming of the pycnocline from open-sea
divergence plays a major role. The key mechanism is less the wind speeds as such
than its geographic distribution (the gradient of wind speed normal to the direction,
i.e., the curl of the wind stress on the sea surface). Superimposed on those vertical
movements is mechanical mixing that erodes stratification and promotes nutrient
injection into the mixed layer and euphotic zone. Because of the strong horizontal
gradients of properties and appreciable currents in the upwelling region, vertical and
horizontal processes need to be considered for a full understanding of the nutrient
supply at a given locality. In contrast, the nutrient supply to the upper
layers of the eastern and southern Arabian Sea seems to be little affected by the SW
monsoon (hence, so-called oligotrophic conditions largely persist), so that chlorophyll
concentrations and rates of primary production tend to stay low (figure 1, areas 2b
and 2c, also 4a, and section 3-3)
During the NE monsoon, coastal upwelling is absent in the northern and northeastern
Arabian Sea, in spite of the offshore-directed wind (Banse 1968; Shetye et al 1991),
owing to the counter-clockwise coastal current set up by the south-north directed
pressure gradient that principally results from the advection of low-salinity water
from the eastern Indian Ocean. Instead, the low water temperature near the coast is
caused by the cool, dry wind (Banse 1984). North of 20°N in the open sea, this surface
cooling leads to vertical convection that greatly deepens the mixed layer, erodes the
pycnocline, enhances the nutrient supply to the mixed layer, and results in
phytoplankton blooms (figure 1, areas 4b, 4c).
An overview of the geographic differences in seasonality of satellite-observed
phytoplankton pigment in the Arabian Sea is provided in figure 1. While the signal
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Figure 1.

Means of phytoplankton pigment on individual days during largely 10-day
periods in the approximately upper third of the euphotic zone. Based on NASA’s Global
Data Set (Feldman et al 1989; McClain et al 1993) for the NIMBUS-7 Coastal Zone Color
Scanner, processed by D C English as described in Banse and English (1994b, excepting a
different correction for atmospheric ozon), and averaged over the area shown in figure 2,
lower left. The new processing emphasized stringent cloud masks. Squares, November
1978-October 1979; triangles, November 1979-October 1980; bars, one standard deviation.
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was received only from the upper one-third to one-quarter of the euphotic zone,
blooms are restricted principally to periods during and after vertical mixing so that
the near-surface values of phytoplankton pigment tend to be representative for the
entire mixed layer; also at such times, the deep chlorophyll maximum, which is
beyond the reach of the satellite, is usually reduced or absent. (The data in figure
1 will be discussed in full in a forthcoming paper by K Banse and D C English).
The effect of the upwelling during the SW monsoon on phytoplankton (chlorophyll)
in the mixed layer of the northwestern Arabian Sea is treated in detail by Brock et al
(1991) and Brock and McClain (1992), who also demonstrate differences between
the geographic distributions and levels of pigment averaged for the early and later
monsoon periods, including interannual variability, during 1979-1982. For the early
part of the SW monsoon season, though, few data were obtained by the satellite
owing to the cloudiness. 1 note that inspection of the raw data from the satellite
suggests that the markedly elevated pigment levels of the season appear offshore well
over a month after the onset of the strong winds of June, although the strong wind
curl is present from June onwards (in 1972 and 1973, Joseph and Pillai 1986; from the
middle of June 1977 onwards, Rao 1987). However, the climatological monthly charts
of mixed-layer depth in Hastenrath and Greischar (1989) and Rao et al (1989) show
that the large temporal change and the sharp horizontal gradients of mixed-layer
depth of the SW monsoon season, offshore from the Arabian Peninsula, is fully
developed only by July, so that, perhaps, the effect of vertical processes on the supply
of nutrients to the mixed layer is delayed (see also section 3.4.). In figure 1 for the
NE monsoon in the north (areas 4b, 4c), differences in pigment levels between the two
winters are appreciable, as might be expected from weather-driven processes, and
are qualitatively relatable to wind speed (Banse and English 1994b, superceding the
statement in Banse and McClain 1986).
The effect of the seasonal, wind-driven changes in the surface layer of the Arabian
Sea on sedimentation at depth was documented for 3-4 years with sediment traps,
one each between 2.8 and 3.1 km at three stations near 15°N, approximately 1 km
above the bottom (Haake et al 1993). The westernmost location is close to the
average position of the Somali Jet during the height of the SW monsoon; the
easternmost station is located in the oligotrophic parts. Yet, among the three locations,
the averaged annual fluxes of both organic C and N range by only a factor of 1.7
(for C, see figure 4a); the existing, scant measurements of rates of primary production
and the chlorophyll concentrations suggest a much larger contrast. Only at the
western site, the flux during the SW monsoon contributes more than half the total
of the year. Again, not only the seasonal, but also the interannual differences, are
marked. A common feature at the three stations is the early rise toward the seasonal
peak of sedimentation in June or July and, usually and similarly, also in October or
November toward the secondary peak.
The onset of high sedimentation so close in time to the beginning of the SW
monsoon and the ensuing phytoplankton bloom shows that (1) high flux is correlated
with blooms, and (2), here also, the principal mode of vertical flux is effected by large,
quickly-settling material but not by individually sinking phytoplankton cells. Both
results may be generalized for the entire Arabian Sea, since they hold also in other
regions (for [1], e.g., Lohrenz et al 1992 off Bermuda; for [2], Deuser 1986 near
Bermuda, the hydrographic setting near Bermuda being similar to that of the
northernmost Arabian Sea with its winter blooms of phytoplankton, Banse 1984).
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The consequence of rapid settling is that offshore, i.e., away from the continental
slopes, the organic particles supplied to the bottom principally reflect the geographic
distribution of the source; the slow current speeds at depth cannot effect much lateral
displacement during settling.
In the Arabian Sea, in the sediment traps deployed near 15°N, CaC03 dominates
over opal on the annual average, and both clearly dominate over organic matter.
However, the particularly strong flux of remainders of coccolithophorids and foraminiferans, relative to that of diatoms, during the first month or so of the SW monsoon
(opal) is conspicuous. The predominance of settling CaC03 over opal early in the
SW monsoon season was explained by Haake et al (1993) by the vertical distribution
of nutrients in the top of the thermocline: First in the season, water rich in nitrate
but poor in silicic acid (silicate) will be drawn into the mixed layer, allowing organisms
that do not require Si to flourish; coccolithophorids are likely to be most important.
Only later, water layers rich also in silicate will be eroded by the physical processes
acting upon the mixed layer, allowing the diatoms with their short generation times
to gain the upper hand in respect to particle flux. The temporal sequence of nitrate
and nitrate-with-silicate supply, similar to that near 15°N, is likely to hold for the
entire Arabian Sea (see hydrographical/chemical data Dietrich et al 1966), but
plankton counts to demonstrate the succession are not available.

3. Planktonic processes in the euphotic zone
3.1 Overview of vertical structure of the euphotic zone
Usually in terms of space and time in the Arabian Sea, i.e., outside the regions and
periods with phytoplankton blooms, the bottom of the euphotic zone (i.e., the
compensation depth, CD; see Appendix A) is deeper than the mixed layer, as in other
subtropical and tropical seas (compare the i-% depths in Krey and Babenerd 1976
with mixed-layer depths in Hastenrath and Greischar 1989 and Rao et al 1989).
During such periods, as first noted by Dugdale (1967), the mixed layer is well-lit but
nutrient-depleted. The rate of phytoplankton cell division is controlled by the nutrient
availability rather than light, when light inhibition of photosynthesis near the surface
is negligible. Most of the critical nitrogen is provided by zooplankton as ammonium
(some animals excrete urea) and immediately used so that the nutrient concentrations
are very low. Farther down in the euphotic zone where the water column is stratified,
light still suffices for photosynthesis, but nutrient supply is enhanced by zooplankton
grazing and bacterial degradation of the organic matter provided from above, as well
as by eddy diffusion from below; the latter provides the critical nitrogen as nitrate.
To collect the scarce light, phytoplankton tends to exhibit a higher chlorophyll-tocarbon ratio than that of the well-lit layer (shade adaptation, which also affects the
photosynthetic apparatus e.g., Steemann Nielsen 1975 and Appendix B). The overall
result of growth in stratified water and shade adaptation of phytoplankton is an
enhanced chlorophyll concentration at depth, the Deep Chlorophyll Maximum
(DCM, herein; SCM of some authors, for Subsurface Chlorophyll Maximum).
Probably in the Arabian Sea, outside of regions and periods with phytoplankton
blooms, the DCM is more important than the oligotrophic mixed layer above for
generating a particle flux (see section 3.3). The DCM vanishes when placed below
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the CD for any length of time by, e.g., changing incident irradiance, reduced
transparency in the layers above, or being moved deeper by hydrographic processes.
At times, in some parts of the offshore Arabian Sea, however, the mean irradiance
within the mixed layer may become so low that it materially affects phytoplankton
division rates. One occurrence is the deepening of the mixed layer over large areas
during the SW monsoon, coupled with dense cloud cover and lowered transparency
from enhanced phytoplankton concentrations (cf. Brock et al 1993; note that their
treatment is cast in terms of the l-% depth, instead of an absolute irradiance, cf.
Appendix A). The second is the deepening of the mixed layer north of 20°N during
the winter, which is coupled with somewhat shorter day length and lowered altitude
of the sun (for in-water data, see Varkey and Kesavadas 1976; for the seasonal cycle
of incident irradiance, see Brock et al 1993, figure 6). In both situations, the CD rises
into the mixed layer, but because of the exponential nature of the decline of irradiance
with depth, the phytoplankton already shortly above the CD accumulates an
appreciable surplus of organic matter. As a result, a net gain of organic matter will
accrue to the average cell in the mixed layer over 24 h.

3.2 Mixed layer - oligotrophia state
In spite of nearly undetectable concentrations of nutrients in the mixed layer in the
Arabian Sea during most of the year, cell division rates of phytoplankton are
appreciable. Rates between 05 and 1*5 d “1 were inferred for areal averages of oligotrophic and eutrophic situations in the Arabian Sea (Banse 1988) and were measured
for the very small (ca. 1 pm diameter) cyanobacteria at 3 stations by Burkill et al
(1993), with the oligotrophic station (sta. 5) yielding the highest instantaneous growth
rates, k, of 1-2d-1 (daily division rates are obtained from k/In2 = k/0693; see Banse
1992 and Malone et al 1993 for oligotrophic regions elsewhere). If not checked by
any losses, the daily increase of phytoplankton from cell division would be of the
order of 100% (with k = 0-7 d “*). Yet for months in most areas in figure 1, chlorophyll
concentrations do not change with time when variability over a few days are neglected.
Because the cells are mostly small and often motile, daily losses due to sinking can
be expected at most to be a very few percent per day. In view of the likewise minor
physical removal of cells by vertical processes (the small horizontal terms can also
be neglected), phytoplankton cell division principally must be balanced by
zooplankton grazing; signficant (and continuous!) mortality of algae due to viruses
or parasites is not known for the open sea. Thus, the time rate of change of the average
concentration of chlorophyll in the mixed layer [chi] is
d[chi]/dr - [chi] (k-g)~ 0

(2)

where k and g are the instantaneous rates of growth and death (units, day ~x). Therefore,
phytoplankton population dynamics cannot be understood from algal physiology
alone (Banse 1988, 1992; for experimental data on grazing rates from the Arabian
Sea, see Burkill et al 1993).
Because of the small size of the cells, most of the zooplankters grazing on
phytoplankton are expected to be small («0T mm), i.e, for the most part, they must
be protozoans or nauplii of copepods; among major groups with relatively large (mm
to cm) planktonic members, only appendicularians (= larvaceans), salps, and some
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pteropods can efficiently retain very small particles. A consequence of mainly small
organisms being the grazers is that feces, if any, will also be small and, therefore, not
settle out of the mixed layer, but be degraded by bacteria or be re-ingested. This
remineralization, as well as the metabolism of the zooplankton, supplies nutrients
at rates approximately matching the small demand per unit volume and time by the
prevailing low concentrations of phytoplankton, thus maintaining high algal division
rates. The high remineralization rates also prevent a drawdown of C02. Further,
the small animals have growth rates comparable to those of their prey (or higher,
when well-fed, e.g., ciliates) and, therefore, can keep temporal changes of algal
concentrations in check. Thus, a slightly enhanced k (for whatever reason) first, within
days, may lead to higher algal concentrations, this would draw more heavily on the
nutrient supply, and thus, soon lead to renewed scarcity of nutrient, and again lower
k. At the same time, more food will increase the number of grazers, which increases
the amount of water cleared, so that the previous equilibrium is reestablished quickly.
While the rate of change of concentrations of phytoplankton (if any) essentially is
determined by the difference between k and g (equation [2]), it is not clear how the
level of concentrations are set and maintained in the face of these heavy daily losses,
i.e., about half of the standing stock per day at generation times of 1 d. Based on a
steady-state model of the belt of up welling in the eastern equatorial Pacific, Frost and
Franzen (1992, equation [7]) suggest that the concentrations essentially are determined
by traits of the grazers, especially their feeding thresholds, i.e., the food concentrations
at which grazing ceases.
3.3 Stratified part of euphotic zone and deep chlorophyll maximum (DCM)
The principle of conditions of life for phytoplankton below an oligotrophic mixed
layer, when the euphotic zone extends into the pycnocline and leads to the presence
of a DCM, was sketched in section 3T where the potential for generating an enhanced
particle flux was mentioned. The rules for the depths of the peaks of pigment, phyto¬
plankton biomass, photosynthesis, grazing, and fecal pellet production, relative to
each other, were discussed by Longhurst and Harrison (1989). Accordingly, one should
expect that in most of the Arabian Sea, nitrate is measurably increased at the depth
of the DCM peak (Typical Tropical Structure’, TTS, Herbland and Voituriez 1979);
further, during winter in the north, the euphotic zone may be shallower than the
mixed layer so that the DCM would vanish. For the period prior to the SW monsoon,
Brock et al (1993), based on a comparison of the depths of the mixed layer and a
newly-computed l-% depth of irradiance, suggest that a DCM will be present through
almost the entire Arabian Sea and may also develop again during the heating period
following the SW monsoon season. I note, however, where the seasonal thermocline
of the spring subdivides a mixed layer that was already nutrient-depleted, this
pycnocline is not likely to be accompanied by a DCM, as in fact was largely the case
on drift stations in the central Arabian Sea in early May (Jochem et al 1993,
figures 12-14; Pollehne et al 1993a, figures 2-4) and off Pakistan in late May (Jochem
et al 1993, figures 20-23; the very detailed observations by Fasham et al 1985 near
the Azores, an area similar to the northern Arabian Sea). Also, for the same period
in the southeastern Arabian Sea with temporal stability, high irradiance, clear water,
and a deep, but still sufficiently illuminated main thermocline, a separation of the
DCM, from the nitracline below by several ten meters might be discovered, as is
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observed (but as yet unexplained) in the central North Pacific gyre (Hayward 1987;
cf. Longhurst and Harrison 1989, figure 10b, ‘Eastropac - 20S’).
During the SW monsoon in the open Arabian Sea, below and to the northwest of
the path of the Somali Jet, the two-layer (high light-low nutrient vs low light-enhanced
nutrient) euphotic zone will be abolished, and with it the DCM; high nutrients and
chlorophyll now occur in the mixed layer. To the southeast of it, i.e., over perhaps
half of the Arabian Sea north of the equator, more or less oligotrophic conditions
seem to continue (figure 1 and section 2). Accordingly, on a trans-basin section at
10°N during the later part of the SW monsoon (early September 1963), Yentsch (1965)
observed a DCM east of 64°E. The raw chlorophyll data for the cruise (Laird et al
1964), based on coarse filters of 4 fim pore size; values not corrected for phaeopigment,
but multiplied herein by 076, cf. Banse and Anderson 1967) also show a distinct DCM
at the cross-basin section of the same cruise along 5CN east of 60°E (mid-September),
and at two or three stations on the sections at 15° and 20°N (August). On nearly all
stations (including those at 10°N), the chlorophyll content in the mixed layer was
^03 jugl”1, and the locations of the stations almost exactly coincided with surface
phosphate values of^O-3/zM measured on the cruise (McGill 1973, figure 6), i.e.,
with oligotrophic conditions. The locations of stations with a DCM were not related
to the geographical patter n of surface salinity. The same DCM appears in meridional
sections during August 1987 in the central Arabian Sea south of 12°N (Bauer et al
1991; figure 6) and during September 1986 along 67°E from the equator to 20°N
(Mantoura et al 1993; Owens et al 1993). Thus, offshore in the southern and eastern
Arabian Sea during the SW monsoon, the euphotic zone clearly extends below the
mixed layer, in contrast to the calculations by Brock et al (1993).
No generalizations are available for the phytoplankton species in the DCM of the
Arabian Sea. Elsewhere in the DCM of temporally stable subtropical regions, the
species with cells larger than a few micrometers greatly differ from those of the mixed,
well-lit upper layer (Venrick 1988). This was also observed elsewhere by Furuya and
Marumo (1983) and Kimor et al (1987), except that the dinoflagellate species in the
mixed layer and the DCM tended to be similar. The very small species in the DCM
also seem to differ from the assemblage in the upper water (Furuya and Marumo
1983) or, at least, the dominance shifts greatly (Campbell and Vaulot 1993; see
Longhurst and Harrison 1989 for an additional review).
Turning to the maintenance of the DCM, the peaks of phytoplankton biomass and
production rather than of pigment must be the focus in a conceptual framework as
advocated herein that emphasizes the role of grazing and feeding thresholds for
determining phytoplankton concentration. When considering the DCM as a steadystate phenomenon, however, it is not obvious why there may be a biomass maximum
at all, i.e., a sort-of-permaoent bloom. Why does the zooplankton permit it? Perhaps,
steady state may be difficult to attain, since the instantaneous growth rates of the
phytoplankton can be expected to be small (in comparable regions, 0*09-0T5d-1,
Eppley et al 1988; 0T-0.4 d_1, Malone et al 1993), while physical processes like
weather-induced changes of incident irradiance, or periods of enhanced activity of
internal waves (refer to Lande and Yentsch 1988) might also occur on a weekly time
scale.
The lower, stratified part of the euphotic zone with low light, but supplied with
nutrient from below, is believed to be a site of production of large, rapidly-settling
particles (Coale and Bruland 1987; Small et al 1987). For a station in the central
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Arabian Sea in May, Pollehne et al (1993a) suggested from pigment analyses and
microscopy that the DCM was the principal source of material for sediment traps
at 100 m (below the euphotic zone). Further, Brock et al (1993) noted that the flux
of organic material near 15°N at about 3 km (Haake et al 1993) was remarkably high
for the times without blooms of phytoplankton, relative to that of the bloom periods,
and suggested that the DCM would be the principal source of the primary production
feeding this sedimentation. One reason for the DCM being the source of settling
organic material is the greater biomass of larger animals; another reason, which
allows these larger species to function better, is the usual increase in cell size of
phytoplankton in the lower, nutrient-enriched layer, the cells > 1 pm diameter
contributing 5 to 15% (up to 19%) in data from the tropical Pacific (Le Bouteiller
et al 1992, figure 6).
The view of the two-layered euphotic zone and the associated flux pattern has found
other observational support and broad acceptance. However, at Bermuda, a wellstudied site similar to the northern Arabian Sea, a three-year investigation of nitrogen
dynamics (one year with sediment traps) yielded another pattern that is particularly
well documented because of also relying on the nitrogen isotopes in the sinking
material (Altabet 1989). Prior to, and during the presence of the seasonal thermocline,
the upper layer of the euphotic zone generated more settling particulates than the
lower layer, evidently because of destruction of particles in the lower layer; the flux
leaving the euphotic zone appeared to come from both layers. As noted by Altabet
(1989), one reason for the contrast to the observations of Small et al (1987) might
have been differences in food webs (as usual, not measured). Beyond the mentioned
observations by Pollehne et al (1993a), no data are available for the Arabian Sea that
allow guesses where and when either of the two models of the euphotic zone will
hold, the one described by Dugdale (1967), Small et al (1987), and followers, or that
derived by Altabet (1989). The convincing inference by Brock et al (1993) in the
preceding paragraph favors the view of the former group of authors.
Finally, the range of the fraction of primary production in the DCM, relative to the
total in the euphotic zone, is not known for the Arabian Sea. Elsewhere in tropical
and subtropical environments, most values are 1/3 or less (e.g., ^ 20% Venrick 1993,
for the depth below 2 to 6% of incident light; see, however, Appendix B for Brock
et al 1993). The fraction not only will depend on the PP in the DCM, but also on
the ratio of thickness of the upper and lower layers, i.e., the dividing depth chosen by
the investigators. Off Hawaii, by using the 25-% light depth, 50 to nearly 80% of
PP was calculated to occur in the lower layer (Bienfang et al 1984).
3.4 Mixed layer - phytoplankton blooms
As indicated, based on knowledge accumulated elsewhere and the observations by
Haake et al (1992,1993) in the Arabian Sea, sites and periods of phytoplankton blooms
are principal generators of organic material reaching great depths. Also, via the
grazers, the large cells of phytoplankton are much more important for vertical flux
than those of the small species. However, bearing in mind the concept, for oligotrophic
conditions, of a near-steady state of concentrations dominated by small species kept
in check by small zooplankters with about equal growth rates, it is not clear how
any blooms can be produced. For example, for two winter blooms in the northern
Arabian Sea, Banse and McClain (1986) estimated instantaneous rates of increase of
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chlorophyll of 0044 and 0055 d-1 (population doubling rates of 16 and 13 days,
respectively; both estimates from averages over large areas). These rates are about
1/10 of the algal division rates to be expected at this time, and of the to-be-expected
grazing rates. Why did the zooplankton not keep pace? (Actually, as noted by Banse
1988, the rate of population increase in the two blooms represented the difference
between k and g in equation [2]; the algal performance [pmax] may have improved
a little, cf. Platt et al (1992) for spring blooms in the Sargasso Sea - but even so, why
could not the zooplankton add about 005 d“1 to the existing instantaneous grazing
rate of at least 0*35, if not 0-7 d-1, and keep the algae in check?).
The same question about the mechanism (s) leading to marked algal increases
pertains to the blooms elsewhere that are caused by injection of nutrients into a
nutrient-starved upper layer with previously little temporal change of phytoplankton,
e.g., as they occur seasonally in the Sargasso Sea and a few other low-latitude regions:
Blooms there are the regular consequence of physical erosion of the top of the
pycnocline. As briefly discussed and documented with sparse evidence for tropical
and subtropical offshore waters by Banse and English (1994a; section 4.1), the key
may be a shift in species composition toward larger algae. Especially Raimbault et al
(1988) for subtropical and tropical seas, and Riegmann et al (1993) for temperate
waters, showed that the very small phytoplankton does not increase during blooms
beyond a more or less constant, low pigment level, presumably owing to continuing
grazing pressure. The increase of total chlorophyll is principally due to larger cells,
which can be grazed only by larger animals that on account of their size have longer
generation times and cannot increase their grazing potential as fast as would be
needed to check the algal increase. Note that it is these larger animals that produce
large fecal pellets, thus being one mechanism that connects periods of blooms with
enhanced sedimentation. For the northwestern and central Arabian Sea, though,
replotted measurements of size-fractioned production rates and chlorophyll (from
Jochem et al 1993; table 1, figure 10) do not shew a consistent pattern toward a
larger role of large cells when approaching bloom conditions. I wonder whether
suitable data from Soviet expeditions to the Arabian Sea are available.
An injection of nutrients is the necessary condition for initiation of blooms of larger
algal cells, since they tend to require higher nutrient concentrations for growth (cf.
half-saturation constants estimated by Moloney and Field 1991, figure 2). In addition
to N, P, and Si, Fe also may be at issue, which is principally supplied in aeolian dust.
Although iron is continually recycled in the euphotic zone (Hutchins et al 1993), an
enhanced supply results in accelerated growth of large cells in oligotrophic water
(e.g., DiTullio et al 1993). Aside from the size-selective grazing pressure subsequently
coming into play, vitamin requirements also may affect species composition in blooms
of diatoms in the mixed layer, as observed off Bermuda (Menzel and Spaeth 1961;
Swift 1980). Further, vitamins were crucial for mass development of diatoms in the
thermocline below oligotrophic Mediterranean surface water (Fiala 1982). Finally,
inoculation of the upper layers may result from physical erosion of the DCM (Venrick
1993).
Returning to the Arabian Sea, it is not clear why diatom frustules are absent in recent
sediments in the eastern parts (Burckle 1989), even though the sediment traps near
15°N by Haake et al (1993) record an appreciable opal flux also at the central and
eastern sites (in the annual average, one-third to one-quarter that at the western site).
It would be useful to compare species occurrences in mixed-layer blooms, in the
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DCM, and in traps with the benthic assemblage (s), where also differential dissolution
of frustules may come into play.
3*5 Larger zooplankton and nekton
As indicated in section 3*2, most zooplankton species in stratified warm seas like
the Arabian Sea tend to be small, because most of the phytoplankton is small. Also,
the biomass of the smaller size classes of zooplankton tends to be higher than that
of the larger classes (Napp et al 1993). This trend, coupled with the higher metabolism
per unit weight of small animals (and, hence, higher daily food demand, but also
higher weight-specific growth rates) leads to the large impact of the small zooplankton
on the economy of the upper layers. Yet, the larger zooplankters play at least five
important roles: The suspension feeders among them can handle the larger phyto¬
plankton cells and colonies of small-celled species, common during blooms; they
produce large fecal pellets; they control the populations of small zooplankton; they
graze on aggregates formed in the euphotic zone (see next section); and they are large
enough to be fed upon by fishes that also produce large fecal material.
Herein, animals > 0-2-0-3 mm in body length are regarded as the larger zooplankton’
because they were collected by most of the plankton nets used in the Arabian Sea.
Presumably, little seasonality in production of this plankton fraction occurs in the
southeast where the low chlorophyll-small cell milieu appears to prevail nearly yearround (figure 1; note that area 2 only begins at 10°N; figure 2). One extended period
of development should occur in the western and central Arabian Sea during the SW
monsoon, but two periods (connected with the SW and NE monsoons) of enhanced
zooplankton biomass in the north. In view of the interannual differences of phyto¬
plankton pigment concentrations, especially during the NE monsoon in the north
(areas 4b, 4c and Banse and English 1994b), marked interannual variability of animal
concentrations can be expected.
These inferences cannot be tested with existing data, because of inadequate seasonal
sampling (figure 2; cf. new observations in Mathew et al 1990 and Goswami et al
1992 for the eastern Arabian Sea, which mainly were not grouped for addressing the
issue and, remarkably, suggest extremely low values for the SW monsoon season
(Goswami et al 1992, figure 2)). For the present in figure 2, it is not clear how much
of the large variability within seasons within each of the three areas is due to sampling
variability, geographic differences within areas, or interannual variability. Many more
collections, however, exist, owing to the numerous Soviet expeditions to the Arabian
Sea that subsequent to the collections on which figure 2 is based took vertically divided
hauls within the epipelagial and provided much biological information by detailed
counting, identification, and conversion to biomass. These results are largely unknown
to the English-writing parts of the world. (For newer collections with superior depth
resolution in the subtropical and tropical eastern Pacific, see Longhurst 1985; Sameoto
1986). Yet, even with only figure 2 in hand, it is safe to assume that both the regional
differences in seasonality and the interannual variability of zooplankton collected by
nets will be reflected in the spatial and temporal patterns, as well as the cumulative
amounts of particle fluxes, so that it is not advisable to generalize the results of Haake
et al (1992, 1993) over the entire Arabian Sea.
Note for areas with marked seasonal changes in biomass of larger zooplankton
species that also the mean size composition will change owing to the shifting ratios
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Figure 2.

Zooplankton volumes (ml; left-hand) and number of copepod specimens
(right-hand) per haul (200m to surface, units essentially per 200m~3 or lm'2) on month
of the year, from IIOE collection with Indian Ocean Standard Net (0-3 mm mesh size) at
stations of >200m bottom depth in areas 2-4 of Colborn (1975; see lower left-hand of
figure). Median values for day and night do not differ so that time of collection is neglected.
Data from Brinton and Tranter (1969).

of larvae, juveniles, and adults. The change in zooplankton numbers and mean size
will cause a similar shift in numbers and size of the fecal pellets generated (Uye and
Kaname 1994), although only some of the larger pellets may reach deeper layers. For a
population with all age groups of a medium-sized suspension-feeding copepod in a
35-m deep mixed layer at 20°C, Hofmann et al (1981) calculated that nauplii and
adults would on the average produce 50 and 13% of the total pellet mass, but
contribute 4 and 63% respectively, of the flux at 35 m depth; observed rates of
production and microbial degradation, sinking velocity of pellets, and grazing by the
copepods themselves on the pellets (sinking and grazing dependent on pellet size), as
well as animal growth, were considered.
Finally, from extension of equation (2), it is clear that a full understanding of the
population dynamics of net-collected zooplankton cannot be had without studies of
the predators, many of which are nektonic (i.e., determine their geographic position
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by their own motions, in contrast to plankton). In the Arabian Sea, the vertically
migrating, mesopelagic myctophid fishes should be a major object of this research
because of their unusally large biomass (Banse 1984) and likely importance as
consumers of copepods (Kinzer et al 1993). Note that out of 27 fish otoliths
in 2 sediment cores taken near Madagascar, 5 were unidentifiable, but the others
were of myctophid species (Martini 1974). Among their predators, in turn, squids seem
to play a major role.
Addressing the vertical particulate flux due to nekton, only a small fraction of
primary production can reach such animals, since they are removed from the
phytoplankton by several steps in the food web; moreover, as carnivores, their
assimilation efficiency is higher than that of suspension-feeding zooplankton, further
reducing their output of undigested material. However, the feces are large, and some
of the myctophids’ feces are voided at depth, after the fish left the upper layers toward
morning. These large particles, until fragmented and/or eaten, will sink very fast and
contribute unproportionately heavily to total organic flux. Finally, the large
concentrations of mesopelagic fish are apparently found only in the western and
north-western third, or so, of the Arabian Sea. That, as well as the restriction of tunas
(one level higher up in the food web) to the central and southern Arabian Sea (from
catches, Suda 1973) are further hints that it is unwise to generalize from one
well-studied area to the entire region.
3.6 Marine snow and other aggregates
The paper so far has considered only feces formation as the mechanism of compacting
small particles into potential settling material. Most organic material collected in
traps at intermediate and lower latitudes, however, tends to be other particulates
(Banse 1990, p. 1178; Silver and Gowing 1991). Among the bulk of this essentially
unstructured material, animal products may be of some importance. In addition, in
the euphotic and even in the mesopelagial zone, numerous other large aggregates
occur, some of which, at least, settle rapidly and contribute significantly to vertical
flux. These particles, other than fecal pellets, are called marine snow, regardless of
origin, when the size is above approximately 0-5 mm, i.e., when they are visible to
the naked eye. Large snow particles may be several centimeters long. As reviewed
by Alldredge and Silver (1988; see also Alldredge and Gotschalk 1989a), marine snow
is produced principally by zooplankton (e.g., degraded appendicularian houses) or
by collision and adhesion of smaller particles, many of which are mucoid. The snow
consists of floes of inorganic and, especially, dead organic material, may contain live
particles and fecal pellets that have become passively associated with snow through
collision, and is populated by a microbial, autotrophic community (especially in the
euphotic zone and immediately below), as well as a heterotrophic community. The
concentrations in oligotrophic offshore water generally are« 1 to about 1 1 _1. There
is no natural lower size limit (e.g., 05 mm) for aggregates. They easily enlarge, since
they often collide because of different sizes and, hence, different sinking rates, as well
as due to turbulence; higher shear in the water favors collision. Snow particles, once
collided, are likely to stick together; a mean ratio of 08 of attachment rate/collision
rate was observed for field-collected material by Alldredge and McGillivary (1991).
The shear, naturally present in the water column, generally appears to be insufficient
to break large marine snow into smaller units, except during stormy weather (Alldredge
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et al 1990; see also Riebesell 1992 for data on somewhat more fragile floes). The

destruction, therefore, seems principally biologically caused, i.e., from grazing or
microbial break-down.
Sinking rates of marine snow tend to be several to many ten meters per day
(Alldredge and Silver 1988), but other observations in temperate coastal waters well
saturated with oxygen, during and immediately after phytoplankton blooms, showed
near-neutral buoyanev or even upward-floating when gas bubbles are caught or
develop (Riebesell 1992); obviously, bubbles can form only in the uppermost few
meters. Thus, the residence time of snow in the mixed layer can be long. Similarly,
fecal pellets of large crustaceans (probably euphausiids) that should sink > 100 m d"1
may stay for days in the mixed layer of oligotrophic, warm waters (Alldredge et al
1987) and be partially degraded by microbes after being damaged by grazers (Lampitt
et al 1990). Phytoplankton cells, when colliding, likewise may adhere to each other,
which leads to enhanced sinking velocities. Stickiness of cells may be independent of
nutritional status (two diatom species) or increase drastically upon nutrient depletion
(one species; Ki0rboe et al 1990).
For phytoplankton aggregation, theory is at hand (Hill 1992; Jackson and
Lochmann 1992; Riebesell and Wolf-Gladrow 1992), which, in part, also applies to
other particles. Some points are, that given the same shear, collisions increase with
the square of cell concentrations; collisions and, hence, aggregation, are not a function
of production rates of particles. This dependence leads to a rapid increase of
aggregation with the advance of a bloom and results in a slowing of the rate of
population increase while cell division rates continue to be high because of ample
nutrients (Alldredge and Gotschalk 1989b, off California; Riebesell 1991 a,b for the
North Sea). An important, more recent discovery is the copious amount of transparent
exopolymer particles (TEP, i.e., mucopolysaccharides, IQ-3 — 10”61_1) of OT to
1 mm in size, not visible, that appear during phytoplankton blooms and facilitate
agglutination by enhancing collisions (Passow et al 1994). The TEP appear to be
among the principal agents leading to vertical flux, and induce agglutination of
phytoplankton (and other live particles) well prior to these reaching the critical
concentrations by themselves.

4. Flux and fate of organic matter in deeper layers
4.1 General rules
In principle, the magnitude of the organic flux to depth results from the interaction
of physical processes and the ensuing phytoplankton production rate with the food
web structure. The interaction is not well understood, and the food web structure
and the critical processes within it, as yet, are not predictable with useful accuracy.
Recent equations correlated rates of primary production (PP) and flux (F) of particles
collected in sediment traps at some depth z as

where

z

Fz = 17 PPz'1 + 001 PP

(3)

Fz = 9PPz_1 +0-7PPz“° 5
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equations, F did not increase exponentially with PP (in contrast to the earlier, muchcited correlation by Betzer et al 1984), and both recognized a labile and a more
refractory fraction (first and second right-hand terms, respectively) as leaving the
upper layers. The first right-hand terms in the equations implied that at 1,000 m
depth about 2% and 1%, respectively, of the labile fraction that was present at 0 m
remains (15 and 21% of that at 100 m). Note that the mechanism leading to the
difference between the first right-hand terms, caused by a community property (the
food web), was not addressed by the equations. In view of papers like those by Passow
et al (1994) and the role of zooplankton in particle formation, it seems uncertain that
direct correlation between PP and F can yield predictions of useful accuracy (see
also Williams et al 1989).
Below the upper 100-200 m of the open sea, flux F, but also concentrations of
particles (C) retained by filters and zooplankton caught with nets, tend to decline
with depth (z) according to
(5)
where a and b are the intercept and slope in double-log plots; Martin et al (1987) set
a = F100 (i.e., F at 100 m). The equation recognizes implicitly that there may not be
a reliable correlation between PP and F (see also next section). The coefficient a and
the exponent b in a data set may not stay constant over the entire meso- and bathypelagic depth range (for concentrations, see Banse 1990; also figure 4b herein and
section 4.3). One reason is the refractory material (the second terms in equations 3
and 4), which becomes relatively more important with depth, so that equation (5)
with a constant b would underestimate the POC flux slightly. Another reason for a
and b being depth-dependent is the balance between consumption (removal) and
production (repackaging and voiding as feces in the same size range, or abiotic
aggregation by collision) of particles, that may change owing to the form of depth
dependence of the zooplankton concentrations (figure 4b). Reworking and
repackaging by the organisms, accompanied by new biosynthesis, are invoked as the
cause of mid-water peaks of total particle flux far from land, as well as of fluxes of
aluminium (principally derived from atmospheric input of clay) and fatty acids (Walsh
et al 1988; Reemtsma et al 1990 for fatty acids in the Arabian Sea) and, without
doubt, affect a large fraction of the flux below the epipelagial.
One of the weaknesses of equation (5) is that the exponent b is biologically
meaningless, i.e., without explanatory power. More suited for research into cause and
effect than equation (5) is the exponential formulation,
(6)
(likewise for F), where the subscript x refers to a depth smaller than z, and
n is a strongly depth-dependent exponent, so that a semi-log plot linear in z yields a
curve. This exponent can be understood as the ratio of D/Ws, where D is the instantaneous
rate of decay and Ws is the sinking rate, both with the same units of time (Banse 1990).
These variables, at least in principle, are amenable to experiment and measurement,
but note that at any depth, particles are found with ranges of each D and Wsi both
of which will change upon the particles sinking and being degraded further. Presently,
the use of equation (5) dominates the evaluation of observations of vertical flux.
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4.2 Carbon flux from the euphotic zone to the mesopelagial
First, flux measured a few ten meters below the euphotic zone will be discussed. For
a site close to Oman and one in the central Arabian Sea (both ^ 2,000 m deep), daily
photosynthesis (PP) is compared in figure 3 with daily organic sedimentation (F) into
traps drifting at 80 m (Oman, figure 3a) and 100 m (Central, figure 3b), both deployed
in the main pycnocline and 15-20 m below euphotic zones that exhibited a pronounced
two-layer structure. Both figures demonstrate variability in such measurements, but
figure 3a also illustrates the problems with reproducibility of fluxes into traps of the
same design, drifting close to each other. The main issue, however, is that, especially
off Oman, where the trap(s) moved into positions below hydrographically (and, hence,
biologically) different water masses, photosynthesis on day X was correlated neither
with flux on the same day nor with flux on day X + 1, day X -1- 2, etc.
Assuming, for the sake of discussion, the absence of a quick change of food web
structure or of significant zooplankton patchiness (not measured), the first reason
for the lack of day-by-day correlation of PP and F out of the euphotic zone is that
sedimentation of newly-formed organic matter is not near-instantaneous. Whereas
feces of larger copepods may sink about 100 m d-1, i.e., leave most euphotic zones
within 24 h (see, however, the cited paper by Alldredge et al 1987), feces formed only
a small part of the trap material off Oman (Passow et al 1993), but contributed the
largest fraction in the central Arabian Sea (Pollehne et al 1993a). More slowly settling
material will settle into traps geographically removed from the water of origin. This
effect of relative motion between source and trap normally is worse for anchored
trap arrays.
Second, even if there were perfect steady state and the grazers consumed the entire
primary production of the day so that little live chlorophyll, i.e., cells, were settling
directly, as also observed here, suspension feeders would ingest some of the other
POM so that the flux partially will reflect the size of the inventory of POM in the
euphotic zone, and not just the rate of PP. Thus, for example, at the site off Oman,
sedimentation removed 0-3-7% (median about 2%) of the POC inventory per day
and 0-3-4% (median about 1-2%) of the PON, but 0-2-11% (median about 4%) for Si
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Figure 3. Primary production in euphotic zone (clear bars) and organic carbon flux (shaded
bars) into sediment traps drifting 15-20m below the euphotic zone at a station off Oman
(figure 3a, from Jochem et al 1993, figures 9, 10, and Passow et al 1993, table 2) and in the
central Arabian Sea (figure 3b, from Jochem et al 1993, table 1 and Pollehne et al 1993b,
figure 2). Lines in shaded bars in (a) show the ranges of fluxes into two traps drifting close
to each other on the particular days. Note differing scales on ordinate in (a) and (b).
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(Passow et al 1993, table 2). The POC loss for the second site was approximately
0*7% of the inventory (Pollehne et al 1993b).
Third, the DCM may be the main source of sedimentation in a two-layered euphotic
zone (see section 3-3), as also suggested for the site in the central Arabian Sea by
Pollehne et al (1993a), so that the primary production integrated through the euphotic
zone, as normally done, is not the appropriate measure of correlation. Moreover,
when comparing F with PP toward establishing the rule and using data by a number
of investigators, one must keep in mind that the best trap design, leading to actually
accurate data, is still being debated (see also the difference between identical traps
with and without preservative, squares in figure 4a and other similar results from
the Arabian Sea, B Zeitzschel, unpubl.).
Fourth, and thinking now of comparisons among sites, differences in food webs
are likely to influence, if not determine, the fraction of PP settling out (cf. Murray
et al 1989 for drastically different percentages of exported PP at stations in the eastern
tropical pacific, and Roman et al 1993 for day-to-day changes of zooplankton grazing
rates even at one site off Bermuda).
Turning from the variability within each of figures 3a and 3b to a comparison of
the two, the median PP rates are similar, but the median F values differ by almost
an order of magnitude. Pollehne et al (1993b) related this divergence to the stages of
a temporal sequence, from an unbalanced community, as the aftermath of some
upwelling, to the balanced state where primary production and consumption largely
take place within the euphotic zone. In any case, the divergence, not to be expected
from equation (3) and (4), illustrates the difficulty of using equations such as these
without considering temporal aspects, as noted by S. Honjo (personal communication)
also for empirical correlations like equation (5).
While day-by-day comparisons of PP and F are problematic, as shown, the other
temporal endmember for comparison is the year. Over the course of two consecutive
years off Bermuda, the site comparable to the northern Arabian Sea, 8*4 and 6-4%
respectively, of the POC fixed by primary production sank through the 150 -m horizon,
a few ten meters below the l-% irradiance level (Lohrenz et al 1992; range, 3-14).
The authors noted for their monthly collections that PP integrated to the l-% depth
did not predict POC flux (F) at 150 m, unless the one date per year of a bloom period
was included. With that addition, log PP was correlated with log F with a coefficient
of determination (r2) of only 0*32 ( similarly, Silver and Go wing 1991 off California).
Further, while near Bermuda more material settled during and after blooms, as also
is found commonly elsewhere, the percentage of the primary production was lower
than during oligotrophic conditions, contrary to the expectation from equations (3) or
(4). Lohrenz et al (1992) suggested that the previously reported positive correlation
of PP with the percentage of POC settling may be an artifact from combining ratios
from regions with different food webs.
I consider the unpredictability of F from PP and the inverse relation of PP/F on
PP as the principal results of Lohrenz et al (1992) that are potentially applicable to
the Arabian Sea where the range of PP is larger than off Bermuda. At 15°N in the
Arabian Sea, the small difference (1-7-fold in the three-year average) between the
three sites in annual fluxes at 3 km depth (Haake et al 1992, 1993), in the face of
drastically, and consistently, different physical conditions for phytoplankton
development, suggests strongly that the observations by Lohrenz et al (1992) are
relevant here. Because of the dependence of the export ratio (F/PP, e-ratio, Downs
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in Murray et al 1989) on food web structure, thorough evidence is needed before
general statements should be made about the entire region. Presumably, the only
slight similarity between the geographical pattern and presumptive magnitude
of primary production and the organic carbon in the offshore deep-sea sediment in the
Arabian Sea (Paropkari et al 1992) also is due to foodwebs in the epipelagial and/or
the mesopelagial that determine the particle flux but differ in the various parts. The
content of organic matter in sediments, of course, also reflects its fate and
transformation after arrival on the sea bed (Berger et al 1989).

4.3 Carbon flux in the mesopelagial and bathypelagial
Little is known anywhere about the regularities of decline with depth of POC flux in
the first few hundred meters below the euphotic zone; the situation is not
much better for greater depths. Early on, Martin et al (1987) grouped six subtropical
to tropical east Pacific offshore stations and established a satisfactory correlation of
F with depth between 100 and 2000 m (r2 = 0-81 for a log-transformed equation
[5] as herein; heavy line in figure 4a). The exponent b, however, ranged from — 0-65
to —0-97 (mean, —0-86) among the stations, without a correlation with F100. Since
then, with more data available, the picture has become even less clear. For example,
in some twenty sets from the Bermuda time series station (Lohrenz et al 1992), with
duplicate or triplicate traps per depth on one array, the POC and PON fluxes at
150, 200, 300, and (partially) 400 m often did not decline monotonically with depth
(for the medians of POC flux, see figure 4a). Further, I find for these observations
that there is no statistical difference between the assumption of a linear and an
exponential depth dependence. Also in observations in the central North Pacific gyre,
with up to eight horizons between 100 and 300 m, much irregularity was found,
especially for POC (much less so for PON), including systematic increases of POC
with depth (Downs 1989). Midwater peaks at greater depths and far from land were
mentioned on section 4T.
For the central Arabian Sea during September 1986 and April/May 1987, 84%
and 72%, respectively, of the POC flux leaving the euphotic zone (which already is a
small part of the daily production, as shown) was consumed between 100 and 500 m
(squares and circles in figure 4a). Extrapolating to 1,000 m, only another approximately
50% would disappear in the next 500 m because the material reaching greater depth
on the average becomes more refractory. Note, however, that very fast settling masses
of fresh material from the euphotic zone may directly reach the bathypelagic zone
or even the sea bed at times, e.g., phytoplankton after the temperate spring bloom in
the eastern North Atlantic (Rice et al 1986; see also Silver and Gowing 1991 for trap
data at a station in a subtropical area of upwelling, and the generalization, based on
other evidence, by Anderson and Sarmiento 1994). In any case, more POC appears
to reach the abyssal in the Arabian Sea near 15°N than in the tropical Pacific (compare
filled diamonds C and W and inset with heavy line, figure 4a).
Proceeding to the form of attrition of fluxes in the main part of the mesopelagial
and the abyssopelagial of the Arabian Sea, it is likely that near 15°N, the decline
with depth of POC flux is more gradual than in the Pacific data of Martin et al (1987;
compare open diamonds in main figure and the inset with heavy line, figure 4a).
Elsewhere, of seven principally oceanic, low-latitude time series of trap deployments,
usually with 4 horizons (Honjo et al 1982, 4 series of 61 to 110 d; Dymond and
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Logarithm of carbon flux in the central Arabian Sea and comparable regions

on logarithmic of depth. Main part of figure: Filled symbols, Arabian Sea. Upright triangle,
my estimate for April/May 1987 for central station of Haake et al (1992, 1993); diamonds,
annual means for western (W) and central (C) stations of Haake et al (1993, table 2), with
bars indicating range of means for individual years. Circles, central station (Leg 3b) of
Pollehne et al (1993b; bar at upper symbol, range from their figure 2b). Squares, data by B
Zeitzschel (personal communication) collected in Sept. 1986 over 24-48 h each for stas. 3
and 5 (see Ducklow 1993): filled symbols, live collections; open square, poisoned trap beaker.
Inverted triangles, means for May-October 1986 on central station of Haake et al (1992,
1993; from Reemtsma et al 1990, table 3). Open symbols (except square), North Atlantic
data. Upright triangles, circles, and inverted triangles, pre-bloom, bloom, and post-bloom
periods of the year, respectively, at 34°N, 20°W (from Honjo and Manganini 1993). Upright
and lying crosses, medians of 8 monthly collections, Jan.-Aug. 1989, and 11 monthly
collections. Sept. 1991-Oct. 1992, respectively, off Bermuda (from Bermuda Biol, Sta. 1991,
1993). Heavy line, composite of six subtropical offshore stations in the eastern North Pacific
(Martin et al 1987, figure 5). Before comparing the fluxes reported by various authors, note
that a near-identical design of anchored trap was used by Haake et al (1993); Reemtsma
et al (1990), and Honjo and Manganini (1993), another one by Martin et al (1987) and off
Bermuda, and a drifting type by Pollehne et al (1993b) and Zeitzschel (in Ducklow 1993).
Figure 4(a) inset:

Mean fluxes at the three stations of Haake et al (1992, 1993; from Haake

et al 1992, figure 3). Upright triangles and full lines, western station: Open symbols, Dec.
1986-June 1987 (8 13-d periods), closed symbols, July-Oct. 1987 (8). Circles and broken lines,
central station: Open symbols, mid-Oct. 1986-Feb. 1987 (11), closed symbols (upper left),
May-early Oct. 1986 (10), and (upper right) June-Aug. 1987 (7). Inverted triangles and full
lines, eastern station: Open symbols, Nov.-Dec. 1986 (4), closed symbols, June-Aug. 1987
(10). Heavy line, “C”, and “W” from main part of figure, to guide the eye.
Figure 4(b).

Logarithm of zooplankton wet weight (mesh size, 0 43 mm and somewhat finer)

at ‘Vityaz’ stations in the equatorial and western Arabian Sea on logarithm of depth, with
regression lines. Data from Vinogradov (1962, table 1; 1970, table 20).

Collier 1988, 3 series of 1 y each), only 3 suggest a relation of POC flux similar to
the heavy line in figure 4a. The others range from uniformity with depth (to 3-7 km)
to intermediate increase at 2 km depth. Regarding constituents of POC concentrations,
measured at a number of depth horizons elsewhere in the subtropical and tropical
mesopelagial, those of fine suspended matter, fecal pellets, fecal material, and
zooplankton often do not decline monotonically with depth (Banse 1990).
For the net-collected zooplankton, the break in the heavy line in figure 4b suggests
a change near 1-2 km in the mechanisms maintaining the observed animal biomass,
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which perhaps coincides with (or defines?) the transition from the mesopelagial to the
abyssopelagial. The mechanisms may include a change in species composition,
assimilation efficiency, and, hence, of the ratio of ingestion/defecation, and probably
a change in respiration/unit biomass. For net-collected zooplankton, such breaks in
the zooplankton vs depth curve tend to be the rule (Vinogradov 1970, figure 32 for
the Pacific Ocean). As noted by him, the depth of the change-over becomes larger
with increasing biomass of epipelagic net-collected zooplankton and, presumably,
with higher primary production and vertical organic flux, i.e., it is related to the lower
limit of flux of suitable food needed to sustain the upper community. I imagine that
the depth of transition might vary even within the Arabian Sea for this reason. I
note, also, that the form of depth dependence of zooplankton biomass in the NE
Atlantic differs principally from that in figure 4b in that below about 2-5 km, the
attrition is less steep than in the mesopelagial (Koppelmann and Weikert 1992). In
conclusion, without assured knowledge of the form of depth dependence in the
various abyssopelagic regions, understanding is far away.
To set the gravity-driven POC fluxes observed in the Arabian Sea into perspective,
note that the biomass of mesopelagic fish in a. broad swath along the Arabian
Peninsula, equal to or wider than five degrees of longitude, was estimated to be
near 60gm~2 wet weight (Gj^saeter 1984, median from table 6). These fish daily
perform feeding migrations from several 100 m into the near-surface layers (for the
Arabian Sea, Gj^saeter 1984; Kinzer et al 1993). Converting 10 g wet weight to 0-85 gC
(Childress et al 1990 for Hawaiian species of Benthosema and Diaphus, the mesopelagic
myctophid genera dominant in the northern Arabian Sea) and assuming, without any
basis for this guess, that only every second fish traverses the distance in a given night,
this daily movement of POC vastly exceeds the gravity-driven transport. It still will
exceed where the fish biomass is only 6gm~2 (cf. figure 4a). The consequences of
animal vertical migrations for fluxes of C and N into the mesopelagial have been
discussed in more detail by Longhurst and Harrison (1989) and Longhurst et al (1990).
In conclusion, in view of figure 4a and the present uncertainty about the rate of
primary production in the Arabian Sea (for reasons of temporal and spatial coverage
[cf. figure 1], but also about the accuracy of some of the earlier data), it appears that
even near 15°N, with three or more years of observations at each of three localities,
the form and rate of decay with depth of organic flux is not certain. As long as not
even the rule for the form is reasonably well established (presumably, by deploying
traps at a number of horizons), a quantitative understanding of particulate flux into
deep water is hardly possible. This critique holds also for other seas. As to mechanisms
maintaining the flux, recall that if the distribution with depth of vertical flux greatly
diverges from that of zooplankton biomass (figure 4), very different balances between
supply and demand must be struck by the organism (cf. the model by Tseytlin 1991
for the mesopelagic flux of feces generated by zooplankton and the microscopical
differentiation of contributors to flux, Silver and Gowing 1991).
4.4 Planktonic processes in the mesopelagial
Here, rounded numbers will be presented and generally accepted conversion factors
will not be referenced. In the eastern Arabian Sea near 17°N, between about 200 and
400 m, the particulate protein as retained on Whatman GF/F filters (nominal pore
size, 0-7 pm), comprising bacteria and the small zooplankton present in 10-151 of
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water, is 7-lOmgF1 (Naqvi et al 1993, figure 6). The equivalent dry organic matter
(OM) of 10 to 15mgm“3 contrasts starkly with about 2mgm"3 of OM in the
zooplankton collected by nets in this depth range (figure 4b). From Ducklow (1993,
figures 4 and 5 stas. 3 and 5, in about the same area), the bacterial cell numbers
between 200 and 400 m range between 0-2 and somewhat below 1-0 x 109 cells l-1,
which corresponds to a range of OM between 10 and somewhat below 50mgm~3.
Using the ample measurements between 200 and 300 m at the same two stations
of Ducklow (1993). the bacterial cell numbers at sta. 5 are about 0-8 x 109 cells
l-1, and dividing the corresponding carbon content by the production of about
0-026 mg Cm_3d~1 (from Ducklow 1993, figure 9), a turnover (generation) time of
about 600 days is obtained (about one-half that time for sta. 3). The latter value of
somewhat less than 1 y pertains also for the interval 200-1,000 m at both stations.
Ducklow (1993) emphasized that his estimates of bacterial production are conservative,
i.e., on the low side, on account of the conversion factors; insufficient temperature
control, however, might have led to overestimates by perhaps a factor of two. For
the even more oligotrophic North Pacific central gyre, Cho and Azam (1988) estimated
a mean bacterial turnover time of 65 days between the bottom of the euphotic zone
(110 m) and 1,000 m, largely with the same approaches and conversion factors as used
by Ducklow (1993).
As noted by Simon et al (1992), who obtained a similar result for the mesopelagial
of the Gulf of Alaska, long turnover (generation) time may indicate that the bacteria
are unlikely to respond quickly to seasonal changes in phytoplankton. In view of the
relatively high temperatures in the upper mesopelagial in the Arabian Sea (approximately
12-15°C for the depth range of 200 to 400 m), another important corollary that comes
to mind is that the long turnover time indicates severe substrate limitation of the
bacteria, i.e., the organic matter supply is at a premium. Hoppe et al (1993), based on
North Atlantic data, suggested that the rate of hydrolysis of PON may be the
bottleneck.
By way of comparison, the net-collected zooplankton respires approximately 0-9%
of its bodily carbon per day in the same depth interval and area (Appendix C)
and, thus, is likely to have a shorter turnover time than the bacteria (section 4-5 and
Appendix C). In spite of its low biomass and relatively low carbon consumption,
however, the larger, net-collected zooplankton plays three roles in the mesopelagial
in respect to vertical flux of organic particles: It consumes particles, it forms new
ones by voiding fecal pellets (‘repackaging’), and it generates mucus that again leads
to aggregates. All three processes affect mean size and sinking rates of the bulk
particulate matter.
The zooplankton data in figure 4b were obtained by hauls over large depth intervals
and therefore are of restricted value. Vinogradov et al (1992) reported on the very
marked layering of vaious species, including migratory forms, in the Costa Rica Dome
in the eastern tropical Pacific where, similar to much of the Arabian Sea, a highly
productive euphotic zone overlies a mesopelagial with very low oxygen concentrations.
The observations partly extended down to 2 km, i.e., well into the abyssopelagial.
Because such layering is to be expected for the Arabian Sea, detailed consideration,
including modelling, of population dynamics of mesopelagic species is unlikely to be
profitable here until stratified sampling of zooplankton and nekton with opening¬
closing nets has been performed (cf. Madhupratap and Haridas 1990). Also noteworthy
in the paper by Vinogradov et al (1992) about the Costa Rica Dome is the over-
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whelming contribution by ‘jelly-like’ organisms, i.e., medusae, siphonophores,
ctenophores, and chaetognaths to the wet weight of zooplankton and mesopelagic
fishes. Even on a carbon basis, they accounted for almost 1/5 of the animals. Very
little is known about these groups from the mesopelagial of the Arabian Sea.
From the geographic distribution of mesopelagic zooplankton elsewhere in the
Arabian Sea, it is clear that regional differentiation is appreciable. The principal
English-language paper on the subject (Vinogradov and Voronina 1962), based on
two sections in 1960, especially addressed the role of low oxygen concentrations in
the eastern Arabian Sea on species composition among copepods and biomass of
net-collected zooplankton (see Vinogradov 1962 for biomass below 500 m). Besides
noting species that do not occur at depth at low oxygen concentrations, Vinogradov
and Voronina (1962) illustrated the vertical distribution of two species that only occur
in the epipelagial where they can also live at depth, i.e., outside the region with about
< 1 to 0-25 mil-102 in the oxygen minimum. Further, Vinogradov (1962) showed for
two stations with lower mesopelagic oxygen values, where the biomass in the minimum
is much reduced (observed at 3 stations), that more biomass is collected below the
minimum than at the same horizon on stations outside the region of lowest oxygen
content. Presumably, more food can reach deep water here because of the near-absence
of larger zooplankton at intermediate depths. Note that this much-quoted increase
at depth is evident only in three samples at ‘Vityaz’ sta. 4721 and one at sta. 4718.
A confirmation is desirable for that reason, as well as because of the since-observed
change of oxygen at these depths: Near 67°E, between 1964 and 1976 and 400 and
800 m, the 1- and 0-5-ml i-1 isolines of oxygen moved by several degrees of latitude
to the north (Bordovskiy et al 1981; see also Naqvi 1987).
As stated in section 1, information on flux and concentrations of particulate matter
is necessary for understanding the connection between the surface and the deep
(equation [1]). While some data on flux of organic material are available (see the
previous section), there is almost no information about concentrations of non-living
organic particulates for the mesopelagial of the Arabian Sea. Elsewhere, marine snow
in the mesopelagial seems to be rarer than in the epipelagial. During several dives
at one site in oiigotrophic water in the Bahamas, Aildredge and Youngbluth (1985)
recorded 05 to 4 per m ~3 of aggregates > 3 mm in size between about 100 and 650 m
depth, without a clear decline of concentrations with depth. The paper mentioned
unpublished observations by M J Youngbluth in two other seasons at the same site
when concentrations were about two orders of magnitude higher than the numbers
given above. Elsewhere in the open sea, concentrations of particles > 1 mm size were
between about 0-5 and 2 per liter, again without a marked decline with depth down
to .3-5 km (Asper et al 1992, Panama Basin), and mean concentrations of particles
>0-5 mm were 1-5 per liter (Walsh and Gardner 1992, Gulf of Mexico), with no
marked depth dependence to nearly 1*5 km.
The last-mentioned two studies are among the very few that measured two
parameters of equation (1), i.e., optically assessed concentration and determined flux
from traps. Asper et al (1992), who did not have concentration and flux data fully
matched in time, concluded that many of the meso- and abyssopelagic particles did
not sink fast, if at all, in spite of their size, so that the correlation between particle
abundance and flux is bound to be poor. Per unit volume, fast-settling aggregates
(I may add: and fecal pellets) will be rare although they effect most of the flux, a
conclusion previously stated only by way of contrast between large particles and
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finely-suspended material collected by water bottles. Walsh and Gardner (1992),
however, after noting that the snapshots by the optical method are not easily compared
with time-integrated flux data from a trap (38 d in this case), found a significant
relation between flux and numbers (as well as volume) of large particles for one of
their two observation dates (measured after recovery of the trap) but not for the
pre-deployment date.
Very little is known about the decay rates of fresh settling material (in equation [4])
in the mesopelagial, since most traps are deployed for more than one or two days.
There is profound disagreement even about the principal mechanisms of destruction
of POM (e.g., ingestion by zooplankton, bacterial degradation from within, or
bacterial solubilization and subsequent oxidation of DOC by free-living bacteria and
their predators (cf. references in Banse 1990 and Simon et al 1992).
The abyssopelagial (deeper than 1,000 [750] m) is little known anywhere, except
for plankton collections with taxonomic goals and deployments of sediment traps.
For the Arabian Sea, information reviewed or alluded to previously (see especially
section 4.3 and figure 4) suggests that the mesopelagic processes and rates may not
be extrapolated to greater depths, even when effects of lower temperature, higher
oxygen concentrations, and higher pressure can be accounted for. The species com¬
position of zooplankton differs materially (extrapolated from information elsewhere),
the daily removal and addition of biomass from migratory animals is absent, and
the biomass of the resident population appears to decline with depth differently from
that of the mesopelagial, suggesting different rules.
4-5 Budgets for the mesopelagial
In order to see whether a self-consistent picture of processes is emerging, measurements
will be combined for the area near 65°E, between 8 and 15CN. Steady state will be
assumed. Aside from the oxygen budget, horizontal advection and horizontal and
vertical diffusion will be neglected. The area is not populated by a great mass of
migratory mesopelagic fishes so that only settling material as in figure 4a is considered.
All POC disappearing between two horizons is taken as having been eaten or
converted into DOC, but not partially degraded into small, non-sinking particles.
The carbon demands by zooplankton and bacteria are estimated as in Banse (1990;
see Appendix C, herein, for details and for conversion factors and other assumptions).
Depth range 200 —1,000 m: First, the oxygen advected from the south will be
compared with the supply of POC from settling and the carbon demand by bacteria.
Converting the oxygen supply of 3-2 x 10“9 ml T 1 s~1 at 8 N (Olson et al 1993, p. 680)
into 220mlm~2d~1 for the depth interval yields an equivalent of 82 mg Cm-2 d-1
oxidized. For the same cruise near 8 and 15°N, bacterial production for stas. 3 and
5 of Ducklow (1993, regression lines in figure 9) is estimated from the rates at 100 m
of 60 and 41 mmolCm-3y_\ respectively. The integrated production is 14 and
9mgCm~2d~1, respectively; this implies a bacterial carbon consumption of 46 and
30 mg C m ~ 2 d ~ K For the POC flux during the same month and year, figure 4a (filled
squares, line extrapolated to 1km) suggests the disappearance of 3-5mgCm~2d~ K
In view of the estimated flux at 3 km for the same time (filled triangle, figure 4a), the
value appears to be low, and for a comparison with oxygen consumption, i.e., a
long-term average, the annual flux anyway may be the more appropriate figure. Also,
recall that the mesopelagic bacterial production might not change greatly in response
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to seasonally varying flux of organic particles (section 4-4). Extrapolation from the
median annual flux near 3 km (figure 4a, diamond ‘C’) parallel to the heavy line
suggests a rate of 35 mg POC m~2d_1, but less if the attrition of flux with depth in
the Arabian Sea is less steep (figure 4a, inset).
As a result, the rates of bacterial DOC consumption and of disappearance of
sedimenting POC are considerably lower than the carbon equivalent of oxygen supply,
as they should be, since oxygen is observed also poleward of 8 (15)°N. Only the
higher (annual) rate of POC flux, however, can satisfy the bacterial carbon demand.
As stated below, the larger zooplankton is not a major consumer of POC between
300 and 400 m; since the animal concentrations decline with depth very similarly as
the POC flux (figure 4), the conclusion holds for the integral from 200 to 1,000 m even
when the lower temperature and the likely pressure effect are neglected. The carbon
demand of the small zooplankton is unknown.
Depth range 300-400 m:
The supply of POC by settling particles will be compared
with estimates of the carbon demand by the larger zooplankton as collected in nets,
bacteria, and bacteria with small zooplankton. The temperature between 300 and
400m is 12- 14°C. In a water column of 100m, the net removal of POC by the netcollected zooplankton is 3*6mgm~2d_1 (Appendix C). Since the data for figure 4b
were collected in January-April 1960 (except for sta. 5260 [October]), the demand
is compared first with the reduction of flux within the depth interval for this season,
which during 1987 was about 1*8 mgCm~2d_ \ and less in 1986. Note that the small
zooplankton and bacteria are not yet considered! If, however, the zooplankton is
assumed to be present all year round in the same concentrations, and the mean
annual POC flux in the central (or eastern) Arabian Sea at 3 km depth (diamond C
in figure 4a) is extrapolated as before to the upper mesopelagial, about 8 mgCm_2d_ 1
are at hand.
The bacterial production during September 1986, calculated as above, was 2*8 and
l*8mgCm_2d~1 in the same interval at stations 3 and 5 of Ducklow (1993),
respectively. Using the lower rate because of the mentioned concern about
experimental temperature control, the equivalent carbon consumption is about
6 mg Cm-2 d-1; even this rate may be too high because figure 9 in Ducklow (1993)
indicates the actual data points for the 300- 400-m depth range to be below the
regression line used here for finding the integrated production. Even so, the calculated
value is almost ten times the POC supplied by settling during the same cruise at
these stations, approximately 0*7mgCm~2d_1 (from filled squares, figure 4a). Also
the estimated average sedimentation rate of POC, of about l*6mgCm“2d"\ at the
central or eastern stations of Haake et al (1992, 1993) for this season is inadequate
(extrapolation from filled triangle, figure 4a). Only the annual rate (extrapolated as
before from 3 km) of about 8 mg Cm ~2 d~1 would meet the estimated bacterial need.
Clearly, however, the total demand by bacteria, small zooplankton (see below), and
net-collected animals is not satisfied.
Using a chemical approach to measuring oxygen demand by small organisms, in
effect bacteria and small and medium-sized zooplankton as contained in about 10 1
of sample volume, Naqvi and Shailaja (1993) estimated for the same or slightly
shallower depth range an oxygen consumption of about 20nll-1h~1 (from their
figure 2, where most points fall between 5 and 35nil-1 h_1). This rate equals 29mg
Cm-2 d_1 for a 100-m water column. Even when considering that the authors, in
part, addressed somewhat shallower depths than 300 m, the rate is still much higher
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than the supply of POC inferred from figure 4a. Further, Naqvi et al (1993) estimated
a mean carbon demand for denitrification over the central and eastern Arabian Sea
of 155 mgCm~2d~1 that also is much higher than the probable POC supply in the
relevant interval of approximately 200-500 m (figure 4a). The disagreement would
vanish if a longer renewal time of water had been used for calculating the denitrification
rate from concentrations. As noted by Naqvi (1994 [this volume]), Mantoura et al
(1993), by doing just that (based on Olson et al 1993), calculated a denitrification
rate smaller by 37 -54%, and hence, a lower demand for carbon.
Realizing that the carbon demands for their organisms did not match the POC
flux satisfactorily, both Ducklow (1993) and Naqvi and Shailaja (1993) suggested
sources of organic carbon other than those supplied by settling particles, especially
DOC advected from the side. I note that if DOC is consumed, a horizontal gradient
must exist, as is indicated by Kumar et al (1990). These authors emphasized the western
Arabian Sea, but from their figure 8 (sta. 2; see also the section in their figure 2), very
approximately, 0T to 0-2//moll '1 of DOC seems to vanish over a distance of 10°
of latitude. Over a 100-m water layer, this would approximate 100-250 mg Cm-2. If
a ten-year renewal period is assumed (cf. Olson et al 1993) and no horizontal eddy
diffusion allowed, the daily supply would be minuscule relative to the postulated
demand for the area at issue here; even with a renewal time of about 1 y (cf. Naqvi
1994 [this volume]), the supply would be well below 1 mgCm~2d_1 and not nearly
suffice. Also vertical eddy diffusion will not deliver much DOC, in spite of the large
difference in DOC concentrations between the epipelagial and the deeper layers. The
intermediate salinity maximum, between the bottom of the mixed layer and the depth
range in question, shows how ineffective vertical eddy diffusion is. I wonder whether
chemolithotrophy might make up for some of the missing carbon supply (cf. Karl
et al 1984, pp. 85-86).
There £is no way to judge which of the above estimates of POC flux and demand
or consumption of oxygen is most accurate. Major uncertainties are: the representa¬
tiveness and comparability in space and time of the samples, including the choice of
the POC flux from figure 4a; the time (age) estimates for the oxygen consumption
by Olson et al (1993) and Naqvi and Shailaja (1993) and, hence, of the rates, as
discussed in both papers; the conversion factors for arriving at the bacterial production
(see Ducklow 1993 and Simon et al 1992); and the unknown role of the small
zooplankton. Clearly, all determinations of parameters and rates bear improvement,
an understatement that holds worldwide for these depths.

5. Outlook
In discussing promising avenues for open-sea work in the near future, I presume that
understanding of supply to, and consumption of, organic matter at depth in the
Arabian Sea will not only continue to be interesting by itself, but will illuminate
geographic, seasonal, and long-term (decadal and longer) patterns of oxygen consump¬
tion at depth, as well as impinge on understanding the nitrogen cycle. The latter has
global consequences (Naqvi 1994 [this volume]).
To make real headway in the understanding of processes coupling hydrography,
phytoplankton, zooplankton, and sedimentation in the Arabian Sea in the foreseeable
future, i.e., during the next one or two decades, it will be necessary to focus the effort
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at one or two regions where similar physical processes and species recur, as discussed
by Platt and Sathyendranath 1988 [‘biogeographic regions’]) and SCOR (undated,
presumably 1992).
Next, as shown herein, phytoplankton production may or may not be a predictor
of POC (and PON) flux in the Arabian Sea because of the intervention of the food
web. Without understanding the role of the latter, little predictive ability about flux
can be expected beyond statistical correlations. Conversely, the processes in the food
web and, in particular, those involving the zooplankton and bacterioplankton, cannot
be profitably studied without also considering the phytoplankton. For the latter, some
change of emphasis may be useful, not only in the context of studies of organic flux
or gas (C02) exchange. For example, measurements of daily photosynthetic rates at
a number of depths to obtain the daily production per unit of sea surface should not
be of high priority, because the result at any station depends so much on the
fortuitously encountered chlorophyll concentrations and the weather. Instead, as first
stressed by Steemann Nielsen and Hansen (1961), the physiological parameters of
the photosynthesis vs Irradiance [P vs I] curve need to be determined so that the
day-to-day changes of photosynthesis per unit sea surface can be calculated from
environmental information. These parameters, then, are to be combined with survey
data of chlorophyll concentrations from in situ recorders or satellites as the only
reliable (and practical) way to obtain repeated regional coverage. While satellites
sense pigment only in the upper quarter or third of the euphotic zone, experience
shows that these concentrations are correlated with the pigment at depth in the
euphotic zone (cf. Platt and Sathyendranath 1988). However, since phytoplankton
cell division offshore tends to be more or less balanced by grazing (section 3.2),
investigations of phytoplankton in isolation have little chance to contribute to
understanding the concentrations and their rates of change (Banse 1992). Instead,
phytoplankton should be studied concurrently with zooplankton.
Regarding the zooplankton, the first task is to proceed beyond measurements of
concentrations to process studies. I recognize that the difficulties in arriving at an
understanding of the dependence of zooplankton dynamics on geographic differences
in seasonality of primary production are discouraging in the Arabian Sea, as is true
anywhere in the open ocean. Even the mere listing of the issues would go far beyond
the scope of this paper. For example, basic biological information on dominant
metazoan species, as may be obtained by coastal stations and universities, is needed,
e.g., number of eggs laid by hungry and well-fed females, developmental time of
dominant species in dependence of food and temperature (for both, see Sashina 1985
for the Arabian Sea), etc. Suffice to write that, in my view, the zooplankton is the
challenge of the next 2-3 decades of biological work in the pelagic realm of the sea.
Understanding zooplankton means knowledge of production, i.e., fecundity and
growth, but also of the mortality exerted by larger animals. This, in turn, means
setting aside many, many hours of open-sea ship time during the day, but especially
at night, for trawling. A fish and squids are collected and studied with methods
different from those used by most planktologists, a comprehensive study of the pelagial
in the Arabian Sea nust include oceanographers and fishery biologists at the same
times and places. Their frequent separation from each other, the world over, on an
administrative and often also intellectual basis, is very unfortunate and is not
benefiting either group.
Returning to the understanding of organic flux, here the first task seems to be
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finding the rules governing the loss of POC and PON from the euphotic zone in one
or two of the selected provinces and the rules of attrition of flux at greater depth. As
indicated in section 4.3, the single critical measurement for finding the rule governing
depth dependence is that of fluxes at a number of horizons. Only after that, mechanisms
can be studied with specific questions in minds. There is no substitute for this regional
measurement because of the role of the food webs in leading to and mediating flux.
Because of biogeochemical accidents, as it were, food webs may be peculiar to certain
biogeochemical provinces.
Early on, and prior to major expeditions, it will be efficient to apply mathematical
models to the existing biological data to find out where the major gaps are. Network
analysis (e.g., Ducklow 1991) and inverse analysis (e.g., Jackson and Eldridge 1992)
for planktonic food webs may also prove helpful for putting bounds on rates or
inferring flows among compartments. Mathematical models summarize, as well as
develop, the theory and permit posing rigorous questions that need to be addressed
in the field. They also facilitate acceptance or rejection of a particular theory more
definitively than conceptual models can.
Clearly, the future research considered here addresses the open sea, thus requiring
ships, other major investments, and long-term commitments of resources, as well as
truly cooperative research among colleagues and institutions. Such cooperation is a
difficult task; it requires some leadership, but is facilitated by common scientific goals
that are mutually perceived as such. Again, mathematical models as statements about
our theory may define such goals better than merely conceptual constructs, thereby
inspiring cooperation.
Issues like the broad-scale inquiry into the life processes of dominant species of
zooplankton, however, do not depend on a large research apparatus; opportunities
for decades of fruitful work await investigators at universities on the seashore. In
view of the poor knowledge of tropical marine zooplankton worldwide in respect to
natural history and ecology, such studies, once well-conceived, will be of more than
regional interest. Also, Longhurst and Pauly (1987) have repeatedly made the point
that tropical fish biology and ecology are not warm-water copies of those of North
Sea fishes. Does that hold for tropical plankton communities?
Finally, in spite of all the cooperation and coordination that oceanographic research
demands, there will always be the need for the gifted, industrious individual (generally
not older than middle-aged!) whose ideas tend to be the ones that truly advance the
field.
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APPENDICES
Appendix A: Euphotic zone: Its lower limit, the compensation depth (CD, for 24 h),
is determined by an absolute light requirement of the phytoplankton, not by a
percentage of irradiance incident at the sea surface (e.g., the ‘l-% light depth’) as is still
the current useage. The CD is where an algal cell held for 24 h would photosynthesize
just enough to replace the organic matter lost to respiration during the day and
especially during the night. Thus, there will have been no growth or net flux of 02
into or out of the cell after 24 h. In the open Arabian Sea, the CD is at several ten
to about one hundred meters deep, or slightly deeper. Obviously, since phytoplankton
is always accompanied by zooplankton, the community budget for organic matter
and 02 will be negative at the CD of the phytoplankton. The irradiance at the CD
depends inter alia on the light requirements of the algal species dominant near the
bottom of the euphotic zone. In the offshore Arabian Sea during periods of low
chlorophyll content in the mixed layer above a stratified water column, the CD can
be expected to be well below the l-% light depth and closer to the 0T-% depth.
Conversely, during bloom periods with enhanced extinction coefficients (lowered
transparency), or during winter with deep mixed layers as in the northern Arabian
Sea, the CD might be shallower than the l-% depth. No reliable determinations of
the CD are at hand for the region.
Epipelagial, Mesopelagial, Abyssopelagial: The euphotic zone is imbedded in the
epipelagic zone (or epipelagial). Generally in low-latitude oceans, the transition to the
mesopelagial below is marked by a drastic decline of zooplankton biomass, in places
by orders of magnitude (Longhurst and Harrison 1989), as well as a profound change
in species composition (Madhupratap and Haridas 1990 for the Arabian Sea). The
epipelagial extends well into the upper part of the principal (non-seasonal)
thermocline, but is closely connected with the euphotic zone because of vertical
migrations by animals and an ample supply of organic matter from settling. For the
Arabian Sea, I estimate that the epipelagial reaches to 100-200 m depth, but actual
data may be found in the Soviet literature that draws on numerous divided net hauls
through this zone. Below the epipelagial, between about 200 m and very approximately
1 km, and between about 1 and 4 km (or the sea bed, if shallower), extend the
mesopelagial and abyssopelagial, respectively (see also Vinogradov 1970, p. 247; in
the present paper, the bathypelagial, between the meso- and abyssopelagial, is not
distinguished). The epipelagial and especially the upper mesopelagial are connected
on a daily basis through migratory zooplankton and fishes that feed in the epipelagial
at night. In the epipelagial, these migrators do not contribute numerically but may
matter in terms of biomass. The oxygen minimum of the Arabian Sea occurs in the
mesopelagic depth range.

Appendix B (for section 3.3): In the text it was stated that the Deep Chlorophyll
Maximum (DCM) tends to contribute a small part of the total primary production
in a stratified water column. Brock et al (1993), however, calculated from a model
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for the Arabian Sea that the DCM may contribute up to 10 times the production in
the upper layer, and that the ratio would be about 1 even in the absence of a DCM
(i.e., with vertically uniform pigment distribution). I note that these calculations
assumed a depth-independent, uniform photosynthetic rate per unit of chlorophyll
at light saturation (the so-called pmax), i.e., no shade adaptation. Steemann Nielsen
and Hansen (1959, cited from Steemann Nielsen 1975, p. 73) and Eppley et al (1973),
however, measured an approximately tenfold reduction of pmax for shade-adapted
plankton in tropical and subtropical waters, and, more recently, Platt et al (1992)
also reported a materially lowered pmax at depth in the Sargasso Sea. The low
performance of shade-adapted plankton at the depth of its saturation irradiance is
only partly compensated, still farther down, by a steeper ‘alpha’ (the
initial slope of the Photosynthesis vs Irradiance [P vs I] curve).
Appendix C (for section 4-5): Consumption of dissolved oxygen is converted into
carbon by a modified Redfield ratio of C02/02 of 119/172 (Takahashi et al 1985,
table 5). To estimate the respiratory carbon demand by zoo- and bacterioplankton,

a quotient of C02/02 = 09 is used. The food of the animals is partitioned as in Banse
(1990) into one-quarter each of feces, respiration, DOM, and growth ( = 33% net
growth efficiently). At steady state, all growth will be consumed within the depth
range at issue, so that the food (settling particles) is actually partitioned into one-third
each of feces (which leaves the depth range), respiration, and DOM (the latter utilized
by the bacteria that are consumed by the small zooplankton). The net POC removal
from the water then is twice the respiration. The DOC demand of bacteria is estimated
as 3-3 x production, by taking the growth efficiency (production/assimilation) as 30%
(as in, e.g., Coffin et al 1993, table 1; there is no significance to the difference between
efficiencies of 30 and 33%, as used herein).
The zooplankton (wet weight, 13mgm-3 from figure 4b, heavy line) is assumed
to consist of copepods of a mean length of 3 mm (to the end of the caudal rami; cf.
Roe 1972 for the same depth range near the Canary Is.). Neglecting other animals
enhances the total dry weight by the omission of, e.g., the more watery chaetognaths,
and increases the weight-specific respiration by neglecting the larger decapods, but
then, the small zooplankton is entirely omitted. Converting 3 mm to standard length
by subtracting 1/3 (Davis and Wiebe 1985) yields 0-6 mg wet weight, and with their
copepod value, 0 05 mg C per specimen. For the respiration, Childress (1975) found
that animals from the subtropical part of the east Pacific oxygen minimum layer
regulate oxygen consumption well; also pressure does not affect the rates to any
extent for the depth range of interest. Thus, I use Childress’ (1975) weight-dependent
respiration equation for 5-6°C, but double the rates because of the higher temperature
at issue. The resulting 0 054 p\ hr -1 per animal is twice the rate obtained from Ikeda’s
(1974) equation (4) for 13°C, but fits the trend of decline with depth in Smith (1982).
For the depth range at issue, the 25 animals perm-3 respire about 30/zlm-3d-1 02
or 18^gCm-3d-1. The rate equals a carbon consumption of 0-9% of bodily carbon
per day. As stated, the net POC removal from the water is twice the respiration, i.e.,
36/^gCm-3d-1.
The bacterial production in section 4-5 is estimated by integration from Ducklow
(1993, figure 9, straight lines). According to a personal communication from
Dr. H W Ducklow, the rates and BP100 in his table 2 were erroneously reported,
but the values for m are correct.
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A model study of seasonal mixed-layer primary production in the
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We combined a surface irradiance model with a non-spectral photosynthesisirradiance model to estimate the daily, average rate of mixed-layer primary production in
the Arabian Sea for the 15th day of months at the end of the northeast monsoon, the
southwest monsoon, and the fall and spring inter-monsoons. Our model experiment uses
climatologies of cloud cover, mixed-layer thickness, and satellite ocean-color observations
of phytoplankton biomass.
Modelled surface radiation is at an annual maximum in May beneath nearly cloud-free
skies just prior to the summer solstice. The model estimate of surface radiation diminishes
through the southwest monsoon over most of the northern Arabian Sea to an annual
minimum in August due to intense cloudiness.
In agreement with previous ship-based measurements, the photosynthesis-irradiance model
predicts that the mixed-layer primary production in the Arabian Sea is extremely seasonal,
and peaks annually during the southwest monsoon to the north-west of the atmospheric
Findlater Jet and along the coast of Somalia. Northern Arabian Sea maxima predicted for
both the summer and winter monsoons are separated by periods of low mixed-layer primary
production, the fall and spring inter-monsoons. The annual cycles of modelled mixed-layer
primary production differ by region in the Arabian Sea due to varying monsoon influence
and circulation dynamics.
Abstract.
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1. Introduction
The monsoon climate of the north-western Indian Ocean, or Arabian Sea, drives a
striking semi-annual reversal of surface currents, one of the world’s foremost examples
of wind-driven ocean circulation (Wyrtki 1973). Forced by surface low-level south¬
easterly from the southern hemisphere in June through September, the vigorous and
deep anticyclonic circulation of the southwest monsoon is typically at peak strength
in July and August (Wyrtki 1973; Schott 1983; Swallow 1984; Luther et al 1985).
The northeast monsoon, generally from December through February, is marked by
a westward flow in the Arabian Sea that collapses with the onset of spring. During
the periods of wind transition, the fall and spring inter-monsoons, surface currents
dissipate and the shallow hydrography approaches that of an unperturbed tropical
ocean (Babenerd and Krey 1974; Hastenrath and Greischar 1989; Brock et al 1993).
Intense seasonal variations in primary production have been observed in the
Arabian Sea (Ryther et al 1966; Kabanova 1968; Radhakrishna et al 1978; Smith
1984). The primary production in the basin peaks during the southwest monsoon
due to upwelling that yields high concentrations of nutrients at shallow depths within
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the euphotic zone (Ryther and Menzel 1965; Ryther et al 1966; Kuz’menko 1977).
Primary production has been observed to exceed 1000 mg Cm ~2 d"1 during the
southwest monsoon and 500mgCm“2d_1 during the northeast monsoon over most
of the northern Arabian Sea (Kabanova 1968). Extremes in primary production
observed for the monsoons alternate with oligotrophic transition seasons in fall and
spring (Babenerd and Krey 1974; Krey and Babenerd 1976).
The purpose of this paper is to use surface light and photosynthesis-irradiance
models to estimate seasonal changes in the mixed-layer primary production of the
Arabian Sea. The objectives are to: (1) assess monthly mean surface shortwave
radiation, (2) estimate the primary production of the mixed-layer for months that
represent the four seasons of the Arabian Sea, and thereby (3) account for the peaks
in primary production observed in ship-based measurements during the monsoons.
Parametrising the most complex primary production models requires description
of the vertical chlorophyll profile, the wavelength and angular structure of the
submarine light field, and a non-linear, spectrally sensitive photosynthesis-light curve
(the P — I curve) (Platt et al 1991). For these complex models, extrapolation of a
local algorithm to basin-scale requires knowledge of the temporal and spatial variation
of these parametres, which could be based on a seasonally-dynamic partitioning of
the basin into biogeochemical provinces (Platt and Sathyendranath 1988).
Given that rigorous biogeochemical classification of the Arabian Sea would be
premature at present, we have allowed certain simplifications to enable an initial
model investigation of the primary production in the Arabian Sea. We have restricted
our model experiment to the mixed-layer, which is assumed to have vertically uniform
phytoplankton biomass, and have ignored spectral dependencies and effects due to
the angular distribution of submarine light. Further, these simplifications allow the
use of a computationally rapid polynomial approximation to the exact solution for
daily integral of photosynthesis (Platt et al 1990; Platt and Sathyendranath 1991).
For highly productive areas of the Arabian Sea undergoing active monsoonal
upwelling, the estimate of mixed-layer production should be close to the total, watercolumn primary production: according to a previous submarine light model
experiment (Brock et al 1993), during such periods the euphotic zone is shallower
than the mixed-layer, which implies that production from below the mixed-layer is
negligible. Thus, in the Arabian Sea, the vertical chlorophyll profile can be assumed
uniform, and depths below that of the mixed-layer may be ignored, for estimating
total, water-column primary production within monsoonal phytoplankton blooms.
Although total primary production is quite low during the inter-monsoon periods
in spring and fall, or during the monsoons outside eutrophic regions, Brock et al
(1993) suggest that in such cases an important fraction of the production comes from
below the mixed-layer. For these situations, a non-uniform vertical chlorophyll profile
that includes a subsurface maximum is required for accurate estimates of total, watercolumn production. Therefore, the computed mixed-layer production during the
inter-monsoons should not be interpreted as water-column production; the latter can
be significantly greater than the former.

2.

Approach

The non-spectral photosynthesis-irradiance model of Platt et al (1990) and Platt and
Sathyendranath (1991) was used to estimate mixed-layer primary production on a
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1° grid over the entire Arabian Sea (0°-28°N, 45°-80°E) for the 15th day of four
months considered to best represent the hydrographic conditions at the close of each
season. These four seasons are the fall inter-monsoon (September - November), the
northeast monsoon (December - February), the spring inter-monsoon (March May), and the southwest monsoon (June - August). Unlike some other definitions of
seasons in the Arabian Sea (Webster 1987; Schott et al 1990), these designations are
based on the mean oceanographic conditions rather than the timing of wind reversals.
We used a polynomial approximation to the analytic solution for the daily rate of
mixed-layer primary production (Pzr;mgCm‘2d_1) as a function of surface
irradiance at local noon (/J;Wm-2) (Platt et al 1990; Platt and Sathyendranath
1991). When there is no photo-inhibition, this approximation has the form of a
truncated polynomial (Platt and Sathyendranath 1991):
X

X

nK )

where
B = Phytoplankton

biomass,

given

as

the

concentration

of chlorophyll-a

(mg Chlm"3),
D — Daylength (h),
PB — Assimilation number, the specific production at saturating light (mgC(mgChl)"1
h'1),
K = Vertical attenuation coefficient for total photosynthetically-active radiation
(m ~1X
Q = Weights for fifth-order polynomial fit (X = 5) to daily production integral
provided by table 2 in Platt et al (1990),
I™ = Maximum surface irradiance at local noon (Wm"2),
Ik = Adaptation parametre of the P — / curve (Ik = P^/<xB, where aB (mg C(mg Chi)"1
h "1 (W m "2)"1) is the initial slope of the P — / curve normalised to biomass), and
M = exp~KZrn is the optical transmittance of a mixed-layer of height Zm
(dimensionless).
The local noon surface irradiance under cloud-free skies was estimated using the
model of Bird (1984). A simple cloud correction was done as in Platt et al (1991)
using monthly cloud climatology prepared by the Max Planck Institute (Wright 1988)
to obtain /”. This procedure was also used to estimate daily average surface shortwave
radiation for comparison with previous climatologies. The Hastenrath and Greischar
(1989) climatology was used to define monthly mixed-layer thickness (Zm), and a
monthly climatology of phytoplankton biomass (B) was generated by averaging the
monthly (Level 3) phytoplankton pigment concentration fields for the overall life of
the CZCS, November 1978 through June 1986 (Feldman et al 1989; Brock et al 1993).
In this implementation, the satellite-observed phytoplankton biomass is assumed to
represent vertically uniform mixed-layer biomass. The vertical attenuation coefficient
(K) was estimated from the chlorophyll concentration assuming Case 1 waters, using
the model results of Sathyendranath and Platt (1988). Thus, the estimates of light
attenuation in these calculations are based on a fully spectral optical model, even
though the photosynthesis-light model used here is non-spectral. Table 1 describes
the data sets used in this study.
Unlike the N. Atlantic, there is very little information available on the photo¬
synthetic parametres PB and aB from the Arabian Sea. In fact, we were obliged to
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Table 1.

Data sets used.

Variable

Observational basis

Comment

Cloudiness

Climatology based on the
COADS data set

Provided by the Max Planck
Institut fur Meteorologie
(Wright 1988).

Mixed-layer phytoplankton
biomass

Coastal Zone Color Scanner
data

Based on monthly average fields
from NASA/GSFC (Feldman
et al 1989).

Mixed-layer depth

Subsurface temperature and
salinity soundings

Based on the Master
Oceanographic Observation
Data Set compiled by the Fleet
Numerical Oceanography Center,
Monterey, CA (Hastenrath and
Greischar 1989).

assign values for these parametres in the preliminary calculations presented here. In
view of our emphasis on the monsoon periods of peak production, these values were
assigned based on an analysis of historical bio-optical profiles acquired in the northern
Arabian Sea during winter and summer periods of eutrophication. With these values
of the P — 1 parametres (a® = 01 mgC(mgChl)-1 h'^Wm'2)"1) and (PBm —
3-0mgC(mgChi)-1 h-1; note that Ik = PB/<xB) the estimated primary production
within monsoonal phytoplankton blooms falls in the range of observed production
values, whereas it over-estimates production during the inter-monsoons. The
dependence of photosynthesis on available light in an oligotrophic mixed-layer is
likely to differ from that for regions of high nutrient fluxes (Platt et al 1992); but in
these initial calculations, we have not made allowances for such changes, mainly due
to lack of data from the Arabian Sea.

3.

Seasonality of light and mixed-layer hydrography

The atmospheric transmittance model implemented here produces an annual cycle
of shortwave radiation that is consistent with previous climatologies (Hastenrath and
Lamb 1979; Hsiung 1986; Molinari et al 1986). The model predicts that, in spite of
the approach of the winter solstice, daily average surface radiation in the photosynthetically active region (400-700 nm) increases through the fall inter-monsoon
over all of the Arabian Sea except near the Gulf of Aden (figure 1). The predicted
surface radiation increases through winter and spring towards the summer solstice.
At the close of the spring inter-monsoon in May, the cloud cover is at the yearly
minimum, and modelled daily, average surface radiation in the wavelength interval
of 400 to 700 nm is at an annual maximum, increasing to the north to exceed
280 Wm-2 in the Gulf of Oman. Increased cloudiness that accompanies the onset
of the southwest monsoon in late May and early June diminishes surface radiation,
particularly in the northeastern Arabian Sea. Here, in August, the model predicts an
annual minimum in daily, average radiation reaching the surface for anywhere in the
Arabian Sea, less than 170Wm-2.

Seasonal mixed-layer primary production in Arabian Sea
Fall Intermonsoon (Nov)

Degrees North Latitude

(a)

Northeost Monsoon (Feb)

Degrees North Lotitude

(b)

Spring Intermonsoon (May)

Degrees North Latitude

(C)

Figure 1.
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Figure 1.

(Continued).
Southwest Monsoon (Aug)

(d)

Degrees East Longitude

Maps depicting the model estimate of daily average surface shortwave radiation
in the photosynthetically active region (400-700 nm) (W m - 2) for the 15th day of four months
representing the close of each of the four seasons of the Arabian Sea.
Figure 1.

High insolation and weak winds (Hastenrath and Greischar 1989) result in a thin,
oligotrophic mixed-layer during inter-monsoons in fall and especially in spring
(Colburn 1975; Banse 1987; Rao et al 1989; Naidu and Rao 1990). In May the mixedlayer in the open Arabian Sea is mostly shoaler than 50 m (Hastenrath and Greischar
1989), and climatological pigment concentrations observed by the CZCS are generally
less than 01 mgm"3 (Feldman et al 1989; Brock et al 1993). Historical vertical profiles
of temperature and phytoplankton pigments (Yentsch 1965; Saijo 1973; Krey and
Babenerd 1976; Karabashev and Solov’yev 1978; Hay et al in press), ship-observed
surface chlorophyll concentrations (Babenerd and Krey 1974; Banse 1987), and mixedlayer depth (Hastenrath and Greischar 1989) and satellite-based phytoplankton
biomass climatologies (Feldman et al 1989; Brock et al 1993) strongly suggest that
in May almost the entire Arabian Sea attains the “Typical Tropical Structure” (TTS),
first described in the eastern tropical Atlantic (Herbland and Voituriez 1977, 1979).
Shoaling of the mixed-layer and a spread of oligotrophy across the basin suggest
that following the close of summer monsoon, the Arabian Sea again approaches the
TTS, although during the fall inter-monsoon this trend is apparently stunted by the
less intense ocean heat gain (Hastenrath and Greischar 1989).
In contrast, both the winter and summer monsoons result in mixed-layer deepening
and regional phytoplankton blooms in the Arabian Sea (Banse and McClain 1986;
Banse 1987; Hastenrath and Greischar 1989; Bauer et al 1991; Brock et al 1991;
Brock and McClain 1992). Blooms in winter are probably due to vertical mixing
caused by wind stirring or convective overturn (Banse and McClain 1986). Upwelling
off the coasts of Somali (Schott 1983; Smith and Codispoti 1980; Smith 1984) and
Oman (Bruce 1974; Smith and Bottero 1977; Swallow 1984; Bauer et al 1991) during
the southwest monsoon yields a phytoplankton bloom (Banse 1987; Bauer et al 1991;
Brock et al 1991) that extends over much of the western Arabian Sea in August. The
portion of this bloom that extends over 700 km seaward of the Omani shelf has been
attributed to upward Ekman pumping driven by strong positive wind stress curl to
the north-west of the Findlater Jet (Findlater 1966) axis (Bauer et al 1991; Brock
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et al 1991; Brock and McClain 1992). Similarly, the deepening of the summer

mixed-layer in the central Arabian Sea has been attributed to convergence in the
Ekman layer caused by negative wind-stress curl south of the Findlater Jet axis
(Naidu and Rao 1990; Bauer et al 1991; McCreary and Kundu 1989; Luther et al 1990).

4.

Seasonality of mixed-layer primary production

The annual cycle of mixed-layer primary production predicted by the model at a site
in the north-western Arabian Sea (14°N, 57°E), the region most strongly influenced
by the monsoons, includes a massive peak for the southwest monsoon (above
1700 mg Cm"2 d~ l) and a secondary maximum for the northeast monsoon (greater
than 300mgCm_2d_1) (figures 2 and 3). Modelled mixed-layer primary production
sharply diminishes during both inter-monsoons, and in spring it is generally less than
100mgCm-2d_1.
The results of Brock et al (1993) on the underwater light field suggest that late in
the winter and summer monsoons the euphotic zone is wholly within the mixed-layer
of the northern Arabian Sea. This enables comparison of our modelled mixed-layer
production to ship-based measurements of total euphotic zone production for the
northern Arabian Sea at the close of both monsoons. Although much variability is

Time series plots of monthly mean daily primary production in the mixed-layer
estimated by the model for sites in a) the southeastern Arabian Sea (2°N, 68°E), b) the Somali
coast region (10°N, 53°E), and c) the northwestern Arabian Sea (14°N, 57°E).
Figure 2.
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(Continued).

August Mixed Layer Primary Production (mg C/m2/d)
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Maps depicting model predictions of daily mixed-layer primary production for
the 15th day of months representing the four seasons of the Arabian Sea.
Figure 3.

apparent, the disparate ship-based in situ and simulated in situ measurements of
integrated euphotic zone production for the northern Arabian Sea in late winter
(Kabanova 1968; Krey 1973) and late summer (Kabanova 1968; Krey 1973; Babenerd
and Krey 1974; Qasim 1977) are in general agreement with our model estimates.
This intensely monsoonal cycle of mixed-layer production changes with location
in the Arabian Sea, and this regional variation may in future form the basis of a
seasonally dynamic biogeochemical classification. In the absence of strong seasonal
wind reversals, the annual cycle of mixed-layer production for much of the Arabian
Sea would resemble that modelled for its perennially oligotrophic south-eastern
portion (figure 2). Here the influence of the monsoons is muted, and the modelled
annual pattern is that of a well-stratified and unperturbed tropical ocean, with mixedlayer production consistently less than 200mgCm~2d-1. The thin and oligotrophic
mixed-layer that persists year-round in the south-east spreads north and west during
the inter-monsoons, and the daily rate of mixed-layer primary production predicted
by the model in mid-November and mid-May is generally less than 300 mg C m ~2 d “1
for all but the northernmost Arabian Sea (figure 2). This low mixed-layer primary
production is consistent with the attributes of the classic TTS studied by Herbland
and Voituriez (1977, 1979) in the eastern tropical Atlantic.
Circulation dynamics are fundamentally different in the southwest monsoon
upwellings off Arabia and East Africa, resulting in a variant of the monsoonal cycle
of modelled mixed-layer primary production along the Somali coast (figures 2 and 3).
Summer upwelling along Somalia is tied to the formation of the swift Somali Current
(Wyrtki 1973; Duing et al 1980; Swallow 1984; Luther et al 1985) and is focused by
large anticyclonic gyres (Brown et al 1980; Smith and Codispoti 1980; Smith 1984).
As a consequence, off Ras Hafun at 10°N, 53°E the summer peak in modelled mixedlayer primary production arrives 1-2 months earlier than the sharper and more
extreme peak off Oman at 14°N, 57°E (figure 2). Note, however, that for the fall and
winter no profound differences exist in the mixed-layer production estimated by the
model for these regions of the western Arabian Sea.

74
5.

John Brock, Shubha Sathyendranath find Trevor Platt

Discussion

In this paper, we have presented preliminary computations of mixed-layer primary
production in the Arabian Sea, for months representative of the four seasons in that
region. These results are by no means meant to be final: our objective was rather to
attempt an initial calculation of primary production in the Arabian Sea at the basin
scale, using information that is currently available. We hope that such a calculation
would help to highlight the weak links, and identify areas where more work is required,
if further improvements are to be made.
In climate-change related studies on primary productivity, it would be necessary
to estimate year-to-year changes in solar radiation at the sea surface. In this work,
we have used a clear-sky model (Bird 1984) combined with a simple cloud correction
to compute the photosynthetically-active radiation and total short-wave radiation at
the sea surface. We have shown that these results are consistent with climatologies
of short-wave radiation that have been published previously (Hastenrath and Lamb
1979; Hsiung 1986; Molinari et al 1986). Recently, Bishop and Rossow (1991) have
shown that satellite-derived cloud information can be successfully used to compute
surface solar radiation at the global scale. It thus appears that this aspect of the
problem is now tractable.
In these calculations, we have based our estimates of the attenuation coeffcient on
a general light transmission model. For large-scale estimates of the type presented
here, we have to rely on satellite data to provide the necessary input, such as
phytoplankton biomass. The next generation of ocean-colour satellites, such as the
SeaWiFS, with better radiometric and spectral resolution should improve satellitederived estimates of biomass, especially in case 2 waters. If regional information on
optical characteristics specific to the Arabian Sea were available, it would be possible
to improve the estimates of attenuation coefficient further by incorporating these
characteristics into models of light transmission.
We know that the computations of primary production are very sensitive to the
values assigned to the P — / parametres. In this work, we have had to assume constant
values for these parametres, for lack of information. This is admittedly an over¬
simplification, and this is one area where there is a definite need for more information.
Even when observations become available, they would have to be extrapolated in
space and time, to match the satellite observations. This would, in turn, call for
additional information on how the dynamics of the upper ocean (mixing, nutrient
supply) affect these characteristics of the phytoplankton population. The extrapolation
schemes would have to respect the natural boundaries in the ocean, which would in
turn require an understanding of the biogeochemical provinces in the area.
These computations have been confined to the mixed layer. To extend the
calculations to the whole wa ter column, we need additional information on the vertical
structure of the water column, with respect to biological and optical properties.
Clearly, this information cannot be obtained directly from satellite data, and would
therefore have to be built from in situ observations and perhaps, models. We have
shown (Brock et al 1993) that this may not be a serious prpblem when the waters
become eutrophic, but it certainly merits attention when the waters become more
oligotrophic.
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Summary

We used the photosynthesis-irradiance model of Platt et al (1990, 1991) to estimate
the average daily rate of mixed-layer primary production in the Arabian Sea for
months at the close of the winter and summer monsoons, and the fall and spring inter¬
monsoons. The model of Bird (1984) was used to estimate irradiance at local noon
in the absence of clouds. The photosynthesis-irradiance model ignores spectral
dependencies and effects due to the angular distribution of submarine light, and uses
climatologies of cloud cover (Wright 1988), mixed-layer thickness (Hastenrath and
Greischar 1989) and satellite ocean color observations of phytoplankton biomass
(Feldman et al 1989; Brock et al 1993). We assumed Case 1 waters, and estimated
the vertical attenuation coefficient from the chlorophyll concentration using a spectral
model of light penetration (Sathyendranath and Platt 1988).
Our model experiment is consistent with earlier ship-based measurements (Ryther
and Menzel 1965; Ryther et al 1966; Kabanova 1968; Krey and Babenerd 1976;
Kuz’menko 1977; Radhakrishna et al 1978; Smith 1984) and wind-driven circulation
models (Luther and O’Brien 1985; Bauer et al 1991) suggesting that the primary
production in the Arabian Sea is extremely seasonal and peaks annually during the
southwest monsoon to the north-west of the atmospheric Findlater Jet and along
the coast of Somalia. Northern Arabian Sea maxima in both observed (Babenerd
and Krey 1974) and modelled mixed layer primary production are separated by
oligotrophic transition periods, the fall and spring inter-monsoons.
Modelled surface radiation in the photosynthetically active region (400-700 nm)
increases through fall, winter, and spring over most of the Arabian Sea to an annual
maximum in May that exceeds 280 W m~2 in the north-west beneath nearly cloud-free
skies just prior to the summer solstice. The model estimate of surface radiation
diminishes at the onset of the southwest monsoon due to an abrupt increase in
cloudiness over the north-central and north-eastern Arabian Sea. Here in August the
model predicts an annual minimum in light reaching the surface for anywhere in the
Arabian Sea, less than 170 Wm“2.
The annual cycles of mixed-layer primary production predicted by the model at
sites off Oman (14°N, 57°E), in the basin’s perennially oligotrophic south-east at 2°N
68°E, and off the Somali coast adjacent to Ras Hafun at 10°N, 53°E differ due to
varying monsoon influence and circulation dynamics. A massive southwest monsoon
peak (greater than 1700 mg Cm-2 d_1) and secondary northeast monsoon peak
separated by periods of low mixed-layer primary production for the inter-monsoons
are modelled for the site off Oman. This site in the north-western Arabian Sea
exemplifies the annual cycle of the most monsoonal portion of the basin.
In contrast, the cycle modelled for 2°N, 68°E is that of an undisturbed tropical
ocean, the Arabian Sea in the absence of monsoons. Here the modelled mixed-layer
primary production is uniform and low year-round, never exceeding 200mgCm_2d_1.
Yet another variant of the paradigmatic monsoonal cycle in mixed-layer primary
production was modelled off the Somali coast. Along East Africa, the formation of
the swift Somali current in spring initiates coastal upwelling prior to the onset of
upward Ekman pumping in the north-west part of the basin. Consequently, off Ras
Hafun the southwest monsoon peak in modelled mixed-layer primary production
arrives 1 to 2 months earlier than the sharper and more extreme peak off Oman at
14°N, 53°E.
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These computations are meant as a first step towards- basin-scale computations of
mixed-layer primary production in the Arabian Sea. We have identified areas where
more work is required, if further improvements are to be made to this type of
calculation.
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Abstract.

We treat the ocean carbon cycle as a coupled physical-biogeochemical process.
The interactions between mixed-layer dynamics and growth of phytoplankton in the layer
are discussed, and the formal relationship between phytoplankton accumulation and new
production is examined. A coupled biological-physical model is presented for studying the
classical spring bloom in the N. Atlantic, and possible differences in the mechanisms that
drive the seasonal phytoplankton blooms in the N. Atlantic and the Arabian Sea are
discussed. Finally, recommendations are made for observational programs to improve our
understanding of the biologically-mediated carbon cycle in the Arabian Sea.

Keywords.

Arabian Sea; new production; phytoplankton; primary production; mixed-layer
dynamics; ocean carbon cycle; marine optics.

1. Introduction
In the ocean, physical, chemical and biological processes are coupled in an intimate
manner. That is to say, the biological and chemical fluxes are, to a considerable
extent, under physical control. But it also implies the possibility, at least, that the
physical dynamics may unfold in a way that depends upon the local fields of biological
and chemical properties. The ocean carbon cycle is the epitome of a coupled, physicalbiogeochemical process. Although some workers would insist on isolating parts of
the coupled system to emphasise their perceived importance, a growing majority
would hold to the view that the best chance to deepen our understanding of the
ocean carbon cycle is to maintain its interactive quality continuously in the foreground.
Evidence for the influence of biological properties on physical dynamics in the
upper ocean has been published (Lewis et al 1983; Simonot et al 1988; Sathyendranath
et al 1991); the presence of phytoplankton modifies the way in which the ocean
absorbs solar radiation and thus affects the thickness and temperature of the surface
mixed layer. To the extent that the biological contribution is seen only as a static
addition to the heating rate, it may be treated in a purely physical manner. However,
if the phytoplankton is allowed to grow, at a rate that depends on the depth and
optical transparency of the mixed layer, the problem becomes a coupled, physicalbiological one.
Simonot et al (1988) have studied the coupled problem over a two-year cycle at
Ocean Weather Station R in the N. E. Atlantic, and shown that phytoplankton have
a significant effect on sea surface temperature (SST) prediction. The coupled problem
has also been treated, in a preliminary way (Platt et al 1994), in the context of the
development of the spring bloom for temperate to high latitudes in the Atlantic Ocean.
79

80

Shubha Sathyendranath and Trevor Platt

This study showed that the presence and growth of phytoplankton in the Spring has
a considerable influence on the evolution of the mixed-layer dynamics. In the Arabian
Sea, however, the treatment has so far been only physical (Sathyendranath et al 1991).
But we know that the Arabian Sea is subject to extreme variations, with respect to
season, in both physical forcing and in concentration of phytoplankton.
In this paper we examine how the coupling between physical and biological
processes can be demonstrated, theoretically, in the Atlantic Ocean. We show also
how this coupling can be described in the language of the oceanic carbon-nitrogen
cycles associated with the biological pump. Finally, we explore whether, given what
is known about the oceanography of the Arabian Sea, the same theory could be
applied there.
2. Physical models for the mixed layer
The depth of the mixed layer is set by the balance of processes that tend to stabilise,
and destabilise, the density structure of the upper ocean. Solar heating tends to
stabilise the density profile; wind-generated turbulence tends to erode it. An important
parameter in the models that describe this balance is the optical attenuation coefficient,
K [L-1]. This quantity has been variously regarded as infinitely large, such that all
the solar input is absorbed at the surface (McCreary and Kundu 1989); to have a
value that is equal to the large- scale climatic average for the ocean (Niiler and Kraus
1977); or to have a value assigned according to the Jerlov water type for the area of
the ocean considered (Caspar 1988).
None of these is really satisfactory, especially for areas that experience large changes
in standing stock of phytoplankton with season. This is because the photosynthetic
pigments contained in phytoplankton exert a strong influence on the optical attenuation
coefficient. Hence in areas subject to significant changes in phytoplankton abundance,
no single optical attenuation coefficient will suffice for the entire year.
Thus, in the Arabian Sea, it was shown (Sathyendranath et al 1991) that the phytoplanktonic component of optical attenuation was variable, and could, on occasion,
account for a contribution to the mixed-layer heating rate of more than three degrees
Celsius per month. This conclusion was reached using synoptic, serial information on
the phytoplankton abundance obtained by remote sensing of ocean colour.
The incentive exists, then, to improve the parameterisation of optical attenuation
coefficient in mixed layer models by making explicit the contribution from phytoplankton.
An analysis of the effect of phytoplankton on mixed-layer depth and temperature in
a standard mixed-layer model has been made (Ravindran 1994). The effect is present
at all times, but is strongest during periods of low winds or when the surface heat
balance is dominated by the solar input.
This analysis is as far as one can go with a purely physical treatment. The next
more complex step is to allow the phytoplankton concentration to wax and wane,
in accordance with observation. That is to say, the analysis should be a coupled,
physical-biological one, and this will be the subject of a later section.
3. Phytoplankton growth in the mixed layer
The mixed layer depth is not a static quantity: at any time it is either shallowing or
deepening. Similarly, the phytoplankton biomass is not a static quantity. It is set by
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a dynamic balance between growth and loss terms that, in general, have non-zero
resultant. The prerequisite for a coupled, physical-biological model of the mixed layer
is to describe how the biomass of the mixed layer changes under these competing
growth and loss processes.
The classical approach to phytoplankton growth in the mixed layer is the theory
of bloom initiation (Sverdrup 1953). Since primary production is a function of available
light, the Sverdrup model treats phytoplankton growth as a function that decreases
with depth. The loss terms, on the other hand, are treated as depth-independent,
since it is assumed that losses are a function of biomass, which is constantly re¬
distributed uniformly within the upper layer due to active mixing. The Sverdrup
theory treats the integrals of the growth term and the loss term from the surface to
the mixed-layer depth. At the heart of the theory is the definition of the critical mixing
depth: it is that mixed-layer depth for which the two integrals equal, such that net
growth in the layer is zero. The condition for growth in the mixed layer can then be
stated in terms of the critical depth: if the actual mixed-layer depth is less than the
critical mixed-layer depth, then the net phytoplankton growth is positive, and
conditions are suitable for the initiation of a bloom.
It has been shown how the magnitude of the growth rate (rather than just its sign)
can be calculated for the mixed layer (Platt et al 1991a). The growth rate r per day
for phytoplankton in the mixed layer (Platt et al 1991a) is given by

r = loge 1

+

nKZm

x

J

In this equation, rj is the dimensionless group rj = P^DI™/x, where PJ is the assimila¬
tion number, D is the day length in hours, /” is the noon irradiance normalised to
the photoadaptation parameter Ik, and % is the carbon-to-chlorophyll ratio. The
notation LB represents the generalized, biomass-specific, loss term and M = e~KZni.
Observe that the growth rate is a function of the dimensionless product KZm,
where Zm is the mixed-layer depth. This is the key to the coupling between the
physical and biological processes affecting Zm. With its aid we can now proceed to
the development of a coupled, physical-biological model for the evolution of mixedlayer depth.
Equation (1) is based on the simplest possible photosynthesis-light model, which
assumes a linear photosynthetic response to total available light in the photosynthetically-active region (400-700 nm). It is not difficult to extend the model to include
non-linear effects and spectral dependence, but the fundamental principles would
remain the same. However, in the interest of clarity, we prefer to use the less complex
model for our preliminary analysis.

4. The biological pump
We now turn to the implications of coupled models for the understanding of the
biological pump. First, we emphasise that the generalised loss term is to be interpreted
in the broadest biogeochemical sense to embrace any process by which the products
of photosynthesis are remineralised or removed from the mixed layer (Platt et al
1991a). It includes the catabolism of the entire pelagic community, and other losses
such as sinking. Note that, in the short term, the difference between the daily production
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in the mixed layer and the daily loss there is an index of the new production in the
mixed layer for that period, provided that the sinking rate, and the zooplankton growth
rate, are both zero (recall that the sinking term is part of the new production, as is
the zooplankton growth term). The generalised loss term itself (actually 24BLBZm/x),
would then be a measure of the regenerated production in the layer, that is of the
production required to sustain the community metabolism in the layer.
Consider the case where the biomass in the mixed layer is increasing. If the net
growth is set as a proportion of the gross daily production, this proportion can be
interpreted as a lower bound on the local /-ratio. We say lower bound because any
sinking of phytoplankton out of the mixed layer or any growth of zooplankton would
increase the /-ratio. We use the term ‘local’ /-ratio to distinguish it from the /-ratio
that would be measured by a bulk-property technique with a characteristic time
constant at the seasonal or annual scale (Platt et al 1989). The local /-ratio is the
one that would be measured by an in vitro method such as the N15-method. The
seasonal-, or annual-, scale ratio may be estimated by averaging the products of the
local / and the corresponding daily production over the period required.
One possible application of the coupled, physical-biological model described above
is as a vehicle to estimate the seasonal-scale /-ratio. That is, we could vary the
percentage of daily production that is assigned to the generalised loss term and
examine the corresponding evolution of the biomass field. We could choose the value
of the local /-ratio for which the simulated biomass field most closely resembles the
observations. The seasonal-scale /-ratio would then be found by extrapolation as
already described.
In making the calculations on the seasonal development of the biomass field, we
have to ensure that the increase in phytoplankton is not unreasonably high relative
to the initial nutrient content of the mixed layer. This is a straightforward computation
given information on the nutrient fields.
During the declining phase of the bloom (losses exceed production), the same
conceptual approach will apply, except that care should be taken to include in the
new production the increase in biomass at higher trophic levels: new production is
net community production in the broadest sense. Note that the local /-ratio cannot
be negative. If, on a particular day the community respiration is greater than the
primary production, it means that the /-ratio is zero. All of the production that day
is being respired, in addition to some accumulated biomass that constitutes new
production from an earlier time. The time scales have to be kept in mind.

5, A coupled model for the classical spring bloom
We illustrate the coupled, physical-biological approach to the mixed layer (Platt et al
1994) with an application for the temperate-subarctic regime of the North Atlantic
Ocean (67°N 10°W).
Monthly, climatological averages of the net flux at the sea surface (algebraic sum
of latent heat, sensible heat, long-wave back radiation and short-wave radiation),
shortwave radiation and frictional wind velocity at the sea surface used in this
calculation are from the Max Planck Institute compilation (Oberhuber 1988) based
on the GOADS data set. These monthly climatological values were fitted with
polynomial functions to interpolate daily changes in the forcing fields (see figure 1).

SW (w/m2)
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Figure 1.

(Continued).

Figure 1. The climatological, monthly-averaged forcing fields from the Max Planck Institute
compilation (Oberhuber 1988), for the location 67°N, 10°W, from February to November.
The climatological values are indicated by asterisks, and the smooth curves are the fitted
polynomial functions, (a) The short-wave radiation, (b) Total surface fluxes, and (c) Frictional
velocity (w*).

The phytoplankton field is allowed to evolve with time. The object of the calculation
is to see how the mixed-layer depth at a given time will compare with that computed
on the assumption that phytoplankton abundance does not change.
Rather than implement equation (1) itself, we used an equivalent expression for
the fractional change S in mixed-layer biomass during one day (refer the expression
for the fractional growth £ in equation (23) of Platt et al 1991a)
2 - 2PBmDIl{\ - M)/(nKXZJ - 24LB/X.

(2)

The motivation for using equation (2) rather than (1) was to allow the biomass
and physical fields to change from day to day as the coupled system evolved.
We set the photosynthesis parameters, conservatively, at PBm = 2 mgC(mgChi) -1 h -1
and otB 0 05 mg C(mg Chi)-1 (W m 2) 1 h -1 (Platt et al 1991b). Recall that Ik — P^/oPThe attenuation coefficient was estimated as a linear function of the phytoplankton
biomass B as described in Platt et al (1991a). To obtain the noon irradiance we
assumed that one half of the short-wave radiation represents photosynthetically-active
radiation, and that it is distributed sinusoidally throughout the day (Platt and
Sathyendranath 1993). The carbon-to-chlorophyll ratio was set at 30 (Platt et al
1991a). The generalised loss term was assigned as a percentage of the daily growth
as described in the following section.
We used an initial biomass of 01 mg Chi m-3 to represent the low winter biomass,

=

Mixed Layer Depth (m)
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Figure 2. Model outputs, for one month of computation, for the station shown in figure 1.
(a) Mixed-layer depth, for values of /-ratio going from 0 to 1, in increments of 01, as a
function of day of year, (b) Difference in computed mixed-layer depth, with reference to the
mixed-layer depth computed assuming no phytoplankton growth (/ = 0), as a function of
day of year. Different plots correspond to different values of /-ratio, from 01 to 1, in
increments of 01. (c) Evolution of biomass with time, again for different values of /-ratio.

but we have verified that the choice could equally well have been ten times smaller
without significant effect on the final results. We applied the Denman (1973) model
for a shallowing mixed layer, as implemented by Shetye (1986), but with one notable
exception: only the photosynthetically-active part of the radiation is considered to
be penetrative. Given the high attenuation coefficient of water outside the visible
range, the UV and near-infrared parts of the short-wave radiation are assumed to
be absorbed at the surface. The model was applied day by day under two broad
conditions: first that the biomass evolve based on equation (2), with the loss terms
expressed as a fraction (1 — /) of the growth term; and second that the biomass stay
constant at its initial value. The computations were initiated when the total flux at
the sea surface became positive, and were stopped after one month of simulated time.
The results we obtained are shown in figure 2, as a function of day of year for
different values of the /-ratio. Recall that / = 0 means that all primary production
is respired immediately, such that net growth is zero and the biomass of phytoplankton
remains constant; / = 1-0 means that respiratory losses are zero and therefore all
production is new production, leading to the maximum rate of biomass accumulation
for the conditions.
The mixed-layer depth is affected in a significant way by the biomass accumulation
(figure 2a). After some 10 days, it can differ by as much as 15 m (or about 25%) from
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the mixed-layer depth expected if the biomass did not change (figure 2b). The biomass
itself will have increased some 40 times during the same period with / = 1 (figure 2c).

6. The mixed layer of the Arabian Sea
The classical theory of Sverdrup seeks to explain the onset of spring blooms in high
latitudes: winter mixing brings nutrients to the surface waters; in Spring, increased
surface irradiance, stratification and shallowing of the mixed layer, all favour increased
phytoplankton growth in the mixed layer. Thus, the spring bloom in the North Atlantic
can be explained as a purely passive, biological manifestation of changing physical
conditions. Although we recognise that the availability of nutrients may affect phyto¬
plankton growth dynamics through changes in the parameters P® and Ik, we could
envisage the occurrence of a bloom even if such changes did not take place.
Before applying the Sverdrup model to the Arabian Sea, we should question whether
the application is justified. The basic premise of the Sverdrup model, that the losses
in the mixed layer should be less than the growth if there is to be an increase in

DAY OF YEAR
Figure 3. Monthly-averaged, climatological values at 9°N, 59°E in the Arabian Sea, of
(a) Surface biomass, based on CZCS data (Feldman et al 1989), (b) Mixed-layer depth from
Hastenrath and Greischar (1989), (c) Short-wave radiation from the Max Planck Institute
compilation (Oberhuber 1988), and (d) Sea-surface temperature based on the COADS data
set (McCreary and Kundu 1989).
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biomass, is so fundamental that it always has to be true. But there are significant
differences in the processes that promote the occurrence of a monsoonal bloom in
the Arabian Sea, compared with the Spring bloom in the N. Atlantic.
By way of example, figure 3 shows the evolution with season (climatic-scale
averages) in various oceanographic properties at 9°N 59°E in the Arabian Sea. Note
that the shallowing and warming of the mixed layer from day of year 1 to 100 is
accompanied not by a phytoplankton bloom, but by a progressive decline in the
phytoplankton biomass.
Subsequently, the onset of the southwest monsoon leads to a steady deepening
and cooling of the mixed layer. At about day 180, the surface shortwave radiation
begins to increase. Around the same time, the biomass of phytoplankton also begins
to increase. With a lag of roughly a month, the mixed layer begins to shallow, and
continues to shallow and warm even after the phytoplankton biomass has started to
decline.
Clearly, these two periods of minima in the mixed-layer depth follow different
dynamics. Certainly, the earlier one does not follow the familiar pattern known for
the temperate North Atlantic. The later one may follow this pattern, but more work
needs to be done before alternative mechanisms can be ruled out. For example, given
that advection is not important (see Brock et al 1991), the occurrence of a bloom
during mixed-layer deepening could be explained if we assumed that, in response to
the entrained nutrients in the mixed layer, the physiological parameters changed in
such a way as to initiate a bloom. Note that this could be either an increase in P* or a
decrease in Ik, or both. It may be that the response of phytoplankton to nutrient
availability (supplied as a consequence of mixing by the monsoon winds) is of more
controlling importance in the Arabian Sea than in the N. Atlantic.

7. Discussion
In the Arabian Sea, the evolution of mixed-layer depth and temperature cannot be
understood without taking into account the time variation in the phytoplankton
biomass. With the new synoptic data on ocean colour expected from the SeaWiFs
device (McClain et al 1992) it should be possible to build up archives on the seasonal
variation in the biomass field, and to use instantaneous maps of the biomass field as
an aid to better forecasting, in the short term, of sea surface temperature.
Not all the products of photosynthesis accumulate to modify the optical attenuation
coefficient. A significant proportion is respired over a time period of hours to days.
Hence the impact of primary production on the physical dynamics is modulated by
the /-ratio, a macroscopic property of the pelagic ecosystem. In turn, the /-ratio is
determined, in part, by the physical oceanography. If we consider that regenerated
production is determined by processes internal to the mixed layer, whereas new
production depends on the connection between the mixed layer and the layer below,
the /-ratio may be interpreted as a measure of the coupling between the two layers,
a function of physical factors such as wind stress.
For most oceanographic regions, we have reasonably good information on the
evolution of the mixed-layer depth and of the surface biomass field. Of the factors
that control the evolution of the biomass field, we know more about the parameters
that control the growth, than about the rate constants that control the losses. This

New production and mixed-layer physics

89

is certainly true of the N. Atlantic. Coupled models of the type discussed here could
be tuned to reproduce observed mixed-layer and biomass fields to obtain some
understanding of the loss terms. But these computations would give only lower limits
for the /-ratios. To improve our understanding of the /-ratio we require additional
information on sinking rates and zooplankton growth rates.
These considerations point towards possible strategies for large-scale studies in the
Arabian Sea designed for improving our understanding of the bio-geochemical cycles
in this oceanic region: any such study would be incomplete if it did not pay due
attention to the spatial distribution of parameters that determine phytoplankton
growth and to their response to environmental factors, especially nutrient supply.
These studies should also be designed to improve our understanding of the sinking
rates of organic material leaving the mixed layer, and of the dynamics of zooplankton
growth.
The approach we have followed here shows that, for a true insight into the upper
ocean, we must approach it with the idea of a coupled system firmly in mind. This
is no less true for a simple property like the surface temperature as it is for properties
of the ocean carbon cycle.
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Fluxes of material in the Arabian Sea and Bay of Bengal - Sediment
trap studies

V RAMASWAMY and R R NAIR
Geoiogical Oceanography Division, National Institute of Oceanography, Dona Paula, Goa
403 004, India.
Abstract. In order to investigate how monsoons influence biogeochemical fluxes in the
ocean, twelve time-series sediment traps were deployed at six locations in the northern
Indian Ocean. In this paper we present particle flux data collected during May 1986 to
November 1991 and November 1987 to November 1992 in the Arabian Sea and Bay of
Bengal respectively. Particle fluxes were high during both the SW and NE monsoons in the
Arabian Sea as well as in the Bay of Bengal. The mechanisms of particle production and
transport, however, differ in both the regions.
In the Arabian Sea, average annual fluxes are over 50gm-2y'1 in the western Arabian
Sea and less than 27gm~2y-1 in the central part. Biogenic matter is dominant at sites
located near upwelling centers, and is less degraded during peak flux periods. High particle
fluxes in the offshore areas of the Arabian Sea are caused by injection of nutrients into the
euphotic zone due to wind-induced mixed layer deepening.
In the Bay of Bengal, average annual fluxes are highest in the central Bay of Bengal (over
50gm-2y_1) and are least in the southern part of the Bay (37gm~2y"1). Particle flux
patterns coincide with freshwater discharge patterns of the Ganges-Brahmaputra river
system. Opal/carbonate and organic carbon/carbonate carbon ratios increase during the
SW monsoon due to variations in salinity and productivity patterns in the surface waters
as a result of increased freshwater and nutrient input from rivers.
Comparison of 5 years data show that fluxes of biogenic and lithogenic particulate matter
are higher in the Bay of Bengal even though the Arabian Sea is considered to be more
productive. Our results indicate that in the northern Indian Ocean interanrmal variability
in organic carbon flux is directly related to the strength and intensity of the SW monsoon
while its transfer from the upper layers to the deep sea is partly controlled by input of
lithogenic matter from adjacent continents.
Keywords. Particle fluxes; interannual variability; Arabian Sea; Bay of Bengal; monsoons;
carbonates; opal; organic carbon; lithogenics; sedimentation fate.

I. Introduction
The entire northern Indian Ocean comes under the influence of the seasonally
changing monsoon gyre of the upper ocean (Wyrtki 1973). This area experiences
extremes in atmospheric forcing leading to regular oscillations in biological
productivity, from extremely high primary production during the monsoons to
oligotrophic conditions during the intermonsoon periods. Strong SW monsoon winds
blow over the region from June to September while NE winds blow between December
and February (Cadet and Diehl 1984). During the SW monsoon period clockwise
surface circulation leads to coastal upwelling along the western margins of the Arabian
Sea and Bay of Bengal (Currie el al 1973) and along the western margin of India
(Sharma 1978). Enormous, pulsed, freshwater discharge mainly during the SW
monsoon period (Rao 1979; Ittekkot and Arain 1986; Ittekkot et al 1985) results in
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large changes in the surface salinity over the entire Bay of Bengal (Wyrtki 1973;
Murthy et al 1990). The regular alternate forcing of the northern Indian Ocean makes
it an important site for studying carbon transfer processes in the oceans.
Vertical flux of biogenic particles play a major role in sequestering carbon from
the atmosphere into the deep ocean. To study the influence of monsoons on these
processes, time-series sediment traps (Honjo and Doherty 1988) were deployed at six
locations in the Arabian Sea and Bay of Bengal (figure 1). In this paper we review
factors controlling particle fluxes and their interannual variability in the northern
Indian Ocean.

2. Methods
PARFLUX MARK VI time-series sediment traps (Honjo and Doherty 1988) with a
collecting area of 0-5 m2 and 13 collecting cups have been deployed at three locations
in the western (16°20'N; 60° 30'E) central (14° 30'N; 65°46'E) and eastern (15° 30'N;
68°45'E) Arabian Sea and at three sites in the northern (17°26'N; 89°35'E), central
(13°09'N;84° 21'E) and southern (04° 26'N; 87° 19'E) Bay of Bengal. In this paper we
present data from the deep traps positioned approximately 1000 meters above the
sea floor. Mooring locations and trap depths are given in table 1. Data is presented
for the years 1986-91 and 1987-92 for the Arabian Sea and Bay of Bengal respectively.
Data on component fluxes are available for 1986-90 and 1987-1989 for the Arabian
Sea and Bay of Bengal respectively. Gaps in data are due to malfunctioning of the
traps and/or considerable disturbance due to swimmer activity. During the first year
of the study, sampling interval was between 9-5 to 13 days; in subsequent years they
were between 21 to 29 days.
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Table 1.

Location, water depth and trap depth of sediment trap
deployments used in this study.
Station

Lat.

Long.

Water depth
m

Trap depth
m

WAST
CAST
EAST
NBBT
CBBT
SBBT

16° 20'N
14° 30'N
15° 30'N
17° 26'N
13°09'N
04° 26'N

60° 30'E
64°45'E
68°45'E
89° 35'E
84° 21'E
87° 19'E

4020
3900
3770
2263
3259
4017

3024
2914
2787
1727
2282
3006

Prior to deployment the sampling cups were filled with sea water from the trap
location. Mercuric chloride (3*3 g 1_ 1) was added as a preservative. The samples were
sieved through a 1 mm nylon sieve to exclude swimmers and split with a precision
rotary splitter. The samples were filtered onto Nuclepore polycarbonate membrane
filters, dried at 45°C and weighed to estimate total fluxes.
Brief description of methods used to determine first order components like
carbonate, opal, organic matter and lithogenic fluxes are given below. Carbonate was
determined by weight loss after treatment with dilute acetic acid. The method used
for determination of biogenic silica is a modification of the one used by Eggimann
(1980). The sample was transferred to clean polyethylene containers and treated with
10 ml of sodium carbonate (2 M) and kept in a water-bath at 90°C for 2 hours. Silicon
in the leachate was measured using atomic absorption spectrophotometry after
diluting to the required level. Assuming an average water content of 10% for opal,
Si concentrations were multiplied with 24 to calculate biogenic opal content. Total
carbon was measured with a Carlo Erba elemental analyzer and organic carbon
calculated by subtracting carbonate carbon from total carbon. Organic matter was
estimated by multiplying organic carbon by 1-8. Lithogenic fluxes were calculated by
subtracting carbonate, organic matter and opal fluxes from the total flux.
Due to malfunction of the traps or logistic reasons, there was sometimes a gap of
one or more months between the end of sampling period and subsequent redeployment
of the traps. Calculated annual fluxes for these data sets can vary depending on the
method of calculation used. In an earlier paper (Haake et al 1993) we had calculated
the average daily flux for the sampling period and multiplied by 365 to obtain the
annual flux. Using this method we had overestimated the annual flux for some of
the years as the sampling gaps were mostly during low flux periods. In this paper
we have taken the average flux for 5 years to fill in the gaps.

3. Results
3.1 Particle fluxes
All sites in the northern Indian Ocean showed strong seasonality with generally
higher fluxes during the monsoons compared to the intermonsoon period (figures 2
and 3). Variation in total particle fluxes during the entire sampling period is shown
in figures 4 and 5 and average annual rain rates of total particulates and first order
components are given in table 5.
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Figure 2. Total flux for the deep traps in the eastern, central and western Arabian Sea
averaged for the period May 1986 to November 1991. Trap depths are given in table 1.

Figure 3. Total flux for the northern, central and southern Bay of Bengal averaged for the
period November 1987 to November 1992. Trap depths are given in table 1.
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Figure 4. Time-series data on particle fluxes (mgm-2day-1) in the deep traps of the
(a) western, (b) central and (c) eastern Arabian Sea for the period May 1986 to November
1991. Since sampling intervals were not uniform for all the deployments the average flux
for each month is shown in the figure.
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Figure 5. Time-series data on particle fluxes (mgm-2day-1) in the deep traps of the
(a) northern, (b) central and (c) southern Bay of Bengal for the period November 1987 to
November 1992. Since sampling intervals were not uniform for all the deployments the
average flux for each month is shown in the figure.
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3.1a Western Arabian Sea: High particle fluxes were observed between June and
September and a secondary maxima between December and February (figure 4). Peak
fluxes were during July-August in 1986, 1988 and 1991 and in August-September
in 1987 and 1990. Data for 1989 is not available. Carbonates are the major component
of particulate matter at this site contributing 35 to 70 per cent of the total fluxes.
Very high carbonate fluxes, over 300mgm'2day~1, are seen during the SW period
in the western Arabian Sea (Nair et al 1989). Here carbonates are mainly contributed
by foraminifers and coccolithophorids with minor contributions by pteropods. During
the southwest monsoon up to 15,000 planktonic foraminifers per square meter per
day were captured by the sediment traps (Curry et al 1992).
Opal fluxes are normally about 40mgirT 2 day'1 but increase to over 100 mg
m“2day_1 during August-September. The main contributor of opal are diatoms,
radiolarians and silicoflagellates. Microscope observations show that rhizosolenia sp.
is the dominant diatom in the traps (Nair et al 1989). Opal percentage increase during
peak flux periods especially during the late SW monsoon period due to a diatom
bloom. In 1990 their percentage exceeded 50 per cent. However, during the SW
monsoon period of 1988 opal fluxes did not exceed 20 per cent even though total
fluxes were very high. Organic carbon fluxes were also low during this year.
Lithogenic fluxes are also high during the SW monsoon period with peak fluxes
generally between 30 to 40mgm~2day-L In 1988, during July-August their fluxes
exceeded lOOmgm'2day-b Organic carbon percentages were between 4 and 9%
with lower percentages during high flux periods.
3.1b Central Arabian Sea: Total fluxes ranged between 0T to 180 mg m~2day-l,
with high fluxes occurring during both the monsoons from June to September and
November to February (figure 4). Highest fluxes were measured during the SW
monsoon period of 1986 and 1988. Fluxes during the SW monsoon of 1987 were less
than even those measured during the NE monsoon period. Fluxes during this year
were around 90mgm~2day-1 in June but dropped to less than 50mgm~2day-1
between July and September.
Carbonates are the main component at this site contributing 53 to 73% of the total
fluxes. Lithogenic fluxes are high only during the SW monsoon period and contributed
between 5 and 24% of the total fluxes. Biogenic opal fluxes are lower than the western
Arabian Sea contributing around 10% of the total fluxes. Organic carbon fluxes were
moderate to high during both the monsoon period and ranged between 4-3 and 8-7%.
3.1c Eastern Arabian Sea: Total fluxes measured at this site ranged between 0T and
210mgm~2day" 1 (figure 4). Fluxes during the SW monsoon exceeded 150mgm~2
day-1 for the years 1986,1987, 1990 and 1991. In 1989 fluxes during the SW monsoon
period was low but high between January and April. Compared to the other two
areas the eastern Arabian Sea showed more interannual variability especially during
the NE monsoon and pre-SW monsoon period. Fluxes during the NE monsoon period
were less than 1 mg m~2 day'1 during 1986-87, 1987-88 and 1989-90 but exceeded
100mgm~2 day' 1 during 1988-89 and were between 50 to 100mgm^2 day'1 during
1990-91.
Carbonates percentages are between 35 and 65% and biogenic opal between 10
and 30% with higher opal and lower carbonates during high flux periods. Lithogenic
percentages were distinctly higher that at the other two sites contributing between
10 and 33% of the total fluxes. Organic carbon percentages are between 3-8 and 10%.
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3.Id Northern Bay of Bengal: In 1988 and 1989 total annual particulate fluxes in
the northern Bay of Bengal were 52-5 and 47gm-2y~1 respectively. In subsequent
years annual fluxes did not exceed 34gm 2y~\ High fluxes exceeding 100mgm~2
day 1 were observed between May and October but in 1991 and 1992 high fluxes
continued till end of November (figure 5).
Component flux data available up to 1989 show that lithogenic matter and
carbonates are the main constituents of the sediment trap samples. During 1988
lithogenics contributed over 50% of the particulate matter but in 1989 their contribution
was around 30%. Carbonates contributed about 20% to the total fluxes in 1988 but
in 1989 they were the main constituent, contributing over 30% of the total fluxes.
Opal fluxes ranged between 15 and 20% with higher contribution during peak flux
periods. Organic carbon percentages (6 to 8%) were higher compared to the central
and southern Bay of Bengal.
3.1 e Central Bay of Bengal: Total particle fluxes at this site exceed 100 mg m “ 2 day ~1
throughout almost the entire year. In 1988, 1991 and 1992 peak fluxes during the
SW monsoon were around 200 mg m ~2 day ~ 1 but exceeded 300 mg m ~2 day ~1 during
1989 and 1990. In 1990 high fluxes started in April and continued till February 1991.
During 1988 total annual fluxes were less than the northern Bay of Bengal but in
subsequent years were much higher (table 2). Fluxes during the NE monsoon showed
a lot of variability and in some years were comparable with those during the SW
monsoon (figures 3 and 5).
Component fluxes in the central Bay of Bengal are more uniform with carbonates
contribution being between 30 to 40% of the total fluxes. Opal constitute 16 to 20%
while lithogenics contributed 30 to 35% of total fluxes. Organic carbon percentages
ranged between 5 and 7%.
3.If Southern Bay of Bengal: Only limited particle flux data are available for this
site due to malfunction of the traps. Total annual fluxes were 37-6 and 35T gm~2 for
the years 1988 and 1991 respectively. Fluxes at this site did not show any regular
pattern (figure 3). Highest fluxes were 140mgm“2day~1 during February 1991.
Component fluxes show that carbonates are the dominant component and contri¬
buting nearly 50% of the total flux. Opal contribution is around 19% while lithogenics
Table 2. Table showing average annual flux at six sites in the northern Indian Ocean. Also
shown are the Monsoon Index (MI) and number of monsoon days at 15°N Latitude. All
fluxes are in gm~2y-1.
Year

Monsoon
index

No. of
monsoon
days

WAST

CAST

Annual flux
gm-2 y_ 1
EAST

1986
1987
1988
1989
1990
1991
1992

- 12
- 19
16
1
8
-9
-3

125
128
124
125
148
125
124

43-1
44-1
514

26-7
20-3
320

340
23-9

Average annual flux

37-2
24-2
32-1

67-8
50-9

51-4

26-3

30-3

NBBT

CBBT

SBBT

52-5
47-0

37-6

33-2
32-5

44-1
490
60-9
60-7
36-6

41*3

50-3

36-4

35-1
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constitute 22% of the total flux. Organic carbon formed less than 5*4% of the total
fluxes.

4. Discussion
4.1 Total particle fluxes
A 5-vear average of annual fluxes in the northern Indian Ocean range between 26
and 51 g m ~2 y "1 (table 2). Average annual fluxes exceeded 50 g m _ 2 y _ 1 in the central
Bay of Bengal and in the western Arabian Sea. Comparison of the two regions show
that total particle and biogenic components are consistently higher in the Bay of
Bengal even though the Arabian Sea is considered to be more productive (Babenerd
and Krey 1974; Krey and Babenerd 1976; Qasim 1977). In 1990 an annual flux value
of 68 g m ~ 2 y ~1 was recorded in the western Arabian Sea which is amongst the highest
recorded in tropical open ocean areas exceeded only in the Panama Bight where fluxes
were over 100gm-2y-1 due to a coccolithophorid bloom. Annual particle flux in
tropical open ocean areas normally range between 11 to 45gm"2 y”1 (table 3; Wefer
1989). High fluxes up to 67gm~2y~1 are reported from upwelling areas. At higher
latitudes annual fluxes cover a wide range from less than lgm~2y_1 to over
110 g m ~ 2 y ~1 (Wefer 1989; table 3). Annual fluxes for the central and eastern Arabian
Sea and southern Bay of Bengal fall within the range for tropical open ocean areas,
but values from the western Arabian Sea and central Bay of Bengal resemble those
reported from upwelling areas or high latitude high productive areas (table 3). The
reason for the extremely high total fluxes in the central Bay of Bengal and high
organic carbon fluxes in the northern Indian Ocean is not very clear and can be
understood by detailed studies on upper ocean processes.
4.2 Seasonality
A prominent feature here is the seasonal flux pattern of particles which follows the
monsoon cycle. This seasonality is more pronounced in the Arabian Sea where
between 53 and 70% of the total particle fluxes are during the southwest monsoon
period. The bimodal pattern in particle fluxes (figure 2) show that the Arabian Sea
alternates between oligotrophic conditions during the intermonsoon periods to highly
eutrophic conditions during the monsoons. Chlorophyll concentrations and primary
productivity in the surface waters also show a similar pattern (Banse 1987; Yoder
et al 1991). This similarity in flux pattern at all three sites indicates that a common
factor govern particle fluxes in the entire Arabian Sea.
The monsoon winds intensify as a low-level jet in the western Arabian Sea and
causes open ocean upwelling near the Oman coast. Upwelling has also been reported
from the west coast of India (Sharma 1976). Nutrient rich upwelled waters from nearby
upwelling area can be carried offshore by vigorous surface currents and advected
over the traps (Elliot and Savidge 1990; Swallow 1984) to contribute part of the
observed high particle fluxes in the western and eastern Arabian Sea. It is also possible
that particles produced in the nearby upwelling centers are horizontally advected at
depth.
A different process operates in the central parts of the Arabian Sea. Here, there is
a close similarity between wind speeds and particle fluxes (figure 6). During high wind
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EAST

Figure 6. Particle flux and wind speed patterns in the eastern, central and western Arabian
Sea. Data from the deep traps is presented for the period May 1986 to May 1987. Both
particle fluxes and wind speeds are higher during the monsoons (from Nair et al 1989).

speed periods, the sea surface temperature is reduced and the mixed layer deepens
from about 30 to 40 m during the premonsoon months to over 100 m during the
southwest monsoon period (Hastenrath and Lamb 1979; Bauer et al 1991). The surface
waters are enriched in nutrients primarily due to mixing with nutrient rich sub-surface
waters as well as turbulent entrainment from the nutracline (Nair et al 1989). A deep
chlorophyll maximum around 80 to 100 m depth is formed due to a combination of
Ekman pumping and advection of dense fluids from the north (Bauer et al 1991).
Shallow mixed layers are found throughout the Arabian Sea between September and
November which again deepen by December (Bauer et al 1991). During the NE
monsoon, winter blooms of phytoplankton are found in the northern and central
parts of the Arabian Sea (Banse and McClain 1986). High primary production during
both the SW and NE monsoons is reflected in high particle fluxes to the deep sea.
Wind induced nutrient pumping into the euphotic zone is especially effective in the
Arabian Sea as the sub-surface waters here have high nutrient concentrations (Ryther
and Menzel 1965).
The monsoon winds bring in more than 100 million tonnes of eolian dust into the
Arabian Sea every year (Sirocko and Sarnthein 1989) which increases the availability
of iron in the photic zone. The simultaneous introduction of nutrients and soluble
trace metals into the surface waters of the Arabian Sea may produce a more intense
bloom than would otherwise occur. The response of the biological pump to increased
wind speeds is extremely fast as the increase in primary productivity and particle
fluxes begins almost simultaneously with the onset of the monsoons.
Particle fluxes in the Bay of Bengal also show a seasonality, though not so strong
as the Arabian Sea with 36 to 52 per cent of the fluxes occurring during the southwest
monsoon period. During the rest of the year particle fluxes are relatively low or
moderate. Particle flux patterns in the northern and central Bay of Bengal coincided
with freshwater discharge patterns of the Ganges-Brahmaputra rivers (figure 7). The
maximum in particle fluxes are related to meltwater discharge from the Himalayan
snows during summer and input of freshwater and suspended matter due to monsoon
rains (Ittekkot et al 1991).
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Figure 7. Particle fluxes in the deep traps in the northern, central and southern Bay of
Bengal from November 1987 to November 1988 and freshwater river discharge pattern of
major rivers in the region (from Ittekkot et al 1991).

River plumes enriched in nutrients together with turbulent mixing at the base of
the halocline can significantly increase primary production in the offshore areas of
the Bay of Bengal. Similar high productivity and high particle fluxes have been
reported for river plumes of the Amazon (Deuser et al 1988; Muller-Krager et al
1988). Further, mineral particles delivered by rivers can get incorporated in biogenic
aggregates making them denser and thus accelerating their settling rate (Ittekkot and
Haake 1990; Ramaswamy et al 1991; Haake and Ittekkot 1990; Ittekkot et al 1992).
In the central Bay of Bengal, particle fluxes are high during both the SW and NE
monsoons (figure 3). While fluxes during the SW monsoons are similar to those in
the northern Bay of Bengal, fluxes were much higher during the NE monsoons. The
reasons for higher fluxes in the central Bay of Bengal during the NE monsoons is
not very clear. A number of tropical cyclones cross the central Bay of Bengal during
November and December. These cyclones may be mixing up the surface waters with
nutrient-rich deeper waters thereby stimulating primary productivity.
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4.3 Interannual variability
Interannual variability of particle fluxes in the northern Indian Ocean range between
3*4 to 21% of total annual fluxes. Maximum variability was in the Central Bay of
Bengal (21%) while the northern Bay of Bengal and Arabian Sea showed a variability
between 17-2 and 18*8%.
In the western and central Arabian Sea, interannual variability of particle fluxes
resulted mostly due to variations during the SW monsoon period. At these sites,
variations in monsoon intensity can be correlated with particle fluxes (table 2). 1986,
1987 and 1991 were years of weak monsoons with a monsoon index of — 12, — 19
and —4 respectively (Parthasarathy et al 1992) while the years 1988 and 1989 and
1990 had above average rainfall with monsoon index values of + 16, +1 and +8
respectively (table 2). Total annual fluxes measured in the western and central Arabian
Sea during 1986 and 1987 were much lower compared to those measured during
1988 and 1990. However, fluxes measured in the western Arabian Sea during 1991,
a weak monsoon year, were only slightly less than those measured during 1988, a
strong monsoon year. This may be partly due to the fact that there is a northward
shift in the area of maximum windstress during a strong monsoon year (Anderson
and Prell 1992).
Another factor affecting annual particle fluxes is the duration of the SW monsoon.
Normal onset and retreat dates for the SW monsoons over 15°N Latitude in the
Arabian Sea are 5th June and 1st October respectively (Anon 1992). The highest
annual flux recorded during the study period in the western Arabian Sea is during
1990 (table 2). In this year the monsoon set in by 20th May and lasted till 15th
October, a total of 148 days compared to a normal of 119 days (Anon 1992). Fluxes
recorded in the eastern Arabian Sea during the SW monsoon of 1990 were also
comparatively higher (table 4).
In the eastern Arabian Sea, interannual variability is mostly due to particle flux
variations during the post SW monsoon period and during the NE monsoon. Fluxes
during the NE monsoon of 1986-87, 1987-88 and 1989-90 were low while they were
high during NE monsoon of 1988-89 and 1990-91. It is observed that during the
years the NE monsoon particle fluxes were high, SST during the corresponding period
were lower than 26°C (Haake et al 1993). Warm, nutrient-poor surface waters from
the equatorial Indian Ocean cover the eastern Arabian Sea during the winter months.
»

Table 4. Table showing total flux in the eastern Arabian Sea during the SW monsoon
period and total rainfall between 1st June and 31 September over India and over Konkan
and Goa. Average rainfall over India is 850 mm while it is 2382 mm over Konkan and Goa.
Rainfall data is from Parthasarathy et al 1992.
Year

Total particle flux
during SW monsoon
gm'2

1986
1987
1988
1989
1990
1991

15-2
130
12 6
15-8
15 9

Total rainfall during SW monsoon
Konkan and Goa
mm

All India
mm

1867
2695
2955
2619
2953
2805

746-5
687-9
990-6
862-3
917-1
814-5
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This leads to reduced productivity and lower fluxes during the NE monsoons (Banse
and McClain 1986). Presumably, the northward flow of the equatorial Indian Ocean
waters to the eastern Arabian Sea was reduced during the winter of 1988-89 and
1990-91.
Fluxes in the eastern Arabian Sea during the SW monsoon period are better correlated
with the rainfall pattern over the adjacent subdivisions of Konkan and Goa in the
western part of Peninsular India (table 4). In some years, like for example 1987, the
progress of the monsoon was normal up to Bombay (17°N Lat.) but further northward
progress was very sluggish. Consequently, during the SW monsoon of this year,
Konkan and Goa received more than the normal rainfall but the Indian Subcontinent
experienced one of the worst droughts of the century (table 4; Parthasarathy et at
1992). Both rainfall in this subdivision as well as particle fluxes in the eastern Arabian
Sea during the SW monsoon of 1987 and 1989 were low compared to similar periods
in 1990 and 1991. However, in 1986 rainfall over both Konkan and Goa as well as
India were extremely low but fluxes are relatively high and has been provisionally
attributed to lateral advection of particles from a plankton bloom on the continental
margin of western India (Ramaswamy et al 1991; Madhupratap et al 1990).
Since seasonality of particle fluxes in the Bay of Bengal are related to river discharge
it is reasonable to expect that interannual variability will also be related to the
intensity of the monsoon. In the northern Bay of Bengal annual flux data is available
for the years 1988, 1989, 1991 and 1992. Monsoon Index during 1988 and 1989 were
positive and negative during 1991 and 1992 (table 2). Annual fluxes also showed a
similar pattern, being high during 1988 and 1989 and comparatively low during 1991
and 1992 (table 2).
In the central Bay of Bengal there seems to be no direct relation between annual
fluxes and monsoon strength. Fluxes during 1990 and 1991 are similar inspite of
1990 being a good monsoon year and 1991 being a poor monsoon (table 2). Most
of the variability is between August and November. In 1988 fluxes during October
and November accounted for 13-3 percent of the annual fluxes while in 1990 they
accounted for 34-4 percent of the annual fluxes. Factors controlling interannual
variability of particle fluxes here is not very clear but may be dependent among other
factors on circulation pattern and western boundary current, direction of southerly
flow of the freshwater plume and lateral advection of material from coastal upwelling
areas and number of tropical cyclones during the late SW monsoon and post SW
monsoon period.
In the southern Bay of Bengal data available for two years show similar fluxes
although monsoon intensity varied considerably during these years. According to
Haake et al (1993b) particle fluxes here may be related to northward movement of
the Inter Tropical Convergence Zone, which migrates from 5°S Latitude in February
to 15°N Latitude in July (Gadgil et al 1984).

4.4 Carbonate fluxes and carbonate/opal ratios
Carbonate/opal ratios (figure 8) indicate the prevalent planktonic community structure
which in turn is dependent on nutrient availability. In the Arabian Sea carbonate/opal
ratios are high during the NE monsoon and intermonsoon period but low during
the SW monsoon period. It is interesting to note that during the earlier part of the
SW monsoon period when total particle fluxes are moderately high (between 50 and
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Carbonate/Opal

Figure 8. Seasonal variation in the ratio of carbonate to opal in the deep traps of the
eastern (EAST), central (CAST) and western (WAST) Arabian Sea and northern (NBBT),
central (CBBT) and southern (SBBT) Bay of Bengal. Data is presented for the SW monsoon
(June 1st to 30th September). SW-NE intermonsoon period (1st October to 30th November)
NE monsoon (1st December to 28th February) and NE-SW intermonsoon period (1st
March to 31st May). Trap location and depth are given in table 1.

200mgm“2 day-1) carbonate/opal ratios increase, (figure 5) but during the later part
of the monsoon when particle fluxes exceed 200 mg m ~2 day ~1 there is a fall in the
ratios. Probably, the coccolith production is high during the early SW monsoon
period and is replaced by diatoms during the later part of monsoon (Haake et al 1993).
Carbonate percentages as well as carbonate/opal ratios in the Bay of Bengal
(figure 8) are much less compared to the Arabian Sea. In the Bay of Bengal, salinity
changes are sharp especially during August and September when values drop to less
than 27 parts per thousand in the northern part of the Bay (Murthy et al 1990).
Coccolithophorids can tolerate large variations in salinity between 16 to 45 parts
per thousand (Haq 1978) and a new population may be established within a few
days. Foraminifers on the other hand have limited tolerance to salinity changes and
show change in species, size, ornamentation and chamber size for even small changes
in salinity, as low as 1 to 2 per thousand (Boltovskoy and Wright 1976). Lower salinity
is also thought to inhibit foraminiferal calcification (Hemleben et al 1987) and this
is seen in the diminished productivity of foraminifers in the northern Bay of Bengal
(Guptha et al 1994). Pteropods also have thinner tests during this period. In the
central and southern Bay of Bengal, salinity changes are not so sharp with the result
that carbonate variations are not pronounced.
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4.5 Organic carbon fluxes
Organic carbon fluxes in the Arabian Sea range from less than 1 mg m “2 day -1 during
both the intermonsoon period to over 30mgm~2day_1 during the SW monsoon
period (Haake et al 1992). Highest fluxes of organic carbon are in the western Arabian
Sea and decrease towards the east. Low organic matter percentage as well as minima
in contribution of amino acid carbon to total carbon were observed during particle
flux maxima of the southwest monsoon (Haake et al 1992). Fluxes of organic carbon
in the Bay of Bengal is comparable to those in the Arabian Sea in spite of having a
lower primary productivity and lower zooplankton concentration (Qasim 1977; Rao
1973). This may partly be due to higher lithogenic fluxes in the Bay of Bengal as
transfer of organic aggregates to the deep sea is aided by incorporation of lithogenic
matter into organic aggregates which increases their stability and density and settling
rates (Ramaswamy et al 1991; Ittekkot et al 1992).
Berger and Kier (1984) have suggested that rain ratio of organic carbon/carbonate
carbon increases with increasing export production. They have shown that this shift
in the rain ratio has great implication for the C02 budget of the surface and deep
ocean. Increase in organic carbon/carbonate carbon ratios (figure 9) during high flux
periods is seen in both the regions of the northern Indian Ocean. These ratios are
Organic carbon/Carbonate carbon
Arabian Sea
Ml

WAST

£■3

CAST

dl

EAST

of Bengal

WSk

NBBT

dl

CBBT

HH

SBBT

Figure 9. Seasonal variation in the ratio of organic carbon to carbonate carbon in the
deep traps of the eastern (EAST), central (CAST) and western (WAST) Arabian Sea and
northern (NBBT), central (CBBT) and southern (SBBT) Bay of Bengal. Data is presented
for the SW monsoon (June 1st to 30th September) SW-NE intermonsoon period (1st October
to 30th November) NE monsoon (1st December to 28th February) and NE-SW inter¬
monsoon period (1st March to 31st May). Trap location and depth are given in table 1.
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considerably higher in the Bay of Bengal than in the Arabian Sea. Whether this
means that the Bay of Bengal is a bigger sink for atmospheric C02 remains to be
seen. High organic carbon/carbonate carbon ratios in the Bay of Bengal is also due
to, as discussed before, more efficient transfer of organic matter to the deep sea
because of greater availability of lithogenic matter.
4.6 Lithogenic fluxes
The main source of lithogenic material to the Arabian Sea are the Indus, Narmada
and Tapti rivers and eolian input from the Somali-Arab deserts (Goldberg and Griffin
1970; Weser 1974; Kolia et al 1981; Sirocko 1989). Clay mineral studies of sediment
trap material show that eolian material derived from Arab-Somali regions cover the
entire Arabian Sea (Ramaswamy et al 1991). Even the eastern Arabian Sea traps
received palygorskite, a mineral found in the deserts of Arabia and transported to
this site by monsoon winds (Ramaswamy et al 1991). Fluvial material is mostly
derived from the Indus and other rivers draining the Indian Peninsula and is restricted
to the eastern part of the Arabian Sea due to clockwise surface circulation during
peak discharge periods of the rivers (Ramaswamy et al 1991).
Based on lithogenic/organic carbon ratios, Ramaswamy et al (1991) have demon¬
strated a strong biological control on lithogenic particle sedimentation in the Arabian
Sea. Lithogenic particles settle only during periods of high productivity. High Lith/
C.org ratios during June show that lithogenic particles accumulating in the surface
layers during the premonsoon periods are removed at the beginning of the SW
monsoon due to increase in fluxes of organic aggregates.
Lithogenic fluxes are well correlated with particulate organic carbon fluxes at all
sites in the northern Indian Ocean. It is known that fine lithogenic particles in the
ocean cannot settle independently as their sinking velocity is very low (Honjo et al
1982). Also, organic matter is remineralized very efficiently in the upper ocean and
only a small fraction escapes the photic zone. It is observed that when lithogenic
input from land coincides with high primary production periods in the oceans, there
is an increase in the fluxes of both lithogenic and biogenic particles. Similar relation
can be seen in the fluxes of eolian dust from the Sahara deserts and upwelling in the
equitorial Atlantic (Wefer and Fischer 1993).
Higher lithogenic fluxes in the Bay of Bengal are to be expected as the suspended
sediments input here in higher than the Arabian Sea by an order of magnitude. What
is surprising is that the southern Bay of Bengal traps, which is more than 1500 km
away from the major rivers, has a higher lithogenic flux (table 5) than even the eastern
or western Arabian Sea traps located about 400 km away from continents and in
areas known to have very high eolian and fluvial input (Kolia et al 1981; Kolia and
Kidd 1982; Sirocko 1989).
From the sediment trap fluxes it is estimated that out of more than 2500 million
tonnes of lithogenic matter discharged into the northern Indian Ocean, only 30 to
40 million tonnes of the lithogenic matter is being deposited in the deeper part of
the northern Indian Ocean as hemi-pelagic sediments. In the Arabian Sea, cross shelf
transport is negligible (Ramaswamy and Nair 1989) whereas in the Bay of Bengal
there is considerable cross shelf transport of fluvial sediments. Hemipelagic
sedimentation accounts for less than 5% of the total lithogenic matter discharged
into the northern Indian Ocean. Most of the sediment transport is probably by near

108

V Ramaswamy and R R Nair
Table 5. Table showing average annual rain rates of particulate matter and first order
components in the northern Indian Ocean and their accumulation rates in sediments. Rain
rates are average fluxes for the period 1986-91 and 1987-89 in the Arabian Sea and Bay
of Bengal respectively. Rain rates for the Bay of Bengal reported in this table are different
from that of table 2 because component flux data is available for only two years. All fluxes
are in gm'2y_1.
Total

Carbonate

Opal

Lithogenics

C.org

Western Arabian Sea
WAST
KL-71*

51-4
33-8

28-0
18-3

130
2-1

5-6
12-8

2-9
037

Central Arabian Sea
CAST
KL-15*

26-3
23-3

16-4
15-3

3-0
015

3-6
6-6

1-6
0-08

Eastern Arabian Sea
EAST
KL-36*

303
18-5

15-5
130

51
01

6-7
5-5

1-9
019

Northern Bay of Bengal
NBBT
30P*

502
300

14-3
1-5

8-6
02

21 2
27-9

3-1
0-02

Central Bay of Bengal
CBBT
22PG#

49-3
5-6

18-5
1-6

90
003

15-7
3-9

3-1
0-01

Southern Bay of Bengal
SBBT
44G#

38-2
51

18-5
31

7-3
004

Station

8-6
004

20
0-01

* Holocene accumulation rates calculated from Sirockko 1989.
# Holocene accumulation rates calculated from Sarin et al 1979.

bottom processes like high density lutite flows, turbidity currents, transport through
submarine channels etc. However, very little information exists on these processes.
4.7 Particle sedimentation and remineralization
Table 5 shows that rain rates of particles compared with accumulation rates in
sediments. It must be kept in mind that trap fluxes reported here are an average of
4 or 5 years while accumulation rates in sediments are an average of the last 8000
years. Also sediment trap techniques are far from perfect and can lead to serious
over or underestimation of the actual flux. Still, if used with care we can get important
information about biogeochemical cycling of elements in the oceans. Of particular
interest are the sites and rates of remineralization of particles (Walsh et al 1988).
Organic carbon fluxes decrease with depth and between 30 and 40 per cent of the
organic matter is decomposed between the shallow and deep traps (Haake et al 1992).
Less than 15 per cent of the material reaching the 3000 m water depth is preserved
in sediments (table 5) indicating that the benthic boundary layer is the major site of
organic matter degradation (Honjo et al 1982; Cole et al 1987).
Similarly, more than 84% of opal is remineralized at the sediment-water interface.
Opal concentrations in the sediments of the Arabian Sea are much higher than the
Bay of Bengal (Kolia and Kidd 1982). Contrary to expectations, annual opal fluxes
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are high in the Bay of Bengal and fluxes here are comparable to those in the western
Arabian Sea (table 5). Higher opal preservation in the sediments of the Arabian Sea
may be due to a combination of factors like higher bulk accumulation rate, flux
pattern and quality of opal particles. A major difference in opal flux pattern between
the two regions is that in the Arabian Sea opal fluxes are episodic with 84 per cent
of the opal flux during the SW monsoon period whereas in the Bay of Bengal moderate
fluxes are maintained throughout the year. The number of colonial radiolarians,
which have thicker tests compared to diatoms, are also more in the Arabian Sea
(unpublished cruise reports of RV Sagar Kanya and RV Sonne).
In the Arabian Sea bulk accumulation rates from sediment traps are comparable
to sedimentation rates and the offset between the two is less than a factor of two
(Sirocko et al 1991; table 2). Lithogenic fluxes in the traps are consistently less than
sedimentation rates showing that additional material is transported and deposited
through near bottom processes like, for example, nepheloid layer flows.
In the Bay of Bengal, not much data is available on sedimentation rates. Based
on 230Th and 210Pb isotopes, Sarin et al (1979) have reported sedimentation rates
between 2 and 40 mm per thousand years during the Holocene. Trap fluxes are
comparable to sediment accumulation rates only in the northern Bay of Bengal
(table 2). In the central and southern Bay of Bengal, sedimentation rates are less by
a factor of 5. The reasons for this is not very clear. Dissolution of carbonates can
account for only a fraction of the difference as the sea floor lies well above the calcium
compensation depth (Kolia and Kidd 1982). Furthermore, even the flux rates of
lithogenic material alone is more than the total Holocene sedimentation rates. Another
possibility is that sediments are getting resuspended and eroded. Though there are
indications of strong bottom current activity in the Bay of Bengal (Kolia et al 1976)
these currents are restricted only to the western part of the Bay. Sediment traps can
overestimate fluxes, but a fairly good relation is seen between rain rates and accumulation
rates in the Arabian Sea and northern Bay of Bengal. A more likely explanation is
that the sedimentation rates reported by Sarin et al (1979) are underestimates.
Sedimentation rates as low as 2 mm per thousand years are generally reported only
in areas of extremely low productivity such as central Oceanic Gyres (Lisitzin 1975).

5. Summary
Particle fluxes in the Arabian Sea and northern Bay of Bengal seem to be related to
the strength and intensity of the monsoons though the correlation is not always very
good. Interannual variability in particle fluxes in the central and southern Bay of
Bengal is still not adequately explained. We have only just begun to understand the
processes controlling biogeochemical fluxes in the northern Indian Ocean and a lot
more needs to be done. It is still not clear if the northern Indian Ocean is a major
source or sink for C02. We do not as yet have reliable time series data on primary
productivity using clean techniques for this region. The contribution of organic matter
from highly productive continental shelves to the deep sea has not been quantified.
The role of organic matter produced in the photic zone and those resuspended from
the continental margins in maintaining suboxic conditions in the Arabian Sea is
not yet fully understood. Remote sensing of the ocean surface coupled with multi¬
disciplinary cruises and particle flux studies with moored sediment traps at strategic
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locations on continental margins should help in a better understanding of carbon
cycling in the oceans.
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Natural radionuclides in the Arabian Sea and Bay of Bengal:
Distribution and evaluation of particle scavenging processes
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Abstract.

Vertical and temporal variations in the activities of 234Th, 210Po and 210Pb have
been measured, in both dissolved and particulate phases, at several stations in the eastern
Arabian Sea and north-central Bay of Bengal. A comparative study allows us to make
inferences about the particle associated scavenging processes in these two seas having distinct
biogeochemical properties.
A common feature of the 234Th profiles, in the Arabian Sea and Bay of Bengal, is that
the dissolved as well as total (dissolved + particulate) activity of 234Th is deficient in the
surface 200 m with respect to its parent, 238U. This gross deficiency is attributed to the
preferential removal of 234Th by adsorption onto settling particles which account for its net
loss from the surface waters. The scavenging rates of dissolved 234Th are comparable in
these two basins. The temporal variations in the 234Th-238U disequilibrium are significantly
pronounced both in the Arabian Sea and Bay of Bengal indicating that the scavenging rates
are more influenced by the increased abundance of particles rather than their chemical
make-up. In the mixed layer (0-50 m), the scavenging residence time of 234Th ranges from
30 to 100 days.
The surface and deep waters of both the seas show an enhanced deficiency of dissolved
210Po relative to 210Pb and that of 210Pb relative to 226Ra. The deficiencies of both 210Po
and 210Pb in the dissolved phases are not balanced by their abundance in the particulate
form indicating a net loss of both these nuclides from the water column. The scavenging
rates of 210Po and 210Pb are significantly enhanced in the Bay of Bengal compared to those
in the Arabian Sea. The mean dissolved 210Po/2l0Pb and 210Pb/226Ra activity ratios in
deep waters of the Bay of Bengal are ~Q-7 and 0T, respectively, representing some of the
most pronounced disequilibria observed to date in the deep sea. The Bay of Bengal and the
Arabian Sea appear to be the regions of most intense particle moderated scavenging processes
in the world oceans. This is evidenced by the gross disequilibria exhibited by the three
isotope pairs used in this study.

Keywords.

Radionuclides; sea water; disequilibrium; particles; scavenging rates.

1. Introduction
Natural radionuclides of the uranium and thorium decay series have long served
oceanographers as powerful tracers for studying the chemical scavenging processes
and their kinetics. Among the particle-reactive daughter and passive-parent pairs,
perhaps the most widely documented and utilized for studying the particle-associated
scavenging processes (operative in ocean water) are 234Th-238U, 210Po-2i0Pb and
210Pb-226Ra (Bhat et al 1969; Broecker et al 1973; Craig et al 1973; Matsumoto
1975; Bacon et al 1976; Nozaki et al 1976; Santschi et al 1979; Kaufman et al 1981;
Krishnaswami et al 1981).
The chemical scavenging processes are particularly important within the euphotic
zone - a region of maximum biological production. It has been suggested (Coale and
Bruland 1985) that the ‘new production’ rather than total primary production, may
113
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determine net scavenging rates of reactive elements from oceanic surface waters. It
is possible to use the production rates of radionuclides (from dissolved parents) and
their export from the euphotic zone, both of which can be measured precisely, to
constrain estimates of new production (Bruland and Coale 1986; Buesseler et al 1992).
Recently, Sarin et al (1994) have measured vertical profiles of dissolved 210Po and
210Pb in the north-eastern Arabian Sea. By modeling the observed disequilibria
between the 210Po and 210Pb within the surface ~ 100 m, Sarin et al (1994) derived
the ‘effective vertical eddy-diffusion coefficient' and fluxes of nutrients into the euphotic
zone from its base. These studies demonstrate the potential usefulness of particle
reactive nuclides (2j4Th and 210Po) to derive net export fluxes of carbon and
associated nutrients from the euphotic zone. However, a detailed characterization of
the spatial and temporal distributions of the radionuclide tracers is necessary to
directly compare this approach with independent estimates of new production.
In this paper, we present results on the distribution of three daughter-parent pairs,
viz. 234Th-238U, 210Po-2l0Pb and 210Pb-226Ra measured in the same vertical profiles,
for both the dissolved and particulate fractions, collected from the Arabian Sea and
Bay of Bengal. A comparative study allows us to make inferences about the nature
and intensity of chemical scavenging processes operative in these two seas.

2. Experimental methods
The Arabian Sea and Bay of Bengal are the two important regions of the north
Indian Ocean that exhibit some unique biogeochemical properties. The Arabian Sea
experiences extremes in atmospheric forcing that lead to the regular oscillation in
primary production. It is also characterized by widespread suboxic conditions below
the euphotic zone and perennial denitrification layers (Naqvi et al 1990) at inter¬
mediate depths (200-700 m). On the contrary, geochemical processes in the Bay of
Bengal are influenced by buoyancy input of fresh water run-off and high sediment
load of terrestrial origin. Thus the two seas, on either side of India, are ideal for
studying the particle-associated scavenging processes.

2.1 Sampling
Samples for this study were collected during four different cruises, on board ORV
‘Sagar Kanya’ and FORV ‘Sagar Sampada’, to the eastern Arabian Sea and northcentral Bay of Bengal. In the Arabian Sea, three vertical profiles were collected at
stations M-12, K-ll and 1-15 (figure 1) during Nov.-Dee. 1988. Two of these stations
M-12 and K-ll were reoccupied during Feb. 1992 and numbered as 2500 and 2494,
respectively. A vertical profile at Stn 2510, in the central Arabian Sea (figure 1), was
also collected during the latter cruise. In the Bay of Bengal, vertical profiles at stations
H-13, F-ll, E-13 and A-12 were collected during Mar. 1991 and those at stations
E-12 and C-12 were collected during Dec. 1991 (figure 1).

2.2 Analytical techniques
The seawater samples from different depths covering the entire water column, were
collected using 30 litre Niskin samplers. All samples were filtered within 4-6 hrs

Natural radionuclides in Arabian Sea and Bay of Bengal

Figure 1.
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Station locations, sampling details are given in tables 1 and 2.

through 04 or 06 gm pore size Nuclepore filters and were analysed for 234Th, 238U.
210Po, 210Pb and 226Ra. The analytical techniques used for the radiochemical
separation and measurement of all these nuclides have been described in detail by
Sarin et al (1992, 1994). The shipboard processing of samples was typically completed
within 48 hours thereby minimizing the ingrowth of short-lived 234Th and 210Po
from their parent nuclides 238U and 210Pb, respectively. In the laboratory, Th and
Pb were radiochemically purified and final Th fractions were electroplated onto Pt
discs (Sarin et al 1992). The purified Pb fractions were stored in plastic bottles for
8-10 months and the in-situ 210Pb activity was measured by the ingrown activity of
its grand daughter 210Po. Uranium was measured on a separate filtered aliquot (~ 5
litre) at selected depths, based on which a linear relation between 238u and salinity
was derived. Radium from unfiltered seawater samples (~ 20 litre) was extracted on
board using Mn02 coated acrylan fibres (Moore 1976) and assayed in the laboratory
via total alpha activity of 222Rn. The activities of 234Th were determined by a gas-flow
type, low-background (~ 6 cph), circular counters operated in anti-coincidence with
a large guard counter. The alpha-activities of U, Th and Po isotopes were determined
on a calibrated silicon surface-barrier detectors (Sarin et al 1992, 1994).

3. Results
The activity of 234Th was measured on unfiltered samples collected from the stations
2500 and 2510 in the Arabian Sea. The total (dissolved + particulate) activities of
234Th in these two profiles are given in table 1. These results alongwith the data on
the dissolved activities of 234Th measured in the profiles M-12, K-ll and 1-15 (Sarin
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Profiles of 234Tb/238U activity ratios in the Arabian Sea measured on a) filtered
samples (data from Sarin et al 1994) and b) unfiltered samples (this study). Ratios less than
one indicate deficiency of 234Th relative to 238U. Profiles M-12 and 2500 are collected from
same location (figure 1).
Figure 2.
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Figure 3. Dissolved 234Th/238U activity ratios in the Bay of Bengal indicating deficiency
of dissolved 234Th all through the sampling depths.

et al 1994) are presented in figure 2. The dissolved activities of 234Th in the profiles
(H-13, F-ll, E-13, E-12, C-12) from the Bay of Bengal are also listed in table 1 and
presented in figure 3. The dissolved 238U concentration (table 1) was measured at
selected depths, based on which a 233U-salinity relation was derived as: 238U
(dpm/1) = 0-06813 x S (%o) for the Arabian Sea (Sarin et al 1992) and 238U (dpm/1) =
0-0697 x S (%o) for the Bay of Bengal (this study). The 238U-salinity relation derived
for these two oceanic regions is quite similar to that derived by Ku et al (1977) for
the Pacific Ocean.
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Results of the 210Po and 210Pb analyses in the dissolved and particulate samples
are listed in tables 2 and 3. Figures 4 and 5 show the extent of disequilibrium between
dissolved 210Po and 210Pb in the eastern Arabian Sea and north-central Bay of
Bengal, respectively. The activities of these two nuclides in the particulate phase are
compared in figure 6. The 226Ra data measured at selected depths in the Arabian
Sea and Bay of Bengal are presented in table 4. The distribution of dissolved 210Pb
and its pronounced deficiency with respect to 226Ra in the deep water column is
shown in figure 7.
The errors quoted for the dissolved activities of 234Th, 238U, 210Po and 210Pb
(tables 1, 2 and 3) are ± 1 o (about + 5-10%) calculated based on uncertainties arising
Activity [dpm/100 kg]
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Figure 4.

Dissolved 210Po and 210Pb profiles in the Arabian Sea showing deficiency of
210Po (relative to 210Pb) in surface and deep waters. Data for M-12, K-ll and 1-15 are from
Sarin et al 1994. Notice that the excess 210Po centered at ~ 100m (Stn K.-1 1) is not observed
at Stn 2494 (figure 1).

Activity [dpm/100 kg]

Figure 5.

Dissolved 210Po and 210Pb profiles in the Bay of Bengal show almost identical
activity of 210Po in surface waters at all stations, but significantly less than that of its parent
210Pb. Dissolved 210Pb activity is relatively high in surface waters at Stn E-12 and A-12
sampled during Dec. 1991 (see text for discussion).
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Figure 6.

210Po-210Pb relationship in the particulate phase showing 210Pb excess rather
than 210Po excess. Low values of particulate ^10Po are measured in samples collected from
shallow waters indicating that the standing crop of 210Po in shallow waters is less than that
of 210Pb.
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Dissolved 210Pb and 226Ra profiles from the Arabian Sea and Bay of Bengal.
The gross deficiency of 210Pb (relative to its parent 226Ra) extends all through the water
column in these two seas.

Natural radionuclides in Arabian Sea and Bay of Bengal

119

from counting statistics, tracer/carrier calibrations and blank corrections. The
corresponding errors associated with the particulate phases (tables 2, 3) are in the
range of 10-15%.

4. Discussion

4.1 234Th-238U disequilibrium
4.1a Arabian Sea: Data on the 234Th/238U activity ratios measured in the samples
from the north-eastern Arabian Sea are presented in figure 2. In all the profiles
sampled, the 234Th/238U activity ratio is much less than the equilibrium value. At
Stn M-12, K-l 1 and 1-15, (figure 2), the deficiency of dissolved 234Th (relative to 238U)
all through the top 300 m water column has been reported by Sarin et al (1994). The
gross deficiency of 234Th in the mixed layer (0-50 m) is reflected even in the unfiltered
samples from Stn 2500 and 2510 (figure 2), the mean 234Th/238U activity ratios are
0-44 and 0-69 respectively (table 1). These results indicate an intense scavenging of
234Th via rapidly sinking biogenic particles and a net export (loss) of 234Th out of
the mixed layer. The relatively low 234Th/238U ratios observed at Stn 2500 also
suggest that the particulate scavenging of 234Th (and hence of thorium) from the
surface waters is more pronounced in the northern region of the Arabian Sea which
is characterized by the high biological productivity (Qasim 1982). At depths below
200 m, the total activity (dissolved-I-particulate) of 234Th at Stn 2500 and 2510 is
close to equilibrium with its parent (238U) and continues to be so throughout the
rest of the deep water column (figure 2). For depths below 1000 m, the mean
234Th/238U ratio is 0-99 + 0 05, suggesting that thorium is not removed from the
deep waters on the time scales of less than 10-12 months.
The total activity of 234Th at Stn 2500 and 2510, at depths below 200 m, is in
marked contrast to the profiles measured at Stn M-12, K-ll and 1-15 (figure 2). In
the latter three profiles, dissolved 234Th activity continues to show gross deficiency
relative to 238U upto the sampling depth of 300m. These observations suggest that
particulate scavenging of 234Th occurs even in the intermediate waters. Also the
temporal variations in 234Th/238U activity ratios become evident by intercomparing
the profiles M-12 and 2500. The total (dissolved + particulate) activity ratio of
234Th/238U in the surface waters at Stn 2500 is 0-45 which is significantly less than
the dissolved ratio of 0-61 measured during the sampling period of M-12 (table 1,
figure 2). This is contrary to the expectation that the total 234Th/238U activity ratio
should be more than that in the dissolved phase. These differences suggest that the
distribution of a particle reactive tracer is dominated by seasonal changes in biological
productivity. Similar results were reported by Tanaka et al (1983) based on the
measurement of total 234Th activity in a number of profiles collected over a period
of one year in Funka Bay, Japan.
It is quite likely that the surface productivity was relatively enhanced when Stn
2500 was reoccupied during Feb. 1992. Primary productivity in the northern Arabian
Sea suggests annual rates between 200 and 400gC/m2/yr and daily rates exceeding
2gC/m2/d reaching perhaps 6gC/m2/d (Qasim 1982). Despite lack of simultaneous
measurements of primary productivity, the main feature of our data is the noticeable
decrease in the surface 234Th activity along with nutrient levels such as nitrate. During
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the sampling period, at Stn 2500, the (NOa + N02) concentration levels in the mixed
layer were found to be less than 1 //mole/1. Buesseler et al (1992) have reported similar
observations based on their time series analysis of dissolved nitrate and 234Th during
the JGOFS North Atlantic bloom experiment. Their data show a strong depletion
of 234Th in surface waters together with a decrease in nitrate levels as the bloom
activity progressively enhanced.
4.1b Bay of Bengal: Results of the dissolved 234Th/238U activity ratios in profiles
H-13, F-11, E-13, E-12, and C-12 are presented in table 1 and figure 3. The measured
234Th/238U ratio in the surface waters at all five stations is fairly uniform, varying
between a narrow range of 058 to 0-77. Unlike in the Arabian Sea, there is no distinct
latitudinal trend observed in the Bay of Bengal. However, relatively low 234Th/238U
ratios have been observed in the profiles collected at Stn E-12 and C-12 during Dec.
1991 (figure 3). During the south-west monsoon, the Bay of Bengal receives a large
influx of fresh water and fluvial sediments via the six major rivers (figure 1) which
most likely enhance the particle contents and particulate scavenging of 234Th. The
magnitude of temporal variations in the dissolved 234Th/238U ratio can be evaluated
based on the data from profiles E-13 and E-12, collected at nearby locations (table 1,
figure 3). At E-13, the dissolved 234Th/238U ratio in the mixed layer (0-50m) varies
from 0-68 to 0-74; whereas at E-12 (collected during Dec. 1991) the ratio varies from
0-38 to 0*70. Another notable feature observed in all the vertical profiles (figure 3) is
the near constancy (0*70 ±0-05) of the dissolved 234Th/238U ratio below 100m.
However, the deficiency of dissolved 234Th, relative to 238U, exists throughout the
1000 m of water column (figure 3), an observation similar to that in the surface 300 m
of the Arabian Sea (figure 2).
4.1c 234Th scavenging rates: The deficiency of 234Th in the dissolved phase results
from scavenging processes - adsorption onto suspended particles. The extent of
disequilibrium between 234Th and 238U (figures 2 and 3) provides a measure of the
relative intensity of scavenging processes in the Arabian Sea and Bay of Bengal. A
simple scavenging model (Krishnaswami et al 1976; Coale and Bruland 1985; Sarin
et al 1994) can be used to calculate the scavenging rate of dissolved 234Th. Assuming
advection and diffusion of 234Th to be negligible (with respect to scavenging and
decay), at steady state, the scavenging residence time (t) of 234Th (from dissolved to
particulate phase) is given by the relation:
T —-"it-

(!)

(Av/AJh) — 1

where tTh is the mean life of 234Th, Av and AJh are the activities of 238U and 234Th
(dpm/litre), respectively. It is implicit in equation (1) that scavenging of Th is
irreversible. Such model calculations provide a measure of the scavenging rates of
particle-reactive tracers in surface waters.
The mean t values of dissolved 234Th in the mixed layer for all the profiles (figures
2,3) are given in table 5. In the Arabian Sea (figure 2), the scavenging residence time
of dissolved Th in the mixed layer is lowest at 1-15 compared to that at M-12 and
K-ll. Since the profiles M-12 and K-ll are collected from the regions associated
with relatively high biological productivity, it is expected that the residence time of
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Th should be relatively short at these sites. Sarin et al (1994) have interpreted that,
at M-12 and K-ll, Th is more effectively recycled from particles to solution in the
mixed layer. Below the mixed layer, the mean scavenging residence time of dissolved
Th is fairly uniform (table 5) at these three stations.
Equation (1) can be extended to calculate the removal residence time of total 234Th
from the surface waters at Stn 2500 and 2510 in the Arabian Sea. Assuming that the
advection and diffusion terms are negligible relative to scavenging, at steady state,
the removal residence time (t£) of total 234Th is given by the relation:

MuMlTh) ~ 1
where tTh and Av have been defined in equation (1), ATTb is the total 234Th activity.
The removal residence time of total 234Th in surface waters at Stn 2500 is 28 days
and that at Stn 2510 is 78 days (table 5).
The suspended particulate material in the surface waters of the north-eastern
Arabian Sea are primarily of biogenic origin. Also as mentioned earlier, it is likely
that biological productivity was enhanced when Stn M-12 was reoccupied during
Feb. 1992. The short residence time of 28 days at Stn 2500 suggest that 234Th is
efficiently removed from surface waters by biogenic particles. These time scales may
be too short for any significant desorption to occur (Coale and Bruland 1985) and
thus the assumption of irreversible scavenging is valid to a first approximation. Below
the mixed layer, the t£ of 234Th upto a depth ~ 175 m (using equation 2) at Stn 2500
is 63 days (table 5). The longer residence time at these depths can result due to the
differences in the suspended particulate concentrations and/or the effective recycling/
desorption of Th. The highest values of t£ for Th in surface and intermediate waters
are observed at Stn 2510 (table 5).
In the Bay of Bengal, the results (table 5) provide a broad spatial view of the
intensity and temporal variability of the scavenging processes. The scavenging
residence time of dissolved 234Th at H-13, F-ll and E-13 (table 5) i$ fairly uniform
(90 ± 10 days) all through the upper 500 m water column. The scavenging intensity
of dissolved 234Th at Stn E-12 and C-12 is relatively more pronounced during the
sampling period (Dec. 1991). The scavenging residence time of Th in the mixed layer
is ~ 45 days and that below the mixed layer is ~ 65 days at these two stations
(table 5). The north-central Bay of Bengal receives a large influx of fluvial sediments
during the south-west monsoon. This increase in the suspended particulate load in
surface waters may account for the relatively shorter residence time of Th.
Recent studies (Bruland and Coale 1986; Murray et al 1989) have shown explicitly
that a strong correlation exists between 234Th scavenging rate and the measured
rates of new production. Using this approach, Sarin et al (1994) have calculated the
flux of particulate organic carbon out of the surface mixed layers at Stn M-12, K-ll
and 1-15 in the Arabian Sea, typical values being 0T0, 0T3 and 0-3gC/m2/d,
respectively. Although, temporal variability is quite evident from the data (as discussed
above) and steady-state conditions are not strictly attained, it is still possible to
constrain estimates of particle production or export rates. A similar approach has
been extended to the Bay of Bengal. The 234Th scavenging rates (l/i) in the mixed
layer range from 0*01 to 0’023 day 1 at Stn H-13, F-11, E-13, Jb-12 and C-12 (table 5).
Assuming that 234Th is efficiently removed by biogenic particles, these rates
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correspond to relatively lower estimates of new production (0 06 to 014gC/m2/d) in
the Bay of Bengal.
4.2 210Po~210Pb disequilibrium
4.2a Arabian Sea: The dissolved 210Po/210Pb activity ratios for all the four profiles
in the Arabian Sea, one measured in this study (Stn. 2494, table 2) and three reported
earlier (Sarin et al 1994) are plotted in figure 4. A common feature of all these profiles
(figure 4) is that all of them show a strong depletion of dissolved 210Po in surface
waters relative to 210Pb, indicating a net uptake of 210Po by the particles. This
observation is typical of the surface waters of the oceans where 210Po is generally
found to be deficient with respect to 210Pb (Nozaki and Tsunogai 1976; Bacon et al
1988; Chung and Finkel 1988). Another important feature of the data in figure 4 is
that the 210Po/210Pb activities ratios tend to decrease towards the northern stations,
indicating that the removal of 210Po in surface waters is more effective in the
north-eastern Arabian Sea, a region characterized by higher rates of biological
productivity. The integrated dissolved 210Po/210Pb ratios in the mixed layer at Stn
M-12, K-ll and 1-15 are 034,0*37 and 0-55 respectively (Sarin et al 1994). At Stn 2494
(reoccupation of the site K-ll during Feb. 1992), the mean dissolved 210Po/210Pb
ratio is 032 which indicates enhanced scavenging of 210Po (relative to 210Pb) by
particulate phases.
The profiles at Stn M-12, K-ll and 1-15 display a common feature: a 210Po excess
in the subsurface layer centered at — 100 m. This excess suggests that 210Po is released
from sinking particulate matter (Bacon et al 1976; Sarin et al 1994). In contrast, a
similar excess of dissolved 2 i0Po, at 100 m, was not observed in the profile at Stn 2494.
Instead, a 210Po deficit of about 2-4dpm/100kg, relative to 210Pb, exists below the
mixed layer (table 2, figure 4). It is likely that the primary productivity was relatively
enhanced during the sampling period of Stn 2494. Under these conditions, preferential
removal of Po (over Pb) is more effective via rapidly settling biogenic particles. Also
the dissolved 210Po activities, measured in the profile 2494 at depths below 100 m,
are systematically lower by a factor of about 2 to 5 (table 2, figure 4) than those in
the profile K-ll (Sarin et al 1994). Thus suggesting an intense scavenging of dissolved
210Po, all through the water column, by the suspended particles on short time scales.
These temporal variations clearly indicate that the distribution of a particle reactive
tracer is largely dictated by the seasonal changes in the primary productivity.
The most distinctive feature in the Arabian Sea is observed at Stn M-12, K-ll and
1-15 where dissolved 2l0Po deficiency is more pronounced in the intermediate waters
(figure 4). Sarin et al (1994) have suggested that this secondary minimum of 210Po
activity spreads through the 200-500m depth characterized by the oxygen minimum
and N02 maximum concentrations (Naqvi et al 1990). It was also suggested that
although the cause for the enhanced 210Po scavenging at the core of the denitrification
layer is unclear, it is possible that the in situ and boundary scavenging may be the
important alternative processes. Recently, Naqvi et al (1993) have reported the
occurrence of nepheloid layers within the suboxic waters and that these particle
maxima are confined to the denitrifying zone. A high bacterial biomass appears to
be responsible for the increased turbidity at these mid-depths in the Arabian Sea. It
is very likely that these nepheloid layers with strong concentration gradient towards
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the shelf and slope regions, may efficiently scavenge 210Po. Similar to K-ll, profile
2494 also shows a pronounced deficiency of 210Po at 225 m depth where the lowest
concentration of , dissolved 210Po (051+012, table 2) and 210Po/210Pb ratio
(0 13 + 003) have been observed. Such an intense scavenging process may be
attributed to the perennial existence of the nepheloid layer at intermediate depths.
The near-bottom 210Po/210Pb activity ratios at M-12, K-ll and 1-15 are fairly
constant at ~ 0*90 + 0T0 indicating a near equilibrium between dissolved 210Po and
210Pb in the deep waters. Comparatively, the deficiency of 210Po is significantly
pronounced even in the deep waters during the sampling period of Stn 2494, the
observed 210Po/210Pb activity ratio at 2000 m is 0-64 + 0-04 (table 2, figure 4). Such
an observation is difficult to reconcile, the seasonal changes and enhanced surface
water productivity seem to influence the chemical scavenging processes throughout
the water column. It is noteworthy that the 210Pb concentrations in the intermediate
and deep waters of the profile 2494 are within 10-20% of those measured in the K-ll
profile. This indicates that the low values of 210Po/210Pb activity ratio observed in
profile 2494 mainly result from the pronounced removal of 21 °Po relative to 21 °Pb.
4.2b Bay of Bengal: The dissolved and particulate activities of 210Po and 210Pb in
the profiles at Stn H-13, F-ll, E-13, A-12 and E-12 are given in table 3 and plotted
in figure 5. The most distinct feature of the data is that, all through the Bay of Bengal,
the dissolved activity of 210Po in surface waters shows a gross deficiency relative to
210Pb. The dissolved 210Po/210Pb activity ratios in the mixed layer (~ 50 m) range
between 023 to 04 (table 3). The observed ratios are relatively low compared to
those in the surface waters of the Arabian Sea (figure 4). Also, unlike in the Arabian
Sea, there are no pronounced latitudinal variations in the dissolved 210Po/210Pb
ratios. The temporal variations in the water column scavenging processes are also
evident by comparing the 210Po/210Pb data from profiles E-13 and E-12, (collected
close to each other) during Mar. 1991 and Dec. 1991, respectively. The Stn A-12 was
also reoccupied during Dec. 1991 (table 3 and figure 5). In general, the samples
collected during the latter period show enhanced deficiency of 210Po relative to 210Pb.
This enhanced removal of 210Po from the surface mixed layer is attributed to the
increased abundance of particulate matter (most likely the terrigenous supply via
rivers) in the Bay of Bengal during the monsoon period. Cochran et al (1983) have
reported a similar pattern of 210Po-210Pb disequilibrium in the sub-surface waters
of the central and eastern Indian Ocean along the GEOSECS track. In intermediate
and deep waters, dissolved 210Po/210Pb activity ratios do not exhibit any significant
temporal and spatial variations (figure 5). Below 500 m depth, dissolved 210Po/210Pb
ratio averages around 0-7 + 0T indicating that preferential removal of 210Po (relative
to 210Pb) onto particulate matter extends all through the water column.
The distribution of 210Po between the dissolved and particulate phases can be
understood based on its activity in these two phases (table 3). The measured particulate
210Po activity in the profiles H-13, F-ll, E-13 and A-12 have large errors due to the
ingrowth of 210Po (from 210Pb) during the prolonged storage of samples in the
laboratory. However, samples collected from Stn E-12 were analysed immediately
on their return to the laboratory. The data show that a systematic 210Po depletion
(relative to 210Pb) occurs, within the top 50 m, in the particulate phase (table 3). The
210Po/210Pb activity ratios are significantly less than one, and the particulate 210Po
values range from about 01 to 0-6 (figure 6). Also, the particular 210Po activity
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accounts for only 10 to 30% of the dissolved activity. A distinct deficiency of total
210Po (dissolved + particulate) observed at Stn E-12 suggest that the standing crop
of 210Pb is greater than that of 210Po. Similar deficiency of 210Po in particulate phase
was reported by Chung and Finkel (1988) at some of the stations along the GEOSECS
track in the western Indian Ocean.
4.2c 210Po Scavenging rates: Using a simple box model calculation (similar to that
discussed in section 4.1c), the mean residence time of dissolved 210Po with respect
to scavenging by particles in the surface mixed layer and deep waters has been
computed. In the Arabian Sea, the integrated mean dissolved 210Po/210Pb activity
ratios in the mixed layer yield scavenging residence times of 103, 117 and 244 days
respectively at Stn M-12, K-ll and 1-15. Below 300 m, the calculated scavenging
residence time of 2l0Po at these sites is significantly higher relative to that in surface
waters, the values range from 1-3 to 3-4 years (Sarin et al 1994). The relatively shorter
residence time of 1-3 years is typical of the deep north-eastern Arabian Sea. As
discussed in the section 4.2a, the disequilibrium between 210Po and 210Pb is
significantly pronounced in the profile 2494. The mean dissolved activity ratio of 0-24
in the mixed layer yields a scavenging residence time of 63 days, which is about a
factor of two less than that derived for K-ll (Sarin et al 1994). Below 300m, the
integrated dissolved 2l0Po/2i0Pb activity ratio is 0-45 and the mean residence time
of 210Po with respect to its removal onto particles is only 0-4 years as compared to
1*3 years derived for K-ll. Such short residence time of 210Po in the deep Arabian
Sea, compared to ~4 years derived for the deep Atlantic (Bacon et al 1976) is
attributed to seasonal variations in the surface primary productivity that in turn
controls the chemical scavenging processes in the water column.
Sarin et al (1994) have modelled the regeneration of 210Po profile in the upper
~ 100m at Stn K-ll and calculated the vertical eddy-diffusion co-efficient ‘K’ and
the upward fluxes of N03 and P04 into the euphotic zone from its base. Such an
approach could not be extended to the profile 2494, when Site K-ll was reoccupied
during Feb. 1992. The characteristic 210Po regeneration was not observed below the
euphotic zone (figure 4). Prior to this study, temporal variations in the dissolved
activities of 210Po have been reported by Tanaka et al (1983). The large temporal
variations in the 2i0Po residence time, suggest that the steady-state conditions
assumed in box-model calculations are not strictly valid in the oceanic regions that
are characterized by large seasonal changes in biological productivity.
In the Bay of Bengal, the scavenging residence time of dissolved 210Po in the
surface waters (at Stn H-13, F-11, E-13 and A-12) is in the range of 130-160 days
similar to that observed in surface waters of the northern Arabian Sea. However,
unlike in the Arabian Sea, the latitudinal variations in removal rates are not
pronounced. This suggests that scavenging in the Bay of Bengal waters is more
uniform. It is important to note that the scavenging residence time of dissolved 210Po
at Stn E-12 and A-12 (reoccupied during Dec. 1991), is about a factor of two less
than that derived from the data for E-13 and A-12, sampled during March 1991.
This observation reemphasizes temporal variations in scavenging processes and the
requirement to use non-steady-state models for studying particle-associated processes.
In the intermediate and deep waters, dissolved 210Po/210Pb activity ratio (~0-70) is
quite uniform all through the north-central region. This yields a residence time of
about 1-3 years in the deep Bay of Bengal. A close similarity between the scavenging
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rates derived for the two basins suggests that particulate abundance rather than its
chemical nature dominates scavenging processes in the water column.
4.3 226Ra profiles
The data on vertical profiles of 226Ra measured in the Arabian Sea and Bay of Bengal
are presented in table 4. The surface water 226Ra concentrations in the Arabian Sea
range from (6-0 ± 0-5) to (8-3 ± 0-3)dpm/100kg. In the Arabian Sea, the only published
data for 226Ra are the profiles at GEOSECS Stn 416 and 417 (Chung and Finkel
1987). The surface 226Ra activities at M-12 and K-ll are about 1 to 2dpm/100kg
higher than those at 1-15 and GEOSECS Stn 416, 417. It has been suggested that the
lateral transport of 226Ra from slope sediments could lead to the higher concentration
at sites M-12 and K-ll (Sarin et al 1994). A noteworthy feature, at Stn 2500 and
2494 is the identical nature of 226Ra profiles with those at sites M-12 and K-ll except
for minor differences in near surface (^ 100 m) concentrations (table 4, figure 7).
The 226Ra profiles in the Bay of Bengal (table 4, figure 7) are similar to those from
the Arabian Sea (Sarin et al 1994) and from the equatorial Indian Ocean (Cochran
et al 1983; Ostlund et al 1987) but for the higher activities of 226Ra in surface waters.
Its activity in the surface waters of the Bay ranges from 10-7 + 0-7 to 17-3 +
0-7dpm/100kg. This is attributed to the enhanced input of 226Ra via rivers to the
Bay of Bengal. The surface salinities in the Bay of Bengal are significantly lower than
those in the Arabian Sea. Based on the Ra isotope measurements in the GangaBrahmaputra system, Carroll et al (1993) estimated that 9-5 x 1014dpm of 226Ra is
released into the Bay of Bengal annually through the process of desorption from the
fluvial sediments.
The most striking feature observed in all the profiles of the Bay of Bengal (table 4,
figure 7) is the 226Ra minimum at ~ 100 m. At GEOSECS Stn 446, Cochran et al
(1983) reported 226Ra value of ~13dpm/100kg in surface waters and a similar
minimum in 226Ra concentration within top ~ 200 m. Below 100 m, all profiles have
comparable activities of 22bRa and its distribution is essentially identical (figure 7).
The 226Ra activity at ~ 100-200 m depth is about 9dpm/100kg and the waters at
this depth have salinities in the range of 34-5 to 35-3%o. Both the equatorial Indian
Ocean and Arabian Sea surface waters that circulate into the Bay of Bengal (Shetye
et al 1993) have salinities and 226Ra content quite similar to the waters at 100-200 m
in the Bay. It appears that mixing of waters of thermocline region of the Bay of
Bengal can be conveniently studied using 228 226Ra alongwith standard physical
oceanographic parameters.
4.4 210Pb-226Ra disequilibrium
4.4a Arabian Sea: The 210Pb and 226Ra profiles collected from the Arabian Sea are
shown in figure 7. The data from Stn 2494 and 2510 are given in table 2, rest are
from Sarin et al (1994). A common feature of the data is that 210Pb activities are in
gross deficiency with respect to 226Ra except in surface waters at site K-ll where
210Pb is in excess of 226Ra. However, this excess 210Pb is not observed in the profile
2494 (reoccupation of K-ll).
The 210Pb concentration in surface waters of the ocean is mainly derived from the
atmospheric sources. The deficiency of 210Pb observed in surface waters of the Arabian
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Sea is unlike its excess concentration (over 226Ra) which is often observed in the
open-ocean surface waters (Bacon et al 1976; Nozaki et al 1976). This suggests that
either the atmospheric 210Pb flux is relatively small or the scavenging of 210Pb in
surface waters of the Arabian Sea is extremely rapid. Sarin et al (1994) have shown
that the standing crop of 210Pb excess (i.e. 210Pb derived from atmospheric fall-out)
is about 2, 4 and 8dpm/cm2 at Stn M-12, K-ll and 1-15 respectively. These derived
values are significantly lower than the expected 210Pb standing crop of about
30dpm/cm2 in the water column at these sites. Based on this observation. Sarin et al
(1994) have suggested that about 70-90% of the 210Pb supplied via atmospheric
deposition has been removed by scavenging processes in the water column. The
scavenging residence time for 2l0Pb in the mixed layer, with respect to atmospheric
input of ~ 1 dpm/cm2/yr, is calculated to be about 150 days.
The 210Pb/226Ra activity ratios range from 0*27 to 1-34, the low values occurring
in the intermediate and deep waters. Also a systematic northward decreasing trend
in the 210Pb/226Ra ratio can be seen from the data for profiles M-12, K-ll and 1-15
(table 2, Sarin et al 1994). The mean 210Pb/226Ra activity ratios in waters below
300m at M-12, K-ll and 1-15 are 0-3, 0-34 and 0*44 respectively. Using a steady-state
box-model calculation described earlier, the scavenging time of 210Pb with respect
to its removal onto particles is estimated to be ranging from 14 to 25 yrs at these
locations (Sarin et al 1994); which is less than that reported for the deep Atlantic and
Pacific (Bacon et al 1976, Nozaki and Tsunogai 1976). Similar to the enhanced 210Po
scavenging at the core of the denitrification layer (200-500 m depths at Stn M-12
and K-ll), the 210Pb scavenging also seems to be affected as evident from its constant
deficiency at these depths. A composite pattern of the 210Pb distribution (figure 7)
at intermediate depths shows that the dissolved activity of 210Pb varies within a range
of ~ 3*5—5*5 dpm/lOOkg at all stations.
The extent of temporal variation in the distribution of dissolved 210Pb can be
gauged by comparing the data from profiles K-ll and 2494 (table 2). Data from
profile 2494, indicate pronounced 210Pb deficit (relative to 226Ra) below 100 m depth.
The 210Pb deficit ranges from ~ 5 dpm/lOOkg at 100m to ~ 18 dpm/lOOkg at 2000m.
This is because the dissolved 210Pb activities below 100 m depth have remained fairly
uniform (3*5 to 5*3dpm/lOOkg, table 2). The particulate 210Pb is about 5% of the
dissolved 210Pb (table 2, figure 8). The increased deficiency of dissolved 210Pb with
depth is not balanced by increase in the particulate 210Pb activity. In near-surface
waters, the total 210Pb activity (dissolved + particulate) at Stn 2494 is less than that
of 226Ra, suggesting removal of 210Pb by settling particles. In the central Arabian
Sea, at Stn 2510 (table 2), total 210Pb activities in surface waters are ~ 50% higher
than those at northern stations (M-12, K-ll and 2494). The total 210Pb activities in
surface waters, when compared with 226Ra profile at nearby Stn 1-15, show excess
of 210Pb over 226Ra, quite similar to that observed in other oceanic areas. Also, the
210Pb deficiency in deep waters of the central Arabian Sea is less pronounced compared
to that in northern regions.
4.4b Bay of Bengal: The dissolved and particulate 210Pb data for the vertical profiles
in the Bay of Bengal are given in table 3. A composite plot of all dissolved 210Pb-226Ra
profiles is shown in figure 7 and the common features are: (1) The dissolved 226Ra
activities below 100 m and their variations with depth are almost identical (figure 7).
(2) The dissolved 210Pb activities in surface waters range from (9T ± 0-3) to (15*6 ± 0-4)
dpm/lOOkg (table 3). A systematic northward decreasing trend in surface 210Pb
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activities is quite evident, the lower values occurring in the northern most Stn H-13
and F-l 1 (table 3). The surface 210Pb activities at southern locations (A-12, E-12) are
generally about 60% higher. This implies that either the atmospheric 210Pb flux is
relatively small at northern locations or the removal rate of 210Pb is significantly
enhanced. This removal processes may be associated with the enhanced input of
fluvial sediments via rivers (which may act as efficient scavengers) and/or the 210Pb
uptake at the shallow sediment/water interface. (3) The dissolved 210Pb activities,
below 100 m, exhibit a pronounced deficiency with respect to 226Ra (figure 7), the
values range from about T5 to 6*5dpm/100kg. The relatively low values occurring
in the deep waters of the northern Bay of Bengal, indicate intense scavenging similar
to that in the surface waters.
The dissolved 210Pb activities in the surface waters of the Bay of Bengal are
significantly higher than those in the Arabian Sea. However, its activity in deep waters
is almost a factor of 2 to 3 less than that in the northern profiles (M-12, K-ll, 2494)
of the Arabian Sea (figure 7). This is clearly evident from the data for E-12 profile
where the dissolved 210Pb activities are uniformly low all through the water column
(table 3, figure 7). Station E-12 was sampled during the post-monsoon conditions in
the Bay of Bengal, when the abundance of fluvial sediments is expected to be high.
Data collected from time-series sediment traps deployed at two depths (809 and
1750 m) in the northern Bay of Bengal show that the maxima in total particulate
matter fluxes occur during July-September. This is due to the lateral input or
scavenging of sediments derived from the delta and shelf regions which are resuspended
with increasing water discharge of Ganga-Brahmaputra (Reemtsma et al 1993). The
pronounced deficiency of 210Pb can also be ascertained by taking its activity difference
with 226Ra (i.e. 210Pb-226Ra). For E-12 Stn, at 2000-2500 m depth, the water column
activity difference is about 22dpm/100kg. Cochran et al (1983) have reported similar
observations for Bay of Bengal GEOSECS Stn 446, where the activity difference is
30dpm/100kg at the bottom-most depth of ~ 3000 m. These observed values are
comparable to some of the high productivity areas such as the Gulf of California
(Bruland et al 1974) and Santa Barbara Basin (Krishnaswami et al 1975).
The particulate activities of 210Pb in all the profiles have generally ranged between
1 to 30% of its dissolved activities (table 3, figure 8). However, at Stn E-12, the
particulate 210Pb activity varied from ~ 5 to 70% of the dissolved activity. The
extremely low activities of 210Pb in the dissolved phase (figure 7), at depths 200-300 m
of the E-12 profile, are somewhat balanced by the increase in particulate 2I0Pb
activities. Unless a very rapid mechanism of particle sinking is evoked, the particulate
210Pb profiles and the observed gross deficiency will not be consistent with the
steady-state scavenging models. Also, the temporal variations in the distribution of
210Pb activities between the dissolved and particulate phases can be seen by comparing
the data from E-13 and E-12, collected during different seasons (table 3, figures 7, 8).
At E-12 the decrease in dissolved 210Pb activity is paralleled by increase in particulate
activity.
The extent of 210Pb-226Ra disequilibrium in the water column reveals that the
penetration depth of excess 210Pb (derived from atmospheric sources) ranges from
about 200 to 800m, the lower values are found in the northern stations (H-13, F-l 1).
This is in marked contrast to the observations reported for central Indian Ocean
and Pacific Ocean (Cochran et al 1983; Nozaki et al 1976). If the atmospheric input
of 210Pb is considered to be ~ 1 dpm/cm2/yr, then the removal residence time of

128

M M Sarin, R Rengarajan and B L K Somayajulu
1.6
«
V
T
□
■

T3

e

k.
«

o> 1.2

0.8

X)
CL

o

10% /

*

-

;*
•'

3

E-12

/

m

s

CM

2

F-1 1
E-13

/'

■ :
• v /
i
i
■ •'#
■ ;■
/ ▼
m

8

E

"D

H -1 3

30X;

o
o
a

2494

0.4
>

O
!
k.

o

CL

/
0.0

.

/

*
° %
V □ '
DO .
T
•*
•

V

-

•

y

▼
-''”

° V
o

a ® ® _

—

©

i
8

1%
12

16

Dissolved 2 °Pb (dpm/100 kg)

Figure 8. Comparison between particulate 210Pb and dissolved 210Pb activities. Most of
the data fall between 1% and 30% lines indicating that particulate 210Pb activities are less
than 30% of its dissolved activities. In E-12 profile, as much as 70% of the dissolved 210Pb
activity is seen in the particulate phase.

excess 210Pb in surface waters of the northern Bay of Bengal is comparable to that
derived for the northern Arabian Sea. Using the steady-state scavenging model, the
scavenging residence time of dissolved 210Pb in deep waters ranges between 6 to 10
years. It is interesting to note that the residence time of 2i0Pb in deep waters, during
the sampling period of E-12, is ~ 4 years. This residence time is about a factor of
two less than that derived for other stations sampled during Mar. 1991. Although
the steady-state conditions assumed are not valid, these calculations suggest that an
intensive scavenging and rapid removal of 210Pb occurs in the deep waters of the
north Bay of Bengal.

5. Conclusions
The naturally occurring daughter-parent pairs such as 234Th-238U, 210Po-210Pb and
210Pb-226Ra are potential tracers for studying the particle-associated scavenging
processes in the ocean water column. We have analysed several vertical profiles of
these nuclides in the eastern Arabian Sea and north-central Bay of Bengal. The
important results of this study are:
1. a) Deficiency of dissolved 234Th, relative to 238U, extends all through the water
column over the sampling depths, whereas the activity of total 234Th is in equilibrium
with 238U at depths below 200 m in the Arabian Sea.
b) In the Arabian Sea and Bay of Bengal, the integrated mean dissolved 234U/238U
activity ratios in the mixed layer are 0-55 and 0*65 and the scavenging residence
times of 234Th are 45 and 65 days, respectively. However, the large temporal
variations in the activity ratios suggest that the steady-state conditions are not
strictly attained in the water column.
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2. The surface water 226Ra concentrations in the Bay of Bengal are generally a factor
of two higher than those in the Arabian Sea. This is attributed to the enhanced
input of dissolved 226Ra, via rivers, to the Bay of Bengal. Below 100m, 22bRa
profiles in the Bay of Bengal are essentially identical.
3. a) The vertical profiles show a gross deficiency of 210Po and 210Pb all through
the water column relative to their respective parent nuclides, 210Pb and 22bRa.
The deficiencies of 210Po and 210Pb are somewhat pronounced in the Bay of
Bengal. A characteristic regeneration of 210Po in the Arabian Sea, as seen in a
sub-surface layer maximum centered at ~ 100 m, seems to be a seasonal
phenomena.
b) The deficiencies of 210Po and 210Pb in the dissolved phases is not balanced by
the enrichment in the particulate phases, indicative of enhanced removal of both
the nuclides by rapidly settling particles in both these basins. The mean dissolved
210Pb/226Ra activity ratio in the deep water of the Bay of Bengal is 0T based on
which the removal residence time of 210Pb is ~4yrs. Although the steady-state
conditions are not strictly valid, these calculations provide information on the
removal rates of reactive tracers. It is suggested that the fluvial sediments of the
Bay of Bengal are efficient scavengers of 210Pb relative to the biogenic particles
in the Arabian Sea.
4. In the world oceans, Bay of Bengal and eastern Arabian Sea appear to be the
regions of the most intense particulate scavenging processes as evidenced by the
lowest ratios of 234Th/238U, 210Po/2i0Pb and 210Pb/22bRa.

APPENDIX
Table 1. 234-Th and 238-U results from cruises in the Arabian Sea and Bay
of Bengal.
Depth
(m)

2500
2
25
50
75
100
125
150
175
200
250
300
400
500
700
1000
1500
2000

S
(%o)

234-Th
(dpm/1)

238-U
(dpm/1)

Arabian Sea
(21°N,66° 56'E)$, Date: 15.2.92, Water depth: 2300 rrs
2-48 ± 0-07
1-11+0-06
36-42
2-49 ± 0-07
1-06 + 006
36-60
2-50 + 0-07
1-85 + 0-09
36-76
2-50 ± 0-07
1-43 + 0-07
36-70
2-48 ± 0-07
1-48 + 0-10
36-43
2-47 ± 0-07
1-59 + 0-12
36-24
2-46 ± 0-07
1-54 + 0-08
36-06
2-45 ± 0-07
1-60 + 010
36-01
2-45 ± 0-07
2-40 + 0-11
35-96
2-46 ± 0-07
2-40 + 015
36-07
2-45 ± 0-07
2-30 + 0-10
3603
2-45 ± 0-07
2-21+0-13
35-91
2-44 ± 0-07
2-61+0-11
35-78
2-43 ± 0-07
2-46 + 015
35-59
2-41+0-07
2-30 + 0-10
35-39
2-39 ± 0-07
2-35 + 0-10
35-06
2-37 ± 0-07
2-35 + 0-14
34-82

234-Th/238-U
A.R.

0-45 ± 0-03
0-43 ± 0-03
0-74 + 0-04
0-57 ± 0-03
0-60 ± 0-04
0-64 ± 0-05
0-63 ± 0-04
0-65 ± 0-05
0-98 ± 0-05
0-98 ± 0-05
0-94 ± 005
0-90 ± 006
1-07 + 0-06
1-01+0-07
0-95 ± 0-05
0-98 ± 0-05
0-99 ± 0-07
('Continued)
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Depth
(m)

(Continued)
S
(%o)

234-Th
(dpm/1)

238-U
(dpm/1)

234-Th/238-U

A.R.

2510 (10°N, 67°E)$, Date: 24.2.92, Water depth: 4407 m
2
25
50
75
100
150
200
250
400
600
1000
2000

35-61
35-60
35-60
36-27
36-31
35-45
35-30
35-24
35-28
35-28
35-22
34-81

1-70 ±0-08
1 62 ± 0-10
1-76 ±0-09
1-66 + 0-08
2-25 ±014
2-27 + 0-14
2-49 ±0-11
2-26 + 0-14
2-26 ±0-10
2-20 ±0-13
2-25 ±0-10
2 45 ±0*15

2-43 ± 0-07
2-42 ± 0-07
2-43 ±0 07
2 47 ±0-07
2-47 ± 0-07
2-41 ±0-07
2-40 ±0-07
2-40 ±007
2-40 ± 0-07
2-40 ± 0-07
2-40 ±0-07
2-37 ± 0-07

0-70 ± 0-04
0-67 ± 0-05
0-72 ± 0-04
0-67 ± 0-04
0-91 ±0-06
0-94 ± 0-06
1-04 ±0-06
0-99 ± 0-06
0-94 ± 0-05
0-92 ± 0-06
0-94 ± 005
1-03 ±0-07

Bay of Bengal
H-13 (18 N, 88° 58 E)*, Date: 153.91, Water depth: 2150 m
5
25
50
100
150
200
350
550
950

32-18
32-17
32-95
34-64
34-88
34-96
35-00
34-99
34-92

1-69 ±0-07
1-71 ±0-08
1-59 ±0-06
1-78 ±0-08
1-79 ±0-07
1-44 + 0-07
1 66 ±0-06
1-85 ±0 09
1-91 ±009

2-27 ±0-06 +
2-20 ±0-06
2-25 ±0-07
2-41 ±0-06 +
2-38 ± 0-07
2-38 ±0-07
2-38 ± 0-06 +
2-38 ± 0-07
2-47 ± 0-07 +

0-74 ± 0-04
0-78 ± 0-05
0-71 ±0-03
0-74 ± 0 04
0-75 ± 0-04
0-61 ±0 04
0-70 ± 0-03
0-78 ± 0-04
0-77 ± 0-05

F-ll (16° 27 N, 86° 57 E)*, Date: 20.3.91, Water depth: 2650 m
5
50
100
150
200
300
500
1000

32-10
33-76
34-51
34-77
34-89
34-99
35-00
34-90

1-71
1-37
1-45
1-88
1-85
1-74
1-52
1-90

±0-06
±0-07
±0-06
±0-08
±0 09
±0-07
±0-08
±0-07

2-22 ± 0-06 +
2-30 ± 0-07
2-35 ±0-06 +
2-37 ± 0-07
2-38 ± 0-07
2-38 ± 0-07
2-38 ± 0-07
2-38 ±0-07

0-77 ± 0-04
0-60 ± 0-04
0-62 ± 003
0-79 ±0-04
0-78 ± 0-04
0-73 ± 0 04
0-64 ± 0-04
0-80 ± 0-04

E-13 (14° 48'N, 85° 13 E)*, Date: 243.91 Water depth: 3010 m
5
50
100
150
200
300
500
760

32-25
33-22
34-66
34-88
34-95
35-00
34-99
34-95

1-62 ±0-08
1-54 ±0-06
1-80 ±0-09
1-59 ±0-06
1 63 ±0-08
1-84 ±0-09
1-70 ±0-07
1-70 ±0-08

2-20 ± 0-06 +
2-26 ± 0-06
2-36 ±0-07
2-38 ±0-07
2-38 ±0-07
2-38 ± 0-07
2-38 ± 0-07
2-38 ±0-07

0-74
0-68
0-76
0-67
0-68
0-77
0-71
0-72

± 0-04
± 0-03
± 0 04
± 0-03
± 0-04
± 0-04
±0 04
± 0-04

E-12 (15° 34 N, 84° 38 E)*, Date: 13.12.91 Water depth: 2980 m
2
20
40
60

3206
32-75
33-94
34-51

1-29 ±0-08
1-55 ±0-07
0-88 ± 0-06
1-44 ±0-07

2-22
2-23
2-31
2-35

± 0-06 +
± 0-07
±0-07
± 0 07

0-58 ± 0-04
0-70 ± 0-04
0-38 ± 0-03
0-61 ±004
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(m)
80
100
150
200
300
500
700
1000
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(Continued)
S
(°/oo)
34-70
34-87
34-96
34-98
35-02
35-01
34-98
34-92

234-Th
(dpm/1)
1-84
1-54
1-59
1-32
1-48
1-74
1-78
1-85

+ 0-12
+ 0-08
+ 010
+ 0-07
+ 0-10
+ 0-09
+ 0-11
+ 0-12

238-U
(dpm/1)
2-36
2-38
2-38
2-38
2-39
2-39
2-38
2-38

234-Th/238-U
A.R.

± 0-07
± 0-07
± 0-07
± 0-07
± 0-07
± 0-07
± 0-07
± 0-07

0-78 + 0-06
0-65 ± 0-04
0-67 ± 0-05
0-55 ± 0-03
0-62 ± 0-05
0-73 ± 0-04
0-75 ± 0-05
0-78 ± 0-06

C-12 (14°N, 83°E)* Date: 8.12.91, Water depth: 3300 m
2
33-82
1-45 + 0-07
2-30 ± 0-07
25
33-82
1-39 + 009
2-30 ± 0-07
50
33-83
1-13 + 0-06
2-31+0-07
75
34-97
1-78 + 0-12
2-38 ± 0-07
100
34-94
1-61+0-07
2-38 ± 0-07
125
34-90
1-55 + 0-09
2-38 ± 0-07
150
34-94
1-33 + 0-06
2-38 ± 0-07
175
34-96
1-60 + 0-10
2-38 ± 0-07
200
1-52 + 0-07
34-98
2-38 ± 0-07
250
35-02
1-37 + 0-08
2-39 ± 0-07
35-04
300
1-64 + 0-07
2-39 ± 0-07
400
35-02
1-30 + 0-08
2-39 ± 0-07
500
35-02
1-41+0-06
2-39 ± 0-07
700
34-98
1-75 + 0-11
2-38 ± 0-07
1000
34-92
1-66 + 0-08
2-38 ± 0-07

0-63 ± 0 04
0-60 ± 0 04
0-49 ± 0-03
0-75 ± 0-06
0-68 ± 0-04
0*65 ± 0-04
0-56 ± 0-03
0-67 ± 0 05
0-64 ± 0-04
0-57 ± 0-04
0-69 ± 0 04
0-55 + 0 04
0-59 ± 0-03
0-73 ± 0-05
0-70 ± 0-04

$In the Arabian Sea, 234Th measurements made on unfiitered samples thus
representing total activity, see figure 2. Stn 2500 (figure 1) is similar to M-12
sampled by Sarin et al 1994.
* Results from Bay of Bengal represent 234Th activity measured on filtered
samples, figure 3.
+ Indicates measured activity of 238U, all other values are calculated from
238U salinity relation [238U(dpm/l) = 0-06813 x S%o], Sarin etal 1992,1994).
Table 2.

210-Po and 210-Pb results from Arabian Sea.
210-Pb (dpm/100 kg)

Depth
(m)

210-Po (dpm/lOOkg)
Dissolved

Dissolved

Particulate -1-

2494 (18°N, 70° 6'E)*, Date: 10.2.92, Water depth: 2500 m
61+0-2
0-22 ± 0-02
1-5 + 01
2
1-6 ±0-1
7-0 ± 0-3
0-26 ± 0-02
20
6-9 ±0-2
0 04 ± 0-01
40
3-5 ± 0-2
4-5 ± 0-2
0-26 ± 0-02
1-4 + 01
60
80
100
125
150
175
200
225

1-2 + 01
11 + 0-2
1-0 + 01
1-7 + 01
0-74 + 0-13
0-84 + 0-12
0-51+0-12

5-2 ± 0-2
5-5 ±0-2
4-8 ±0-2
4-9 ± 0-2
4-9 ± 0-3
4-6 ± 0-2
3-9 ± 0-2

0-11+0-01
0-14 + 0-02
0-14 + 0-01
0-28 ± 0-02
0-19 + 0-02
0-14 + 0-02
0-11+0-01

210-Po/210-Pb
Dissolved A.R.

0-25 + 0-02
0-22 ± 0-02
0-51+0-03
0-32 ± 0-03
0-22 ± 0-02
0-20 ± 0-03
0-21+0-03
0-35 ± 0-03
0-15 + 0-03
018 + 0-03
0-13 + 0-03
(Continued)
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Depth
(m)
250
300
400
700
1000
1500
2000

(Continued)

210-Po (dpm/100kg)
Dissolved

210-Pb(dpm/100 kg)
--Dissolved
Particulate +
3-9
3-8
3-5
4-3
4-5
4-5
5-3

0-75 ±0-10
0-88 ±0-12
1-3 ± 0 2
1-6 ±0-2
2-3 ±0-2
2-5 ± 0-2
3-4 ± 0-2

±0-2
±0-2
±0-2
±0-2
±0-2
±0-2
±0-2

210-Po/210-Pb
Dissolved A.R.

0-13 ±0 02

0-19 ±0-03
0-23 ± 0-03
0-36 ± 0-05
0-38 ± 0 04
0-51 ±005
0-55 ± 0 04
0-64 ± 0-04

2510 (10°N,67 "E)$, Date: 24.2.92, Water depth: 4407 m
10-7 ±0-3
2
113 ±0-3
25
10 5 ± 0-3
50
10-4 ±0-2
75
100
7-5 ± 0-2
7-7 ±0-2
150
7-1 ±0-2
200
7-2 ±0-2
250
7-0 ±0-2
400
7-6 ±0-2
600
1000
8-4 ±0-2
12-2 ±0-3
2000
+ Activity on particulate phases is expressed as volume of filtered water.
*Stn. 2494 (figure 1) is similar to K-ll sampled by Sarin et al 1994.
$210-Pb activity is measured on unfiltered samples.
Table 3.
Depth
(m)

210-Po and 210-Pb results from cruises in the Bay of Bengal.
210-Po (dpm/lOOkg)
Dissolved
Particulate +

210- Pb (dpm/100 kg)
Dissolved
Particulate -1-

210-Po/210-Pb
Dissolved A.R.

H-13 (18°N, 89°E)*
5
25
50
100
150
200
350
550
950
1450
1750
2050

3-7 ±0-1
3-8 ±0-1
4-8 ± 0-2
5-9 ± 0-2
2-6 ±0-1
18 ± 0-1
20 ±0-1
2-0 ±0-1
1-7 ±0-1
1-6 ± 0-1
1-7 ±0-1
2-3 ±0-1

0-19 ±0-05
0-21 ±0-07
0-71 ±008

0-18 ±0-08
0-05 ±0 06
0-16 ±0-07

9-6 ± 0-3
11*3 ± 0-4
11-0 ±0-3
6-9 ± 0-2
3-0 ±0-3
2-3 ±0-1
2-9 ±0-1
2-7 ±0-1
2-6 ±0-1
2-6 ±01
3-3 ± 0-1
3-4 ±0-1

0-25 ±0-04
0-18 ±0-03
0-42 ±0 05
0-21 ±0-03
0-33 ± 0-03
0-92 ±0-05
0-32 ± 0-03
0-50 ±004
0-41 ± 0-03

0-39 ± 0-02
0-34 ±0-01
0-44 ± 0-02
0-86 ± 0-04
0-87 ± 0-09
0-78 ± 0-05
0-69 ± 0 04
0-74 ± 0-05
0-65 ± 0 04
0-62 ± 0-04
0-52 ±0-03
0-68 ±004

9-1
12-6
11*8
5-8
3-4

0-24 ± 0-03
0-21 ±0-03
0-37 ± 0-04
0-21 ±0-03
0-28 ±0-04

0-41 ± 0-02
0-42 ± 0 02
0-42 ± 0-02
0-67 ± 0-03
0-59 ± 0-03

F-ll (16°27'N,86°57'E)*n
5
50
100
150
200

3-7 ±0-1
5-3 ± 0-2
5-0 ±0-1
3-9 ±01
2-0 ±01

0-22
0-83
0-72
0-03
0-03

± 0-06
±0-13
±0-10
± 0-05
± 0 06

±0-3
±0-4
± 0-4
±0-2
±0-1
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(Continued)

Depth
(m)

210-Po (dpm/100 kg)
Dissolved
Particulate +

300
1000
1500
2000
2300
2500

1-6 + 01
2-3 ±0-1
2-1+01
2-9 ±0-1
3-2 ±0-1
2-8 ±0-1

E-13 (14°48'N, 85° 13'E)
5
3-7 ±0-1
5-6 ±0-2
50
100
9-3 ±0-3
150
3-4 + 01
200
2-3 ±0-1
1-7 + 01
300
1-8 + 01
500
1-6 + 01
760
3-2 ±0-1
1200
1560
2-8 ±0-1
2000
31+0-1
2360
3-0 + 01
3-4 ±0-1
2600
2-9 ±0-1
2860
A-12 (1 IN, 83° 54 E)*
4-9 ± 0-2
5
5-2 ± 0-2
50
3-5 ±0-1
100
1-3 + 01
200
2-0 + 01
400
1-9 + 01
700
2-8 ±0-1
1000
5-1 ±0-2
1500
4-1 ±0-2
2780
A-12 (11°N,84°E)**
3-7 ±0-1
2
3-8 + 01
20
4-3 ±0-1
40
7-1 ±0-2
60
10-2 + 0-3
80
61+0-2
100
5-5 ±0-2
125
4-3 ±0-1
150
3-8 ±0-1
175
3-6 ±0-1
200
3-6 ±0-1
250
3-6 ±0-1
300
2-7 ±0-1
400
2-6 ±0-1
500
2-8 ±0-1
700
2-8 ±0-1
1000
3-6 ±0-1
1500

0-11 ±0-06
0-31 ±0-08
0-90 ±011

210-Pb(dpm/100kg)
Dissolved
Particulate +

210-Po/210-Pb
Dissolved A.R.

2-3 + 0 1
3-6 ±01
3-3 ±0-1
4- 9 + 0-2
5- 0 + 0-2
4-4+ 0-1

0 31 ±003
0-48 ± 0-05
0-70 + 0-05

0-70 + 004
0-64 ± 0 03
0-64 + 0 04
0-59 ± 0 03
0-64 ± 0-03
0-64 ± 0-03

10-3 + 0-3
10-6 + 0-4
6-3 ± 0-2
30 + 0-1
2-8 ±0-1
2-6 + 01
3- 3 + 01
2- 9 ±0-1
4- 3 + 01
4-1+01
4-5 ± 0-2
4-2 ±0-1
4-7 ± 0-2
3- 5 ±0-1

0 15 + 0-03
0-20 + 0-03
0-10 + 0-03
0-37 + 0-04
0-46 ± 0-04
0-36 ± 0-04
0-41 +0-05
0-26 ± 0-04
0-54 + 0-06

0-36 + 0-01
0-53 + 0-03
1-48 + 007
1-13 + 0-05
0-82 ± 0 05
0-65 ± 0-05
0-55 + 0-03
0-55 ± 0-04
0-74 + 0-03
0-68 ± 0-03
0-69 ± 0 04
0-71+0-03
0-72 ± 0-04
0-83 ± 0-04

12- 1+0-4
13- 1+0-4

0-71 +0-07
0-38 ± 0 05
0-48 + 0-07
0-71 +0-05
0-51 +0-04
0-55 + 0-04
0-70 + 0-14

0-40 + 0-02
0-40 ± 0-02
0-32 + 0-01
0-43 + 003
0-54 + 003
0-61 +0-04
0-74 + 0-03
0-80 ± 0 04
0-72 ± 0-04

10-8+0-2
3-0 + 01
3-7 ±0-1
3-1+01
3-8 ±0-1
6-4 ± 0-2
5-7 ± 0-2
15-6 + 0-4
15-6 + 0-4
13-9 + 0-5
10-5 + 0-4

±0-2
± 0-2
5-7 ± 0-2
5-5 ±0-2
5-1 ±0-2

8-1
6-2

4- 9 ± 0-2
5- 2 ±0-2
50 + 0-1
5-2 ± 0-2
4-1+01
4-7 ± 0-2
4- 7 ±0-2
5- 3 ± 0-2

0-24 ± 0-01
0-25 ± 0-01
0-31+0-02
0-68 ± 0-04
1-26 + 0-05
0-99 ± 0-04
0-96 ± 0 04
0-78 ± 0-04
0-75 ± 0-03
0-75 ± 0-03
0-70 ± 0-03
0-72 ± 0-03
0-52 ± 0-03
0-63 ± 0-03
0-60 ± 003
0-59 ± 0 03
0-68 + 0-04
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(Continued)
210-Pb(dpm/100kg)
Dissolved
Particulate +

210-Po (dpm/lOOkg)
Dissolved
Particulate +

Depth
(m)
2000
2500
3000

0-68 ± 0-04
0 61 ±0-03
0-64 ± 0-03

6-7 ± 0-2
5-0 ± 0-2
51+0-2

3-6 + 01
31 ±01
3-3 ±0-1

210-Po/210-Pb
Dissolved A.R.

E-12 (15° 34'N, 84 38'E) **
2
20
40
60
80
100
125
150
175
200
250
300
400
500
700
1000
1500
2000
2500

3-3 ± 0 1
36±0 1
3-2 ± 0 1
2-3 ± 0 1
1-9 + 01
1-3 + 01
1-2 + 01
1-1 ±01
1-1+005
0-9 + 005
1-0 ±0-05
1-4 + 0-1
1-4 + 0 1
1-5 ± 0 1
15 ± 01
1-6 + 01
2-2 rh 0-1
1-5 ± 01
2-4 ±0-1

0-46
0-31
0-25
0-10
0-13

14-8 + 0-3
11-9 ±0-3
5-6+ 0-2
7-8 ± 0-2
5-1 ±0-2
3 3 ±0-1
3-4 + 01
2-3 ±0-1
1-9 + 01
1-4+ 0-1
1-7 ±0-1
1-7 + 01
2-3 ±0-1
30 ±0-1
15 ± 0 1
2-4+ 0-1
2-5 ±0-1
1-9 + 01
2-9 ±0-1

+ 0-04
±0-03
+ 0-03
+ 0-02
+ 0-02

0-17 ±0-03
0-13 + 0-03
0-26 ± 0-03
0-37 ± 0-04
0-26 + 0-03
0-12 ±0-03
0-22 ± 0-03
0-20 + 0-03
0-30 ± 0 04
0-47 ± 0-05
0-58 ±0-04
0-60 + 0-05
0-63 + 0-05

0-75 ± 0 04
0-57 + 0 04
0-60 + 0-03
0-52 + 0-03
0-43 ±0 03
0-51 ±004
0-64 + 0 04
0-66 + 004
0-98 + 005
0-94 + 0-05
0-73 ± 0-05
0-61 ±0-04
0-74 + 0-05
1-00 ±006
1-01 ±006
0-82 + 0-05
0-81+005
0-74 ± 0-06

0-23 ±0 01
0-30 ±001
0-57 ± 0 03
0-30 ± 0 02
0-36 ± 0 02
0-39 ± 0 03
0-35 ± 0-03
0-48 ± 0-04
0-56 ± 0 04
0-67 ± 0-05
0-62 ± 0 04
0-78 ±0-05
0-62 ± 0-04
0-52 ± 0-03
0-95 ± 0-07
0-67 ± 0 04
0-87 ± 0-05
0-81 ±0-05
0-83 ±0-05

+ Activity on particulate phases is expressed as volume of filtered seawater.
* Stations occupied during ORV Sagar Kanya Cruise #63 (Mar. 1991), see table 1.
** Stations reoccupied during ORV Sagar Kanya Cruise #70 (Dec. 1991). Station details
are given in table 1, water depth at Stn. A-12 is 3500 m.
Table 4.

Dissolved 226Ra data from Arabian Sea and Bay of Bengal1.
Arabian Sea

Depth2 (m)
0
25
100
300
400
500
700
1000
1200
1500
1800
2000
2500
3000
3850

M-12*
—

K-ll*
7-0 ± 0-4

1-15*

2500$

2494$

6-0 ± 0-5

7-8 ±0-3

8-3 ± 0-3

8-1 ± 0-7
10-6 ±0-4
12-1 ±0-5

8-1 ± 0-3
11-6 ±0-4

11-1 ± 0 5

8-2 ± 0-3
11-7 ± 0 5

—

—

—

—

11-7 ± 0-5

118 ± 0-6

—

11-5 ±0-3

—

—

15-1 ±0-8

—

—

—

15-7 ± 0 6

—

15 2 ± 0 6

—

15*4 ±0-6

—

14-7 ±0-4

—

—

—

20-5 ± 1-7

—

—

20-3 ± 0-8

—

—

20-7 ± 0-6

—

—

—

23-3 ± 1-3

—

21-7 ±0-8

—

23-0 ± 0-8

—

24-6 ± 1-7

—

—

—

—

—

—

—

—

—

—

—

—

—

—

9-3 ± 0-3

21-8 ± 1-8
25-7 ± 1-0

—

—

8-0 + 0-6
—

(Continued)
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(Continued)

Bay of Bengal
H-13 +
2
100
500
1000
1500
2000
2500

F-11 +

12-2 ±0-5
8-8 ± 0-4
14-2 ±0-5
14 4 ± 0-6
22-1+0-8

12*2
8-9
13-2
18-2

±0-5
±0-3
+ 0-6
+ 0-7

—

24 1 + 1-0
24-2 + 0-9

—

—

A-12 +

E-12 +

A-12 +

10-7 + 0-7
90 ± 0-4
12 9 ± 0*5

14-2+1-0
81 ±0-4
12-9 + 0-5
18-6 + 0-7
18-4 + 0-7
23-0 ± 0-9
24-9 ± 0-8

17-3 + 0-7
8-5 ±0-4
14-0+1-1
11-9 + 0-4
22-2+1-5
24-8 ± 0-9
25-3 + 10

—

21-7 + 0-9
—

26-2 + 1-1

'Concentration expressed as dpm/lOOkg sea water.
2 226Ra measured at selected depths.
*Data from figure 2 of Sarin et al 1994.
$Stn reoccupied during Feb. 92 similar to M-12 and K-ll (figure 1).
+ Stn occupied in the Bay of Bengal during Mar. and Nov. 1991 (details given in table 1,3).

Table 5.

Mean activity ratios and scavenging residence time

of Th.
Station No.

Depth interval
(m)

234-Th/238-U

t(days)

A.R.

Arabian Sea
M-12$
K-11S
1-15$
2500*
2510*

0-50
50-175
0-50
50-300
0-50
50-300
0-25
25-175
0-25
25-150

0-64
0-68
0-57
0-65
0-45
0-64
0-44
0-64
0-69
0 81

62
74
46
65
28
62
28
63
78
153

0-74
0-72
0-69
0-71
0-71
0-72
0-55
0-66
0-57
0-64

100
90
78
86
86
90
43
67
47
63

Bay of Bengal
H-13
F-ll
E-13
E-12
C-12

0-50
50-500
0-50
50-500
0-50
50-500
0-50
50-500
0-50
50-500

SData from Sarin et al (1994).
* Measurements made on unfiltered samples.
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The biogeochemical distribution of trace elements in the Indian Ocean

PAUL M SAAGER*
Free University, Department of Earth Sciences, De Boelelaan 1085, 1081 HV Amsterdam,
The Netherlands
The present review deals with the distributions of dissolved trace metals in the
Indian Ocean in relation with biological, chemical and hydrographic processes. The literature
data-base is extremely limited and almost no information is available on particle processes
and input and output processes of trace metals in the Indian Ocean basin and therefore
much research is needed to expand our understanding of the marine chemistries of most
trace metals. An area of special interest for future research is the Arabian Sea. The local
conditions (upwelling induced productivity, restricted bottom water circulation and suboxic
intermediate waters) create a natural laboratory for studying trace metal chemistry.
Abstract.

Keywords.

Geochemistry; trace metals; biogeochemistry; Indian Ocean; review.

1. Introduction
Modern trace element chemistry has been rooted firmly in the field of chemical
oceanography for over fifteen years now. LUtraclean methods both at sea and in the
laboratory, as well as highly sensitive analytical techniques have proven to be essential
in order to obtain reliable and oceanographically consistent trace element data (Boyle
et al 1976; Martin et al 1976; Bruland et al 1979; Schaule and Patterson 1981; and
reviews by Bruland 1983; and Burton and Statham 1990). Whether an element is to
be regarded as a major, a minor or a trace element is to a large degree arbitrary.
Here, trace elements are defined as having maximum dissolved concentrations below
1 //mol/kg in normal seawater.
This review deals with the distributions of trace elements in the Indian Ocean, an
area which, thus far, has received much less attention than the other oceans. In many
respects the Indian Ocean is a unique ocean basin. Surface waters of the northern
Indian Ocean are extremely productive and in the Arabian Sea, the remineralization
of the settling organic particles consumes so much oxygen that intermediate waters
have become suboxic. These conditions have a strong effect on watercolumn chemistry
with implications for the entire Indian Ocean. Secondly, the combination of this with
a complex bathymetry, dividing the Indian Ocean into various separate basins, creates
a pronounced oceanographical asymmetry, unrivalled by the other oceans. In terms
of global oceanic circulation, the Indian Ocean takes an intermediate position between
the Atlantic and Pacific Oceans, so that it is important to study the effects of regional
processes occurring in the Indian Ocean on global oceanographical processes.

* Present address - Grontmij A&T, P.O. Box 203, Environmental Department, 3730 AE, De Bilt, The
Netherlands.
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Another point of interest is the fact that the Indian Ocean is bordered by countries
with low industrial activities at present. In contrast to e.g. the north Atlantic Ocean
the Indian Ocean experiences little direct anthropogenic input. This situation is likely
to change in the near future however, as several countries in the region are currently
in a phase of fast economical growth. It is important to obtain a clear picture of the
distributions of trace elements in a still pristine marine environment, in order to be
able to forecast, interpret and hopefully avert the effects of increasing industrial and
urban activities in this area.
For the near future, the scientific isolation of the Indian Ocean will be alleviated.
Both the Joint Global Ocean Flux Studies programme (JGOFS) and the World
Ocean Circulation Experiment programme (WOCE) have planned expeditions in the
Indian Ocean in the nineties (at the moment of publication, JGOFS has already
carried out several cruises in the North-West Indian Ocean). In addition, the Indian
Ocean Marine Affairs Cooperative (IOMAC) is currently developing long-term
collaborative marine research projects, aimed at management of the marine
environment and marine resources of the Indian Ocean. It is against this background
that the present paper intends to give a state-of-the-art review on the biogeochemistry
of trace elements in the Indian Ocean. The literature database of trace elements in
the Indian Ocean is extremely small (about 20 references). Therefore this review will
also pay attention to topics of future interest.
For the Indian Ocean, our present knowledge of the distributions of trace elements
is virtually restricted to dissolved trace metals. Almost no information is available
about sources to and sinks in the Indian Ocean. The recent (and only) study of the
chemical composition of atmospheric particles in the Indian Ocean (Chester et al
1991) allows tentative flux estimates of trace metals to surface waters. The few studies
on the elemental composition of rivers in this area do not allow the calculation of
a net flux of dissolved or particulate components into the Indian Ocean. Most of the
published data for the open Indian Ocean have been obtained from four cruises. The
first data were obtained during the Soviet expedition on board R.V. ‘Akademik
Kurchatov’ in April-June 1976 (Danielsson 1980). During the Indian Ocean GEOSECS
expeditions of 1977-1978 the distributions of Se (Measures et al 1983), Ba (unpublished)
and the natural radiotracers 226Ra, 210Pb and 210Po were studied (Cochran et al
1983; Chung 1987a, b; Chung and Finkel 1988). During the Dutch ‘Snellius-IF
expedition on board R.V. ‘TYRO’ (1984-1985), the distributions of transition elements
have been studied in waters off Java (Hoede et al unpublished results; Nolting et al
1989). The distributions of transition elements, germanium (Ge) and the rare earth
elements (REE) have been studied during the U.K. ‘Charles Darwin’ expedition in
the late summer of 1986. This cruise visited the west equatorial Indian Ocean (hereafter
WEIO) and also studied the suboxic waters of the northwest Indian Ocean or Arabian
Sea (hereafter NWIO or Arabian Sea) (Froelich et al 1989; Jacinto and Van den Berg
1989; Saager et al 1989; German and Elderfield 1990; Saager et al 1992; Bertram and
Elderfield 1993; Morley et al 1993; Lunel and Statham, in preparation). In addition,
there have been a few studies in coastal waters (Fowler et al 1984; Nolting et al 1989).
The distributions of trace elements in these coastai waters are largely determined by
local processes and it is difficult to interpret them in relation to open ocean processes.
Therefore, they will be ignored in the present review.
Below, the general oceanic distributions of dissolved trace elements shall be
summarized. Then, the hydrography of the Indian Ocean will be briefly discussed,
followed by a discussion on the distribution of trace elements in the Indian Ocean
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in relation to biogeochemical processes. Lastly, points of future interest will be
mentioned with special reference to the next oceanographical expeditions to this area.

2. The distributions of dissolved trace elements in seawater
In his comprehensive review of trace elements in sea-water, Bruland (1983) showed
that the oceanic distributions of dissolved trace elements could be readily explained
in terms of well-understood biological, chemical and physical processes. At that time,
however, our knowledge of marine trace element chemistry was in the main restricted
to a qualitative understanding of the dissolved fraction of trace elements (operationally
defined by the 0-2-05 gm filter). Since then, the field has much progressed and several
gaps in our understanding of marine trace element chemistry have been filled. Major
advances have been made on the interactions between dissolved trace elements and
particulate matter. This includes processes such as metal-biota interactions (a good
review was provided by Sunda 1988/1989) as well as particle scavenging and transport
of trace elements out of the water column (Spencer et al 1978; Collier and Edmond
1984; Jickells et al 1984; Sherrell and Boyle 1992). Also, our knowledge of boundary
processes, although still limited, has greatly increased. These processes determine
the nature and rates of sources and sinks of trace elements in seawater and yield
important information concerning the reactivity of trace elements in the oceans. In
this respect, studying the natural radioactive trace metals has proven invaluable. This
is due to their well-known half-lives, providing us with an absolute time reference,
and the fact that their analysis generally is not hampered by contamination. A good
review of the marine chemistry of radiotracers was given by Bacon (1988).
Interpreting the influence of all these processes on trace element distributions has
been increasingly facilitated by the construction of a theoretical framework, based
on the intrinsic thermodynamic and kinetic properties of trace elements in a seawater
medium (Millero 1977; Baes and Mesmer 1981; Turner et al 1981). On the other
hand, laboratory experiments under controlled conditions, as well as field measurements
allow the construction of such models. For example, in this way, we now know that
dissolved Cu in surface waters is very strongly complexed by dissolved organic
molecules, keeping the free ionic Cu concentration 3 -4 orders of magnitude below
its total dissolved concentration (Turner et al 1981; Coale and Bruland 1988; Coale
and Bruland 1990).
For most elements the dissolved phase makes up more than 90% of the total
concentration (Bruland et al 1979; Sherrell and Boyle 1992). For some elements,
however, this situation is different. In deep waters, the concentration of dissolved Mn
is of the same order as its particulate concentration (Martin et al 1985; Landing and
Bruland 1987). In surface waters, dissolved and particulate Cd concentrations are
similar (Sherrell 1989; Sherrell and Boyle 1992). For Fe it has been suggested that
the particulate fraction makes up most of its total concentration, the remainder
probably existing as colloidal Fe (Landing and Bruland 1987). In spite of the fact
that the dissolved fraction dominates the total concentration, all elements display a
certain degree of interaction with particulate matter and for many elements particle
transport constitutes the ultimate removal process out of the watercolumn. The nature
and extent of these interactions vary strongly between elements and eventually
determine their dissolved oceanic distributions.
Important particle interaction processes are electrostatic attraction (e.g. cation-
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exchange), surface adsorption by complexation of a dissolved ion with ligands on
the surface of particles, precipitation as solids and active biological uptake by elementspecific bio-molecules (such as siderophores, which are thought to be responsible for
Fe-uptake by phytoplankton). As particle concentrations in sea-water are extremely
low (on the order of micrograms to milligrams per litre of sea-water), electrostatical
interaction is of minor importance, with the possible exception of benthic nepheloid
layers and the sediment-water interface. Trace elements which are predominantly
influenced by this process behave conservatively in sea-water and their concentrations
are mainly a function of salinity. Any involvement in the biological cycle apparently
does not influence their distributions within analytical precision. These elements will
not be discussed here.
The remainder of the trace elements have traditionally been divided into nutrienttype elements and reactive, or scavenging-type elements (refer Burton and Statham
1990; Chester 1990). Nutrient-type elements show a dissolved distribution very similar
to those of the nutrients (N03, P04, Si), which suggests that their distributions are
dominated by biological processes. In the euphotic zone the trace elements become
associated with phytoplankton during primary production. After the plankton has
died, it is in some way transported out of the euphotic zone, most likely by fecal
pellets or ‘marine snow’ (Asper 1986). Large sinking particles make up only a small
fraction of marine particulate matter (^ 5%), but they are responsible for most of
the transport of particles out of the watercolumn (McCave 1975; Lai 1977; Bishop
et al 1980). On its descent, organic material is remineralized by microorganisms and
the nutrients, together with the trace elements, are released back into the water
column. As a result, concentrations increase with depth. Opal and calcium carbonate
frustrules mainly dissolve on the seafloor, leading to a dissolved flux of Si, alkalinity
and associated trace elements from the sediments into overlying waters.
Scavenging-type elements are very particle reactive and their dissolved distributions
are determined by input into surface waters and output by the continued adsorptive
(hydrolytical and/or oxidative) removal onto particulate matter throughout the
watercolumn. Consequently, dissolved concentrations often have a maximum in
surface waters and decrease strongly with depth.
This nomenclature is however somewhat misleading as it implies some mechanistic
link between the requirement of an element by biota and its oceanic distribution.
From the chemical composition of marine phytoplankton it has become apparent
that in fact all elements are incorporated by plankton during primary production
(Collier and Edmond 1984; Jickells et al 1984; Sherrell and Boyle 1992). As an example
Cd, for which as yet no (or almost no, refer Price and Morel 1990) biological function
has been demonstrated, is strongly enriched in phytoplankton and its dissolved
distribution is very similar to those of the nutrients P04 and N03. On the other
hand, some elements which have a well-defined biological function, such as Mn, do
not show this nutrient-type behaviour at all. It therefore seems that the intrinsic
chemical adsorption affinity of a metal for marine particulate matter determines
whether the metal stays in solution after remineralization of the particle, or is to
some degree readsorbed by the remaining particles (e.g. Fe, Mn-oxyhydroxides, clay
minerals, skeletal material or refractory organic matter). The oceanic distribution of
a trace element eventually results from both its requirement by the biota and its
chemical adsorption reactivity. This reactivity is controlled by the competition
between dissolved ligands (e.g. carbonate ions, organic ligands) and surface ligands
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on particles. Therefore, in the open ocean, one observes a range of distributions from
elements displaying virtually ‘perfect’ nutrient-type profiles (e.g. Cd, Zn, Ni) to
elements which show both nutrient-type behaviour and scavenging (e.g. Cu, REE,
Fe) to elements with a distinct scavenging type distribution (such as Mn, Ce and Al).
It has been demonstrated that the rate of adsorption is a function of particle con¬
centration (Honeyman et ai 1988). High particle concentrations are often associated
with primary production, resuspension of bottom sediments and atmospheric dust
fluxes. Consequently, particle-reactive elements such as 210Pb or 234Th often have
low dissolved concentrations in productive areas - provided there is no strong
continental input - and high concentrations in oligotrophic gyres (Bacon 1988).
Elements which appear to be incorporated mainly by living phytoplankton, such as
Zn, Cd or Ni, show an opposite behaviour with lowest concentrations in oligotrophic
gyres and highest concentrations in upwelling waters (Bruland 1980; Martin and
Gordon 1988).
In addition to sources and sinks associated with particle adsorption and biological
recycling (both in the watercolumn and from the sediment), atmospheric input (BuatMenard and Chesselet 1979; Duce et al 1983; Arimoto et al 1985, 1987; Dulac et al
1987; Chester et al 1991), input by rivers (Boyle et al 1982; Martin and Whitfield
1983) and hydrothermal input (Von Damm et al 1985; German 1991) may lead to
local maxima in the dissolved distributions of trace elements. Hydrothermal systems
may also act as a sink for many trace elements (German 1991). This is the result of
adsorption of trace elements onto Fe-oxides, which rapidly precipitate upon mixing
of the hydrothermal fluid with the surrounding sea-water. This process has been
shown to be so effective for the REE, that hydrothermal systems are now believed
to be a sink for REE in sea-water, despite the fact that dissolved REE-concentrations
in the pure hydrothermal fluids are extremely high in comparison with sea-water
(Klinkhammer et al 1983; German 1991). Sediments may also act as a sink for trace
elements. In reducing, sulphidic sediments underlying productive surface waters, many
trace elements are precipitated as solid sulphides (Luther et al 1980, 1986).
Lastly, redox processes may strongly affect the distributions of trace elements. For
example, in normal sea-water, Mn is metastably present as a divalent cation, Mn(II).
Upon adsorption onto particles it is oxidized to its tetravalent state, Mn(IV), which
forms an oxide (Mn02) of extremely low solubility, and is thus permanently removed
from the watercolumn. This process could explain the distribution of dissolved Mn,
as Mn(II) is not a very particle reactive element. It has been demonstrated that this
oxidation process is predominantly microbially mediated (Tebo 1991). Sunda and
coworkers (Sunda and Huntsman 1983, 1988) showed that in the euphotic zone, this
microbial oxidation is photochemically suppressed and that existing Mn-oxides are
photochemically reduced to Mn(II). This process may be important in maintaining
high levels of dissolved Mn in surface waters, which is characteristic of its distribution.
The most distinctive manifestations of redox processes are encountered in suboxic
and anoxic waters. In such waters consumption of oxygen during the remineralization
of organic matter exceeds supply, so that N03, Fe, Mn-oxyhydroxides and finally
S04 are microbially reduced to continue this process. Suboxic waters contain neither
dissolved oxygen nor dissolved sulphide and are poised by the intermediate electron
acceptors (i.e. N03, Fe and Mn oxyhydroxides). Anoxic waters are more strongly
reducing and sulphide is present. Under these conditions, many trace elements change
their oxidation state, which is mostly accompanied by a dramatic change in solubility.
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For example, the concentration of dissolved Mn in deep open ocean waters is about
0-2 nmol/kg. In the anoxic waters of the Black Sea, Mn reaches concentrations of
8 /imol/kg, an increase of more than 4 orders of magnitude! (Spencer and Brewer
1971; Haraldsson and Westerlund 1988; Lewis and Landing 1991). In the presence
of sulphide, both redox and non-redox elements are removed by precipitation as
solid sulphide minerals (Jacobs et al 1987; Landing and Lewis 1991; Saager et al
1993). This process is not observed in the Indian Ocean and will not be discussed
here. However, suboxic conditions do occur in the Arabian Sea and their influence
on the distributions of trace elements will be discussed in the following sections.

3. Hydrography of the Indian Ocean
Taking as its southern limit the Subtropical Convergence located at about 40°S
(Tchernia 1980), the Indian Ocean is the smallest of the four large ocean basins with
a surface of approximately 50T06km2. The bathymetry of the Indian Ocean is fairly
complex. The central ridge system divides the Indian Ocean into a western and an
eastern basin, each of which is fragmented into several subbasins. This system strongly
influences the circulation of deep water.
Climatically, the Indian Ocean is strongly asymmetric. The southern part is
dominated by a more or less regular anticyclonic circulation with SE-trade winds
blowing between 30°S and 10°-5°S, not dissimilar to the situation in the south Atlantic
and south Pacific Oceans. In the northern Indian Ocean, seasonal variation is very
large due to the changing monsoon system. From November to January an atmospheric
high is formed over most of the Asian continent, whereas low pressures are found
over most of the Indian Ocean. The Indian Ocean is largely protected against the
ensuing cold, dry north-east winds by the great mountain ranges of the Himalayas,
the Hindu Kush and Iran. Therefore, the NE-monsoon is relatively moderate with
cool, dry air blowing over the northern Indian Ocean, leading to cooling and
evaporation of surface waters. From May to September meteorological conditions
reverse, with a distinct atmospheric low centred at Pakistan. The resulting
south-western monsoon winds are much more pronounced and create cold, very
humid conditions over the Arabian Sea with little precipitation, but give rise to
excessive rainfall on the Indian subcontinent and the shores of the Bay of Bengal.
The general surface water circulation (figure la, b) is strongly related to these
meteorological conditions. In the southern Indian Ocean, a great anticyclonic gyre
extends northward to about 5-10°S, where a pronounced hydrographic front is
located (figure 2). This gyre is similar in nature to those in the Atlantic and Pacific
Oceans, although it experiences slightly more seasonal variability. Also, its eastern
boundary current is remarkably weak compared to those in the other oceans. Just
south of the equator one finds the prominent South Equatorial Current, which is a
year-round feature. This current transports low-salinity waters originating in the wet
eastern tropical Indian Ocean to the western equatorial Indian Ocean. Surface
circulation in the northern part is dominated by the monsoons. During the NEmonsoon, the South Equatorial Current is pushed to its southernmost extension
(figure la). A strong west-flowing North Equatorial Current is found just north of
the equator and between these westward currents is the eastward Equatorial Counter
Current. In the Bay of Bengal, circulation is anticyclonic and in the Arabian Sea
currents are weak, without showing a very distinct pattern.
/

Biogeochemical distribution of trace elements

145

mmm
North Equatorial Current

AFRIKA

Equatorial Counter Current

INDONESIA

South Equatorial Current

South indian Gyre

Figure la. Schematic surface water circulation in the Indian Ocean during the NE-monsoon
(after Tchernia 1980).
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Figure lb. Schematic surface water circulation in the Indian Ocean during the SW-monsoon
(after Tchernia 1980).
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Figure 2. Vertical section of the western Indian Ocean showing the major hydrographic
properties and some important watermasses (after Tchernia 1980).

During the SW-monsoon, the South Equatorial Current branches near the African
continent, its northern branch forming the strong Somali current (figure lb). This
current flows parallel to the Somali coast, thereby inducing upwelling, which results
in low temperatures and high nutrient concentrations in surface waters. At about
10°N, this current branches eastward and forms the Drift Current of the SW-Monsoon.
This current entrains outflow-waters from the Arabian Sea and flows eastward.
Circulation in the Bay of Bengal is cyclonic. In the Arabian Sea, surface currents
now follow the contours of the coasts in an anticyclonic way. Currents flow parallel
to the Arabian Coast, resulting in strong upwelling of waters from 100-200 meters
depth east of 55°E. Surface water temperatures drop and nutrient concentrations rise,
thus fueling very high primary productivity (up to 2gCm-2d-1, Qasim 1982). The
large export of organic matter effectively consumes all oxygen in intermediate waters.
Renewal waters at intermediate depth levels probably derive from the South Equatorial
Current (Swallow 1984) and already carry low (but variable) oxygen concentrations
(100-200 /imol/kg). It is the latter fact that probably causes oxygen deficient conditions
rather than poor ventilation of intermediate waters as suggested previously (Slater
and Kroopnick 1982). In fact, it is believed that strong ventilation of intermediate
waters prevents the Arabian Sea from going entirely anoxic (Somasundar and Naqvi
1988). Oxygen concentrations drop to very low values (down to l-10^mol/kg)
between 50 and 1200 meters depth. At these concentrations, reduction of nitrate and
Mn-oxides takes place. It has been suggested that the Arabian Sea may experience
up to 30% of the average world’s annual denitrification (Naqvi 1987).
The deep circulation is depicted in figure 3. A hydrographic front located at about
5-10°S divides the Indian Ocean into a northern and a southern part. In the southern
part, the vertical watercolumn is stratified into five water-masses. Antarctic Bottom
waters enter the Indian Ocean at two locations (figure 3), one branch filling the
western basin and one the eastern basin. This bottom water moves northward, entering
the other basins by fractures and gaps in the Central Indian Ridge system. As a result
of the complex bottom topography, deep waters in the North-East Indian Ocean are
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Figure 3. Schematic deep water circulation of the Indian Ocean. Basin contours are 4000 m
isobaths. Antarctic Bottom Water enters the Indian Ocean at two different localities as
indicated by the solid arrows (after Tchernia 1980).

Figure 4. Vertical distributions of P04 and Si in the Indian Ocean, open symbols sta. 1503
in the WEIO (Morley et al 1993), closed symbols sta. 1605 in the Arabian Sea (Saager et al
1992). The more complete and well-intercalibrated datasets for nutrients and other
hydrographic properties are found in Weiss et al (1983) and Ostlund et al (1987).
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younger than in the North-West Indian Ocean and, consequently, have lower nutrient
concentrations (Edmond et al 1979; Broecker et al 1980). Overlying this water-mass
is North Indian Deep Water derived from North Atlantic Deep Water. This is overlain
by the low-salinity Antarctic Intermediate Water mass, situated at about 1000 m
depth. This water-mass gradually loses its characteristics near the hydrographic front
at 10°S and also shoals northward. Immediately influenced by the anticyclonic surface
water circulation one finds South Indian Central Water between 100 and 700 m depth.
In the northern Indian Ocean, deep water circulation is dominated by the presence
of high-salinity water masses originating in the Arabian Sea and adjacent Red Sea
and Persian Gulf. These waters form one homogeneous watermass between the surface
and about 2000 m depth, delineated by a salinity of 34-80 (figure 2). Originating in
the NWTO, these waters create a W-E asymmetry on top of the N-S asymmetry
already discussed. The low-salinity water-mass found in the NWIO at a depth of
about 600 m probably originates from the South Equatorial Current. It has also been
suggested that intermediate and thermocline waters in the Arabian Sea are derived
from Subantarctic Mode Water (Prunier et al 1991).
The general characteristics of the northern and southern watermasses are very
distinct. North Indian Deep Water carries low oxygen concentrations (50/nnol/kg)
and high nutrients (figure 4), whereas South Indian Deep Waters have high oxygen
concentrations (225 /imol/kg) and low nutrient concentrations (figure 4).

4. Trace metals in the Indian Ocean
Due to the very small database, distributions of trace elements will be discussed per
element in the order of the periodic table. Preceding its distribution in the Indian
Ocean, the general oceanic distribution of each element will be briefly summarized.
Average concentrations of trace elements and nutrients in the Indian Ocean are given
in table 1.
4.1 Aluminium
Aluminium (Al) is a particle reactive element. Consequently, its dissolved distribution
in the oceans is strongly influenced by local sources and sinks. Surface water con¬
centrations increase in the presence of landmasses due to the importance of atmospheric
Al fluxes (Chester 1982; Maring and Duce 1987). Concentrations decrease with depth
as a result of adsorptive scavenging but increase towards the seafloor, indicating a
flux of dissolved Al from underlying sediments, in combination with advection of
other watermasses (Measures et al 1986). Deep water concentrations decrease with
the age of the deep water, from about 25 nmol/kg in the north Atlantic Ocean (Hydes
1979; Measures et al 1986) to about 1-2 nmol/kg in the northeast Pacific Ocean
(Orians and Bruland 1986). Its deep water residence time therefore is much less than
the mixing time of deep ocean circulation (~ 1000 years; Stuiver et al 1983), but Al
is less particle reactive than Mn, Pb or Th.
Shortly, the first data for the Indian Ocean will become available (figure 5 after
Lunel and Statham, in preparation). Surface water concentrations appear to be a
strong function of atmospheric input into surface waters, the importance of which
increases to the northern Indian Ocean (Chester et al 1991), as well as of adsorptive
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Average trace metal and nutrient concentrations for three major basins in the
western Indian Ocean, n.m. is not measured. Units are in molar notation, /xM = /xmol/kg etc.

Table 1.

Element

1.0 Basin
(see figure 3)

Reference

0-50m

10002000 m
100
100
50

30005000 m

Si
0*M)

Arabian
Somali
Madagascar

(Weiss et al 1983)

5
0
0

po4
(A<M)

Arabian
Somali
Madagascar

(Weiss et al 1983)

0-5
0
0

30
2-6
2-3

2-5
2-4
2-25

A1
(nM)

Arabian
Somali
Madagascar

(Lunel and Statham, in
(preparation)

n.m
2
4

n.m.
4
1.5

n.m.
4
2

V
(nM)

N.E. Indian

Hoede et al (unpubl. res.)

Mn
(nM)

Arabian
Somali
Madagascar

(Saager et al 1989)
(Morley et al 1993)
(Morley et al 1993)

Fe
(nM)

Arabian
Somali
Madagascar

(Saager et al 1989)
(Morley et al 1993)
(Morley et al 1993)

Ni
(nM)

Arabian
Somali
Madagascar

(Saager et al 1992)
(Morley et al 1993)
(Morley et al 1993)

Cu
(nM)

Arabian
Somali
Madagascar

Zn
(nM)

—

150
130
125

35-6
4
1
1
0-3-2
<1*5
<1*5

5
0-25
0-25

0-2
0-2
0-2

5
<1-5
<1-5

1-5
^1-5
^ 1-5

2
2
2

8
7
6

11
7-5
6-5

(Saager et al 1992)
(Morley et al 1993)
(Morley et al 1993)

3
1
0-8

1-5
2
1-5

Arabian
Somali
Madagascar

(Saager et al 1992)
(Morley et al 1993)
(Morley et al 1993)

^2
^0-4
^0-4

Ge
(pM)

Somali
Madagascar

(Froelich et al 1989)
(Froelich et al 1989)

As
(nM)

N.E. Indian

Hoede et al (unpubl. res.)

Se
(nM)

N. Indian/
S.Indian

Measures et al (1983)

Cd
(pM)

Arabian
Somali
Madagascar

(Saager et al 1992)
(Morley et al 1993)
(Morley et al 1993)

10-80
5
5

Ba
(nM)

Arabian
Somali
Madagascar

(Ostlund et al 1987)

La
(pM)

Arabian
Somali
Madagascar

Ce
(pM)

Arabian
Somali
Madagascar

n.m.
2

8
5
5
40
70

2-5
3
3
10
7-5
7-5
95
95
22-5

0-5

2-0

2-0

1100
700
600

800
700
650

40
40
35

95
95
95

125
115
110

(Bertram and
Elderfield 1993)

13
8-5
10

23
25
18

(Bertram and
Elderfield 1993)

12
5
8

5-15
5
3

n.m.
45
42
5
6
6
(Continued)
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Table 1

Element

(Continued)

1.0 Basin
(see figure 3)

Reference

0-50 m

10002000 m

30005000 m

Yb
(pM)

Arabian
Somali
Madagascar

(Bertram and
Elderfield 1993)

2
2
2

4-5
60
5-5

8
8
7-5

Pt
(pM)

Somali
Madagascar

(Jacinto and Van den
Berg 1989)

1-5
1-5

0-4
0-2

0-4
0-2

226Ra
(dmp/
100 kg)

Arabian
Somali
Madagascar

(Ostlund et al 1987)

7
7
7

15
20
12

30
27
23

Figure 5. Vertical distribution of dissolved A1 in the WEIO: Sta. 1507, N of the hydrographic
front (Lunel and Statham in preparation). Note the presence of the pronounced subsurface
maximum and the influences of the water masses originating in the Persian Gulf, northern
Arabian Sea and Red Sea.

removal onto particulate matter, which is mainly related to primary productivity
patterns (Krishnaswami et al 1981). As a result, the A1 inventory is larger in the upper
watercolumn north of the hydrographic front than that south of it, but concentrations
in the very surface waters are lower. Just below the surface, in the upper thermocline,
Al concentrations show a pronounced subsurface maximum. This was also observed
at some stations in the Pacific Ocean, but there it was much less developed (Orians
and Bruland 1986). It could not be discerned from Atlantic profiles (Hydes 1979;
Measures et al 1986). This subsurface maximum is probably caused by release of Al
during remineralization of organic matter, implying that here the remineralization
of Al is more rapid than readsorption onto remaining particulate matter. Al concentra¬
tions continue to decrease with depth and intermediate and deep water concentrations
(2-4 nmol/kg) are intermediate between Atlantic and Pacific values.
At a station north of the hydrographic front, pronounced Al maxima are found
(figure 5), which are attributed to the presence of northern watermasses (Lunel and
Statham, in preparation). Apparently, the source areas of Red Sea Water, Persian
Gulf Water and Arabian Sea Surface Water experience large surface input of Al.
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Already during the NE-monsoons, atmospheric A1 fluxes amount to 3 ^mol cm-2 y-1
whereas winds are weakest during this time of the year (Chester et al 1991).
Atmospheric Al fluxes in the tropical and south Indian Ocean are probably about
two orders of magnitude lower (Chester et al 1991).
The dissolved anomalies and the subsurface maximum underline that Al is less
particle reactive than Ce and Mn, as the Mn and Ce-maxima of the Arabian Sea are
no longer observable in the Somali Basin (to be discussed below).
4.2 Vanadium
In normal seawater, vanadium(V) is thought to occur as a pentavalent (5 + ) oxyanion
(HV02 ~, H2V04 , NaHV04 , Turner et al 1981). Consequently, it will exhibit little
reactivity to marine particles (Whitfield and Turner 1987). The oceanic distribution
of V shows only minor variability with depth or location and only in productive
waters, there is evidence of a small surface depletion due to uptake by primary
producers (Collier 1984; Jeandel 1987; Jeandel et al 1987). As a result of its involvement
in the biological cycle, deep-water V concentrations show a small nutrient-type
increase from the North Atlantic (32.6 nmol/kg; Middelburg et al 1988) to the Pacific
Ocean (36-4 nmol/kg; Collier 1984). There is some uncertainty as to this interoceanic
fractionation, because of reported interlaboratory bias (Jeandel et al 1987), but as
the trends for the world ocean reported by three different labs are oceanographically
consistent this bias will here be ignored. The average deep water V increase is correlated
with that of P04 with a mean AV/AP04-ratio of 2-4-10“ 3 (Middelburg et al 1988).
The datasets for the Indian Ocean have not yet been published and will only be
mentioned briefly. Profiles for the South Indian Ocean show slight surface depletion
and uniform deep water concentrations, which are significantly higher than the above
mentioned values (Jeandel 1987). This discrepancy can only be solved upon thorough
intercalibration of future measurements. Average concentrations in the North-East
Indian Ocean (35*6 nmol/kg; Hoede et al unpublished results, cited in Middelburg et
al 1988) are intermediate between Atlantic and Pacific levels, and thus seem oceano¬
graphically consistent.
4.3 Manganese
Manganese (Mn) is a very particle-reactive element and its distribution is determined
by input into surface waters and oxidative scavenging throughout the watercolumn
(Klinkhammer and Bender 1980; Landing and Bruland 1980, 1987; Martin and
Knauer 1982, 1983,1984, 1985; Martin et al 1985; Statham and Burton 1986). Surface
water concentrations strongly increase in the presence of landmass due to the
importance of fluvial and atmospheric sources (Chester 1990). Mn has an active redox
cycle which is strongly biologically mediated. It has been demonstrated that high
surface water concentrations are maintained by photochemically induced reduction
of Mn-oxides in combination with photochemically suppressed Mn-oxidation by
microorganisms (Sunda et al 1983; Sunda and Huntsman 1988). This photochemical
cycle is not unique to Mn, also for Fe (Finden et al 1984) and Cu (Moffett and Zika
1987) the importance of this process has been demonstrated.
The different hydrographic conditions of the WEIO and the Arabian Sea greatly
influence the distribution of Mn in the Indian Ocean (figure 6 after Saager et al 1989;
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Vertical distribution of dissolved Mn in the Indian Ocean. WEIO: open circles,
sta. 1506, N of hydrographic front (Morley et al 1993). ARABIAN SEA: closed circles, Sta.
1608 (Saager et al 1992). The solid bar indicates the vertical extent of the oxygen minimum
zone. Note the strong influence of Persian Gulf water on the dissolved Mn-maximum in
the suboxic zone.
Figure 6.

Morley et al 1993). In the WEIO, surface water concentrations are low (0*7-1 1 nmol/
kg) and show no distinct geographical pattern. In the Arabian Sea, the proximity of
the Arabian continent is felt. Surface water concentrations are two to four times
higher than in the WEIO and strongly increase towards the coast (Saager et al 1989).
Concentrations rapidly decrease over the upper thermocline and reach low values
in deep waters, typical of open ocean waters (0*1 -0*3 nmol/kg). In the Arabian Sea,
however, the distribution of Mn is strongly influenced by the oxygen minima in
intermediate waters (Saager et al 1989). A pronounced Mn maximum is found between
100 and 1200 m depth (figure 6), indicative of reductive dissolution of Mn-oxides. An
almost identical distribution was reported for the suboxic waters of the east equatorial
Pacific Ocean (Martin et al 1985; Landing and Bruland 1987). In the vicinity of the
Persian Gulf, a distinctly negative Mn anomaly is observed at the density surface of
Persian Gulf Outflow waters (ae = 26*6). These waters probably carry higher dissolved
oxygen concentrations, which cause the oxidation and subsequent adsorptive removal
of Mn. As no information on particulate Mn is available, nor of dissolved fluxes from
the sediment, it is not possible to determine if the dissolved Mn maxima are caused
by in situ reduction of settling Mn-oxides, or by advective transport of a benthic flux
(Watson 1989). Mn is so particle reactive that the dissolved Mn maxima of the
Arabian Sea are eroded by oxidative scavenging and are no longer observable in the
WEIO (Morley et al 1993).

4.4 Iron
The oceanic distribution of iron (Fe) has only been recently elucidated (Gordon et al
1982; Landing and Bruland 1987; Martin and Gordon 1988; Martin et al 1989, 1990,
1993; Bruland et al 1991). Contamination during sampling and analysis is still a
major problem in. obtaining reliable data. Fe has long been viewed as a particle
reactive element with external inputs exerting a strong influence on concentrations
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Figure 7. Vertical distribution of dissolved Fe in the central Arabian Sea: sta. 1607 from
Saager et al (1992). The solid bar indicates the vertical extent of the oxygen minimum zone.

in surface waters. In the open ocean, remote from continental sources, surface water
concentrations are very low (0.05-0.1 nmol/kg Martin et al 1990; Bruland et al 1991).
However, in contrast to typically particle reactive elements (Landing and Bruland
1987), concentrations increase with depth in a manner largely similar to the con¬
centration increase exhibited by the major plant nutrients (Martin and Gordon 1988).
Deep water concentrations in the Pacific Ocean (Martin and Gordon 1988) are
comparable to those in the Atlantic Ocean (Martin et al 1993). The combination of
strong nutrient-type behaviour in a vertical profile and the lack of pronounced
interoceanic differences is unlike that of any other element and is yet to be satisfactorily
explained.
In the Indian Ocean, information on dissolved Fe is extremely limited (figure 7
after Saager et al 1989). In the Arabian Sea, surface water concentrations are low
(0-3-2 nmol/kg), but not extremely low, probably as a result of large atmospheric
input (Chester et al 1991). In the oxygen minimum zone, a dissolved concentration
maximum is present at the same depth as the maxima of Mn, Ce (see below) and
the minimum of N03. As with Mn, it is not clear if this is caused by in situ dissolution
of settling Fe-oxides or by advective transport of Fe derived from reducing sediments
(Watson 1989). Deep water concentrations are generally low (1-2 nmol/kg), but are
higher than recently reported for other oceans (Martin and Gordon 1988; Martin
et al 1990, 1993; Bruland et al 1991). For the WEIO, no profiles are available, but
upper concentration estimates are of order 1-5 nmol/kg (Morley et al 1993).
4.5 Nickel
The oceanic distribution of dissolved nickel (Ni) suggests its involvement in a shallow
regeneration cycle characteristic of organic material and a deep regeneration cycle
reflecting the dissolution of skeletal material. This behaviour was inferred from its
distributions in the Pacific Ocean, which showed a tight correlation between Ni and
P04 in the upper 1000 meters of the watercolumn and another good correlation
between Ni and Si in deeper waters (Sclater et al 1976; Bruland 1980). The contribution
of deeply regenerated Ni increases with the age of deep water (as does, obviously, its
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total concentration). In fact, the correlation between Ni and Si is not significant in
the Atlantic Ocean and only a moderate correlation exists between Ni and P04
(Bruland and Franks 1983; Jickells and Burton 1988). Going from the north Atlantic
to the Antarctic Ocean (Westerlund and Ohman 1991), Ni concentrations increase
from 4 nmol/kg to 6-6-5 nmol/kg. In the WEIO deep water concentrations are
7 nmol/kg (Morley et al 1993). In the Arabian Sea, deep water concentrations are
9-12 nmol/kg (Saager et al 1992), of similar level as those in the deep Pacific Ocean
(Bruland 1980).
In surface waters, Ni is never depleted to very low concentrations. In oligotrophic
areas, surface water concentrations never drop much below 1-2 nmol/kg, but in
upwelling areas, surface water concentrations increase along with increasing nutrient
concentrations (Bruland 1980; Boyle et al 1981). It is not clear what prevents the
efficient removal of Ni by primary producers. One possibility may be related to the
reportedly very slow exchange kinetics for Ni-uptake by phytoplankton (Sunda 1988/
1989). Ni is an important co-factor in urease, an enzyme responsible for uptake of
nitrogen by phytoplankton. Ni-uptake may be kinetically determined by the activity
of inorganic Ni-species, which are possibly kept low due to complexation by organic
ligands (Nimmo et al 1989).
The Indian Ocean yields an interesting contribution to the complex biogeochemistry
of Ni (figure 8). The dissolved distribution of Ni in the WEIO is more similar to that
of P04 than to that of Si or alkalinity (Morley et al 1993). The contribution of deeply
regenerated Ni to its total concentration is only about 1-2 nmol/kg, about 20% of
its total surface-to-deep enrichment. In the Arabian Sea, however, the distribution
of Ni does not resemble that of P04 at all, but is very similar to those of Si and
alkalinity (Saager et al 1992). The high Ni concentrations in the Arabian Sea are
accompanied by similarly high values for Si and alkalinity (Edmond et al 1979;
Broecker et al 1980). The extreme productivity of surface waters in this upwelling
environment results in large fluxes of biogenic particles to the sediment, which upon
remineralization release Si, alkalinity and refractory trace metals back into solution.

Figure 8. Vertical distribution of dissolved Ni. WEIO: open circles, sta. 1503, S of the
hydrographic front (Morley et al 1993). Arabian Sea: closed circles, sta. 1608 (Saager et al
1992). Also inserted are (drawn lines), Sargasso Sea station in the north Atlantic Ocean
(Bruland and Franks 1983) and, sta. H77 in the northeast Pacific Ocean (Bruland 1980).
Note the pronounced Ni maximum in bottom waters of the Arabian Sea.
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The first data for Ni in the Indian Ocean (Danielsson 1980) also showed a good
correlation with Si, but were about 50-100% higher than later reports. It therefore
seems that these data are on the high end, possibly as a result of some contamination
or analytical problems. Ni concentrations in the EEIO (Nolting et al 1989) are similar
to Ni levels in the WEIO.
From the oceanic distribution of dissolved Ni it is clear that an important fraction
of its regenerative input derives from dissolution of particles at the sediment water
interface. As pelagic sediments are mostly completely oxygenated, Mn-oxides are
probably not important carriers. Dissolution of opal does not seem to contribute
significantly either, because of two reasons. Firstly, the strong concentration increase
of Si of almost 100 //mol/kg (600%) between North Atlantic Deep Water and Antarctic
Bottom Water is not matched by a similar increase of Ni (only 50%). On the other
hand, deep water Si-concentrations increase by only 30% from the Antarctic to the
northeast Pacific Ocean, whereas Ni concentrations increase by more than 80%.
Secondly, the composition of plankton also shows that most of the Ni is associated
with organic matter and not with opal (Collier and Edmond 1984). The concentration
increase of dissolved Ni in deep waters is quite similar to that of alkalinity (Takahashi
et al 1981), possibly hinting at association of Ni with calcium-carbonate frustrules.
Ni would then have to be present adsorbed onto these particles, because clean calcium
carbonate particles contain almost no Ni (Collier and Edmond 1984). As in open
ocean waters, there is evidence of a tight coupling between the vertical flux of organic
matter and that of calcium carbonate (Brurnmer and Van Eijden 1992), the correlation
may not be mechanistic but fortuitous. In that case Ni is most likely transported by
organic matter escaping remineralization in the upper water column.
Surface water Ni concentrations are very similar (2.0-2.5 nmol/kg) in the WEIO
(Morley et al 1993) and Arabian Sea (Saager et al 1992) and show no systematic
geographic trend, despite order of magnitude higher atmospheric Ni concentrations
in the Arabian Sea (Chester et al 1991). This may be explained by the fact that
estimated atmospheric deposition of Ni to the Arabian Sea (Chester et al 1991) is
one to two orders of magnitude less than input by upwelling (see Cd for estimates
of upwelling rates). Atmospheric particles in the tropical and south Indian Ocean
have more than one order of magnitude lower Ni concentrations, so that atmospheric
input of Ni to the WEIO will be even less important.
4.6 Copper
The oceanic distribution of dissolved copper (Cu) (Boyle et al 1977; Moore 1978;
Bruland 1980; Bruland and Franks 1983; Jickells and Burton 1988; Nolting et al
1991; Westerlund and Ohman 1991) is determined by its involvement in the biological
cycle, by local inputs, and by scavenging. In the open ocean, surface water concentra¬
tions are low (0-5-10 nmol/kg) and decrease from the Atlantic via the Indian to the
northeast Pacific Ocean, in accordance with decreasing fluvial and atmospheric input
(Chester 1990; Duce et al 1991). In upwelling waters, concentrations are higher and
seem to be correlated with P04 (Bruland 1980; Boyle et al 1981). Concentrations
increase only gradually with depth and especially in the thermocline, the concentration
gradient is much less steep than those of the more labile trace elements, Ni, Cd and
Zn. Maximum values are observed near the seafloor, indicating a diagenetic source
from the sediment, probably from remineralization of organic matter (Klinkhammer
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1980; Heggie et al 1986). This downward concentration increase often shows a
pronounced negative curvature with respect to linear mixing, indicating removal of
Cu by scavenging onto particulate matter (Boyle et al 1977). Deep water concentrations
gradually increase from the North Atlantic Ocean (1-2 nmol/kg, although Moore
(1978) reported concentrations of 4 nmol/kg in the northeast Atlantic), to the northeast
Pacific Ocean (about 4-5 nmol/kg, Boyle et al 1977; Bruland 1980).
The first Cu data for the open Indian Ocean showed high surface water concentrat¬
ions (3-5-4'5 nmol/kg; Danielsson 1980), a distinct subsurface minimum (1*5—2 5 nmol/
kg) and a concentration increase v/ith depth with maximum values of about 4-5 nmol/kg.
Although in accordance with the general oceanic distribution of Cu, later data for
the WEIO showed concentrations that were 0*5-2 nmol/kg lower throughout the
watercoiumn (Morley et al 1993). Low'er concentrations were also reported for the
Arabian Sea (Saager et al 1992). These recent data are more in line with the global
pattern of Cu. Concentrations (3 nmol/kg) are intermediate between Atlantic and
Pacific values (figure 9).
In the WEIO, surface water concentrations vary between 0*7 and 1*0 nmol/kg and
do not reveal a clear geographic trend. Concentrations remain low in thermocline
waters and only increase below this depth, supporting the idea that a very significant
proportion of Cu is remineralized at the seafloor. In the Arabian Sea, surface water
concentrations are significantly higher (2 nmol/kg) and strongly increase towards the
Arabian continent, reflecting an important continental input on top of input by
upwelling, possibly in combination with an advective flux from shallow shelf sediments
(Heggie et al 1987). At these stations, Cu concentrations decrease with depth and
reach a minimum at about 1000 m depth (figure 9), most likely due to adsorption
onto organic material deriving from the productive surface waters. This is supported
by increasing concentrations in intermediate waters towards the centre of the Arabian
Sea, where primary productivity is lower (Saager 1994).
Deep water concentrations south of the hydrographic front (figure 2) reach maximum

Figure 9. Vertical distribution of dissolved Cu. WEIO: open circles, sta. 1503, S of the
hydrographic front (Morley et al 1993). Arabian Sea: closed circles, sta. 1609 (Saager et al
1992). Also inserted are (drawn lines), north Atlantic Ocean (Bruland and Franks 1983) and,
sta. H77 in the northeast Pacific Ocean (Bruland 1980). Note the strong surface maximum in
the Arabian Sea implying a large continental influence.
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values near the seafloor, but north of this front the maximum is located at 3000 m
depth. This suggests a hydrographic control on the distribution of Cu in deep waters.
The same mechanism was proposed for the REE (see below). In the Arabian Sea,
average deep water concentrations are very similar to those in the WEIO and only
the deepest samples show a strong anomaly (Saager et al 1992). This trend is different
from those of Si, alkalinity, Ni and Zn (see below) and reflects the more particlereactive nature of Cu.
4.7 Zinc
The oceanic distribution of dissolved zinc (Zn) is characterized by low surface water
concentrations, a gradual increase with depth, and maximum values in deep waters
(Bruland et al 1978b; Bruland 1980; Bruland and Franks 1983; Martin and Gordon
1988; Martin et al 1990). This indicates a predominantly deep regeneration cycle and
its vertical distribution generally resembles those of silicate and alkalinity. Deep
waters of the Atlantic Ocean have four times lower concentrations than deep Pacific
waters. The contribution of deeply regenerated Zn increases from the Atlantic to the
Pacific Ocean, as is reflected by the correlation between Zn and Si which improves
in the same direction. Although the distribution of Zn closely resembles those of Si
and alkalinity, it is not clear which particle phase is responsible for transport of Zn
through the watercolumn. From phytoplankton analyses it is clear that Zn is not
incorporated into the crystal lattices of either opal or calcium-carbonate, but
uncleaned opal and calcium carbonate had Zn/Si, resp. Zn/Ca ratios that were quite
similar to their regenerative ratios in seawater (Collier and Edmond 1984). However,
as with most metals, organic material most likely dominates the transport of Zn.
Zn is very sensitive to contamination during sampling and analysis, which probably
explains why the very low surface water values reported for the Pacific (Bruland et al
1978b; Bruland 1980) and Atlantic Oceans (Bruland and Franks 1983; Martin et al
1993) were not observed in the Indian Ocean. Surface water Zn concentrations in

Figure 10. Vertical distribution of dissolved Zn. WEIO: open circles, sta. 1503, S of the
hydrographic front (Morley et al 1993). Arabian Sea: closed circles, sta. 1608 (Saager et al
1992). Also inserted are (drawn lines), north Atlantic Ocean (Bruland and Franks 1983) and,
sta. H77 in the northeast Pacific Ocean (Bruland 1980). Note the pronounced Zn maximum in
bottom waters of the Arabian Sea.
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the WEIO are below 1 nmol/kg (Morley et al 1993). For the Arabian Sea, upper
estimates are 2 nmol/kg, reflecting a larger input into surface waters by upwelling
(Saager et al 1992) and atmospheric deposition (Chester et al 1991).
In the WEIO, deep water Zn concentrations follow the global deep water pattern
and are intermediate between Atlantic and Pacific values (figure 10; Morley et al
1993). Deep water concentrations are about 1-2 nmol/kg higher than Antarctic values
(Westerlund and Ohman 1991), indicating some regenerative input of Zn in this part
of the deep water trajectory. Concentrations in the deep Arabian Sea are significantly
higher (figure 10, after Saager et al 1992) and are similar to concentrations found in
the Pacific Ocean (Bruland 1980). These high Zn concentrations are accompanied
by similar high deep water concentrations of Si, alkalinity and Ni (Edmond et al
1979; Broecker et al 1980). The mechanisms for this enrichment are probably similar
to those responsible for the deep water Ni anomalies, but otherwise are equally poorly
characterized.
4.8 Germanium
Germanium (Ge) shows a nutrient-type distribution which is very similar to that of
Si (figure 11a) (Froelich and Andreae 1981; Froelich et al 1985, 1989). Surface water
concentrations are similarly depleted as those of Si. In contrast with Ni and Zn, the
correlation between Si and Ge appears to be the direct result of uptake and release
of both elements by siliceous organisms (mainly diatoms and further radiolarians
and dinoflagellates), whose silica uptake mechanisms do not seem to discriminate
between the nearly identical sizes and chemistries of Ge and Si.
Deep water concentrations increase from about 15pmol/kg in the North Atlantic
Deep Water mass to 90-100pmol/kg in Antarctic Bottom Waters and the Northern
Indian Ocean, 110-115 pmol/kg in the North-West Pacific Ocean and reach maximum
values in the Bering Sea (170 pmol/kg) (Froelich et al 1989). The distribution of
dissolved Ge is strongly correlated with that of Si (figure 11b, c). The average deep
water Ge/Si-ratio is about 0*7 pmol//anol. Froelich et al (1989) demonstrated that
the positive Ge-intercept at zero Si is statistically significant. This was explained by
biological fractionation between Ge and Si by diatoms and radiolarians who pre¬
ferentially incorporate Si into their opal skeletons. It was supported by the composition
of diatoms and radiolarians from plankton tows, showing a lower Ge/Si-ratio than
ambient water. This fractionation should result in high Ge/Si-ratios in surface waters
and decreasing deep water ratios along the flow of abyssal water (because of dissolution
of opal with low Ge/Si). The positive intercept is very small, however, so that this
three-dimensional variability of the Ge/Si-ratio (figure lib) is perhaps only just
statistically significant. Recently, Froelich and Mortlock (1992) have revoked biological
fractionation, based on culture experiments with live diatoms. It is not immediately
evident, however, that the authors should have relied more on these culture experiments
than on the non-zero intercept and the composition of natural plankton. Since opal
dissolves congruently, fractionation during remineralization of opal frustrules is not
expected (Froelich et al 1989). Also, the two external sources of Ge and Si would
push the ratio in the opposite direction. River waters generally carry low Ge/Si-ratios
(~ 058 pmol/jumol), while hydrothermal waters have high ratios (~ 7 pmol///mol).
This would lead to low surface water Ge/Si-ratios and increasing deep water ratios
towards the Pacific, in contrast with observations. The Indian Ocean data (Froelich
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et al 1989) show no anomalies in the behaviour of Ge or in the Ge/Si-ratio and the

trends nicely plot between the Atlantic, Antarctic and Pacific trends (figures lla-c).
The Arabian Sea has not yet been sampled. Since biogeochemical processes are so
important in this highly productive upwelling area, the Arabian Sea may be an
interesting study site to explore the fractionation mechanism between Ge and Si in
more detail.

Figure 11a. Vertical distribution of dissolved Ge in the North Atlantic Ocean (drawn line),
the West Equatorial Indian (sta. 1504,.S of hydrographic front, open symbols) and the
North-East Pacific Ocean (drawn line) (after Froelich and Andreae 1981; Froelich et al 1985,
1989).
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Figure lib. Vertical distribution of dissolved Ge/Si-ratio in seawater (Froelich et al 1989).
Legend refers to same locations as figure 11a, except for the Southern ocean station.
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Figure 11c. Property-property plot of Ge versus Si, all data (Froelich et al 1989). Note
different symbols for the same stations as in figure lib: open circles, Atlantic Ocean; open
squares, Southern Ocean; closed circles, Indian Ocean; open triangles, Pacific Ocean and
Bering Sea (all Ge > 125pmol/kg).

4.9 Arsenic
Similar to e.g. vanadium and phosphorus, arsenic (As) forms oxyanions in seawater
(Turner et al 1981) and is therefore expected to exhibit little particle reactivity
(Whitfield and Turner 1987). In normal seawater, As(V) is the thermodynamically
stable species (present as HAsO^“), but in the euphotic zone biological processes
lead to the production of metastable As-species, As (III) or arsenite and various organic
As-compounds (Andreae 1978). These species disappear with depth and age of the
water due to oxidation to As(V). Because of its interaction with biological processes,
As shows (slight) nutrient-type distribution with a small, but significant surface water
depletion and the characteristic interoceanic fractionation. Deep water concentrations
increase from the Atlantic (19 nmol/kg; Middelburg et al 1988) to the Pacific Ocean
(24 nmol/kg; Andreae 1979).
The datasets for the Indian Ocean have not yet been published and are not
depicted here. Average deep water concentrations in the North-East Indian Ocean
(22.5 nmol/kg; Hoede et al unpublished results, cited in Middelburg et al 1988) are
intermediate between Atlantic and Pacific values. The deep water increase of As is
correlated with that of P04, the AAs/AP04-ratio of about 2-5-10_3 being in good
agreement with the ratio found for marine algae (Andreae 1979).
4.10 Selenium
Selenium (Se) shows nutrient-type distribution (Measures et al 1983). The marine
chemistry of selenium is very complicated. Se occurs in three oxidation states (2 —,
4 -f and 6 +), of which only Se(VI) or selenate (SeO^-) is thermodynamically stable
in normal seawater (Turner et al 1981). However, the oxidation of Se(IV) (or selenite;
SeC>3 ~) is so slow that it makes up some 30% of total Se in deep water. Dissolved
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organic selenium (as selenide) is probably more labile, but in the mixed layer formation
of selenide during remineralization is more rapid than oxidation of Se(IV), resulting
in concentrations up to 1 nmol/kg, about 80% of total dissolved Se (Cutter and
Bruland, 1985). Clearly, Se appears to be actively involved in the biological cycle in a
complex manner (Cutter and Bruland 1985).
Cutter and Bruland (1985) have unravelled the most important processes controlling
the marine distribution of Se. It is thought that in surface waters, Se(VI) is reductively
incorporated by phytoplankton, where it is probably incorporated as selenide in
amino-acids. Thus, Se is being transported to deeper water mainly as selenide in
organic matter. During remineralization, Se is first released as dissolved organic
selenium (selenide). Subsequently, selenide is oxidized to Se(lV), selenite. As selenite
is the biologically most reactive Se-species, Se(IV) concentrations in surface waters
are mostly below detection. The rapid remineralization of organic matter in the upper
thermocline (Martin et al 1987) leads to a strong decrease of the production rate of
dissolved organic Se with depth. Consequently, removal of selenide by oxidation to
Se(IV) starts to exceed production by remineralization and concentrations of dissolved
organic Se rapidly decrease with depth (figure 12a). Below the euphotic zone, Se(IV)
is no longer involved in biological processes, so that concentrations increase with
depth (figure 12). Se(VI) concentrations also increase with depth due to oxidation of
Se(IV). Deep-water Se (total Se, Se(IV) and Se(VI)) increases from the Atlantic (Setotal ~ 1*6 nmol/kg; Measures et al 1983) via the Indian Ocean (2 nmol/kg; Measures
et al 1983) to the Pacific Ocean (~ 2*2 — 2-4 nmol/kg; Measures et al 1983; Cutter
and Bruland 1985), in accordance with its nutrient-type behaviour.
For the Indian Ocean (figure 12b from Measures et al 1983), selenate and dissolved
organic Se had not yet been analytically distinguished. Therefore, surface water
selenate concentrations have probably been overestimated, thus preventing an
accurate interpretation of the distribution of Se and its species. Surface water con¬
centrations of Se(IV) are below detection limit (~ lOpmol/kg) in accordance with its
high biological reactivity. In thermocline and deep waters, the distribution of both
Se(IV) and Se(VI) is primarily determined by advection of watermasses (Measures
et al 1983). In the North Indian Ocean, negative Se(VI) anomalies are present between
600 and 1400 m depth, which are correlated with the strong oxygen minimum derived

Figure 12a. Vertical distribution of dissolved Se (total Se, Se(2—), Se(4+) and Se(6+))
in the East Equatorial Pacific Ocean (Cutter and Bruland 1985).
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Figure 12b. Vertical distribution of dissolved Se (total Se, Se(4 + ) and Se(6+)), in the
Indian Ocean (Measures et al 1983). Note that the latter fraction probably includes organic
selenium (Cutter and Bruland 1985). North Indian Ocean, GEOSECS sta. 447, South Indian
Ocean, GEOSECS sta. 454.

from the highly productive Arabian Sea. The Se(VI) minima were tentatively attributed
to microbial Se-reduction, a process called deselenification analogous to denitrification
(Measures et al 1983).
4.11 Cadmium
The oceanic distribution of dissolved cadmium, Cd, (figure 13a) is typified by low to
very low surface-water concentrations, a strong concentration increase in the thermocline and relatively constant concentrations in the deep ocean (Boyle et al 1976;
Bruland et al 1978a; Bruland 1980; Bruland and Franks 1983; Martin et al 1989).
Intermediate and deep water concentrations increase with the age of the water from
the Atlantic Ocean (0-2-0 3 nmol/kg; Bruland and Franks 1983) to the northeast
Pacific Ocean (1*0-IT nmol/kg; Bruland 1980). Surface water concentrations are
highest in upwelling areas, whereas low picomolar concentrations are typical of
oligotrophic gyres (Bruland 1980). The general distribution of Cd is very similar to
those of P04 and N03, indicative of its involvement in the biological cycle. As yet,
it is not clear why phytoplankton take up Cd so effectively. The only indication of
a biological function of Cd has been demonstrated under laboratory conditions. Price
and Morel (1990) showed that at very low ambient Zn activities Cd could stimulate
the growth of two marine diatoms. Implications for field situations have yet to be
demonstrated. Passive adsorption has also been suggested as a mechanism for
removing Cd from surface waters (Kremling 1985). However, from thermodynamic
reasoning (Turner et al 1981) Cd is not expected to exhibit strong hydrolytic
scavenging. This implies that adsorption would have to take place onto Cd-specific
surface groups, typical of fresh phytoplankton. Another possibility is that
phytoplankton actively take up Cd during formation of polyphosphate bodies (Jensen
et al 1982). Dissolved Cd has an extremely high affinity for forming polyphosphate
complexes (Bobtelsky and Kertes 1955; WolhofT and Overbeek 1959).
The first reports of dissolved Cd for open Indian Ocean waters (Danielsson 1980)
confirmed the global trend of low surface water concentrations (0 07-0T8 nmol/kg)
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Figure 13a. Vertical distribution of dissolved Cd. WEIO: open circles sta 1504 (Morley
et al 1993), S of hydrographic front; open squares sta. 1506 (Morley et al 1993), N of
hydrographic front; Arabian Sea: closed circles sta. 1608 (Saager et al 1992). Also inserted
are (drawn lines) NW Atlantic Ocean (Bruland and Franks 1983) and sta. H77 in the NE
Pacific Ocean (Bruland 1980). Note the high Cd concentrations in the Arabian Sea.

and higher deep water concentrations, as well as a general correlation with P04.
Deep water values (0*4-07 nmol/kg) were intermediate between those of the Atlantic
and Pacific Oceans. Average deep water concentrations south of the hydrographic
front were about 0*65 nmol/kg, whereas in the northern Indian Ocean they were
significantly lower at 0-4-0-5 nmol/kg. More recently, improved analytical precision
and lower detection limits revealed a more detailed picture (figure 13a; Saager et al
1992; Morley et al 1993). Surface waters in the WEIO have Cd concentrations below
20 pmol/kg showing no geographical trend (Morley et al 1993). In the Arabian Sea,
surface water concentrations increase with increasing upwelling intensity, from about
10 pmol/kg in the open Arabian Sea to 90 pmol/kg in the area with maximum
upwelling (Saager et al 1992). For both studies, samples were collected in August and
September. At this time of the year the thermocline shows a marked geographical
trend with the sharpest temperature gradient in waters north of the hydrographic
front, located at 10°S (Wyrtki 1971). The concentration increase of Cd (and nutrients,
figure 4) follows this trend very pronouncedly (figure 13a). According to Wyrtki’s
charts, this pattern is a seasonal phenomenon. It is therefore to be expected that
future Cd measurements show significantly seasonal variability in surface and upper
thermocline waters.
The only reliable flux estimate of an external Cd source to the Indian Ocean is
for atmospheric deposition. Chester et al (1991) estimated an annual atmospheric Cd
deposition for the Arabian Sea of about 0*1 nmol cm-2 y~1. If we take upwelling
rates of 1 to 5 x 10~3cms-1 (Smith and Bottero 1977) and Cd concentrations in
the upper thermocline of 350 pmol/kg (Saager et al 1992), input by upwelling is about
two orders of magnitude higher than that by atmospheric deposition. This situation
is similar to that in the N.E-Pacific Ocean (Bruland 1980).
Deep water Cd concentrations in the WEIO (figure 13a) and the northeast Indian
Ocean just off Indonesia (Nolting et al 1989, not shown) are very similar to those
for the Southern Ocean (0.6—0.7 nmol/kg) and show little geographical trends. This
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is quite remarkable in view of the fact that A14C values of deep waters decrease by
about 25% between the Crozet Basin and the Somali Basin (Stuiver and Ostlund
1983). This may indicate that small concentration increases are obscured by the
analytical precision of the data, but may also pose restrictions to the idea that con¬
centrations of nutrients and nutrient-type trace metals gradually increase with the
age of the deep water. In that case, regional inputs may be more important than
hitherto assumed. In the Arabian Sea, concentrations are significantly higher (Saager
et al 1992) and are probably related to intensive recycling of the large amounts of
organic matter sinking out of the productive surface waters. Concentrations for the
northern Indian Ocean are higher than reported earlier (Danielsson 1990) and appear
more consistent with the global trend.
The distribution of Cd is very similar to that of P04. Both tracers show increasing
concentrations with the age of the deep water, but the atomic Cd/P04-ratio increases
as well (Bruland 1983; Saager and De Baar 1993; De Baar et al in press). Cd/P04-ratios
are usually low in surface waters and increase strongly over the upper thermocline
(Saager and De Baar 1993). This suggests fractionation by phytoplankton who seem
to incorporate Cd more efficiently than P04 relative to seawater (Saager and De Baar
1993; De Baar et al in press). In addition, P04 may be preferentially remineralized
in the upper thermocline (Saager 1994). At all stations in the Indian Ocean, Cd/P04ratios in surface waters (0 05-0-2 nmol//imol) are lower than in deep waters (0-3 nmol/
//mol). In the Arabian Sea, surface water ratios increase with the intensity of upwelling
(figure 13b). Deep waters of the Indian Ocean have Cd/P04-ratios of 0-29 ± 0-02 nmol/
gmol, a value intermediate to those observed in the Atlantic and Pacific Ocean
(figure 13b). In the northernmost Arabian Sea, ratios are much higher, and are even
higher than those in the northeast Pacific Ocean (Bruland 1980; De Baar et al in
press). The latter is probably driven by very intensive recycling of the large flux of
organic material enriched in Cd relative to P04.

Figure 13b. Vertical distribution of dissolved Cd/P04-ratios. WEIO: open circles, sta. 1503,
S of hydrographic front (Morley et al 1993). Arabian Sea: closed circles, sta. 1608 (Saager
et al 1992). Also inserted are (drawn lines), north Atlantic Ocean (Bruland and Franks 1983)
and, sta. H77 in the northeast Pacific Ocean (Bruland 1980). The Arabian Sea has very high
Cd/P04-ratios (see text).
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4.12 Barium
Barium (Ba) has an oceanic distribution similar to those of Si, alkalinity and 226Ra
(Chan et al 1976, 1977; Fanning et al 1988). In surface water, Ba is removed
by phytoplankton and in deep waters and on the seafloor Ba is released during
remineralization or dissolution of its carriers. Surface water concentrations are about
30 to 50 nmol/kg and deep water concentrations increase from the Atlantic Ocean
(50 nmol/kg) to the Pacific Ocean (150 nmol/kg).
The Ba dataset for the Indian Ocean has not yet been published. Summarizing the
results published in the GEOSECS Atlas no. 7 (Ostlund et al 1987), the distribution
of dissolved Ba in the Indian Ocean is generally similar to those observed in the
other ocean basins. Deep water concentrations (110-130 nmol/kg) are intermediate
between Atlantic and Pacific values. Analogous to Si, alkalinity, Ni, Zn and 226Ra,
positive Ba anomalies of 10-20 nmol/kg were observed in the Arabian Sea and the
Bay of Bengal. The possible mechanism for these anomalies was discussed with Ni.
4.13 Rare earth elements
The rare earth elements (REE) constitute a group of chemically very coherent elements.
Chemical properties of the individual REE gradually vary along the series. In seawater
all but one REE (Ce) are present as trivalent cations. Ce can be present as a trivalent
and tetravalent cation. It is believed that upon adsorption onto particulate matter,
Ce(III) is oxidized to Ce(IV), which forms an oxide of extremely low solubility (Ce02).
Under reducing conditions Ce(IV) is reduced to Ce(III), having a solubility similar
to those of the other REE.
The REE are complexed by inorganic ligands and possibly by organic ligands as
well, but for the latter no information is available. The degree of complexation
increases from La to Lu (low to high atomic number). As it is generally believed that
the rate of adsorptive removal by particles is determined by the free ionic activity of
an element, the adsorption affinity of the REE decreases from La to Lu. Hence, the
light REE (LREE) are more particle reactive than the heavy REE (HREE) and in
seawater, the HREE are therefore enriched relative to the LREE. This is usually
depicted by normalizing REE concentrations with respect to a standard (for seawater
usually shales), so that relative rather than absolute concentration differences can be
studied. For more details concerning the marine geochemistry of the REE the reader
is referred to Elderfield (1988) and Schijf (1992).
The general oceanic distributions of dissolved REE bear similarity with those of
Si and alkalinity (Elderfield and Greaves 1982; De Baar 1983; De Baar et al 1985).
The vertical distributions of the trivalent REE (i.e. excluding Ce) show a pronounced
surface to deep water enrichment. Surface water concentrations are low due to removal
by phytoplankton. Deep water concentrations gradually increase from the Atlantic
to the Pacific Ocean, reflecting the continued addition of REE released by reminer¬
alization of organic and perhaps skeletal carriers. The distribution of Ce is markedly
different. Ce is very particle reactive and is removed from the water column by
oxidative scavenging. Therefore, the vertical distribution of Ce is characterized by
high surface water concentrations, which decrease with depth. Deep waters of the
Atlantic Ocean have higher concentrations than deep waters of the Pacific Ocean,
reflecting the continuous adsorptive removal of dissolved Ce from the watercolumn.
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In the Indian Ocean, the different hydrographic regimes of the WEIO and the
Arabian Sea greatly influence the distributions of the dissolved REE (figures 14a-c).
In the WEIO, the shapes of the REE profiles are similar to those in the other oceans
(Bertram and Elderfield 1993). Deep water concentrations are intermediate between
those in the Atlantic and Pacific Oceans, in accordance with the nutrient-type
behaviour of the REE. South of the hydrographic front, the concentration gradient
in the thermocline is less steep than north of it, similar to the shape of the thermocline
itself. This indicates a hydrographic control on REE patterns in thermocline waters.
Surface concentrations north of the hydrographic front are higher than south of it.
South of the front, deep water concentrations reach a maximum near the bottom,
whereas north of the front the maximum is located at about 3000 m depth. Deep
water distributions are dominated by hydrographic processes (Bertram and Elderfield
1993). In contrast with the more typically nutrient-type elements, deep water con¬
centrations in the WEIO are higher than in the Arabian Sea (figure 14a-c). At present,
this would be best explained by intensified REE scavenging in the more productive
waters of the Arabian Sea. This trend then reflects the more particle reactive behaviour
of the REE. Note that Cu, which is more reactive than e.g. Ni, Zn or Cd showed
little systematic difference between the WEIO and the Arabian Sea. This would place
the particle reactivity of Cu between those of the trivalent REE and the divalent
nutrient-type elements, in accordance with theoretical expectations (Turner et al
1981).
In intermediate waters of the Arabian Sea (50-1000 m depth), oxygen concentrations
are very low and manganese and nitrate reduction occur (see above). These conditions
exert a strong influence on the distributions of REE (German and Elderfield 1990).

Figure 14a. Vertical distribution of La, a light REE, in the Indian Ocean. WEIO: open
circles, sta. 1507, N of the hydrographic front (Bertram and Elderfield 1993). Arahian Sea:
closed circles, sta. 1605 (German and Elderfield 1990). Note the conspicuous La-maximum
in the upper watercolumn of the Arabian Sea at the top of the suboxic zone. Note that La
is lower in the Arabian Sea than in the WEIO. This trend differs from those of the ‘real’
nutrient-type elements. The difference decreases from La to Lu in accordance with increasing
nutrient-type behaviour through the REE-series, due to increasing degree of complexation,
hence increasing degree of particle reactivity.
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Figure 14b. Vertical distribution of dissolved Ce in the Indian Ocean. WEIO: open circles,
sta. 1507, N of the hydrographic front (Bertram and Elderfield 1993). Arabian Sea: closed
circles, sta. 1605 (German and Elderfield 1990). Note the large Ce-maximum in the oxygen
minimum zone of the Arabian Sea. The trends for Ce and Mn, both redox sensitive elements,
show subtle yet distinct differences between various Arabian Sea stations, probably related
to their intrinsically different redox behaviour and particle reactivity. A more detailed
explanation, being beyond the scope of this paper, is given in Saager (1994).

Yb (pmol/kg)
Figure 14c. Vertical distribution of Yb, a heavy REE, in the Indian Ocean. WEIO: open
circles, sta. 1507, N of hydrographic front (Bertram and Elderfield 1993). Arabian Sea: closed
circles, sta. 1605 (German and Elderfield 1990).

The pronounced concentration maximum for Ce is most likely caused by reductive
dissolution of Ce-oxides (figure 14b). Although the other REE are not directly subject
to redox-reactions, small concentration maxima are observed at the top of the oxygen
minimum zone (see figure 14a for La). These observations are in good agreement
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Figure 15. Schematic representation of the involvement of the REE in the redox cycling
of Mn. See text for explanation (from De Baar et al 1988).

with data for the Cariaco Trench, an anoxic basin in the Carribean Sea (De Baar
et al 1988). For the Cariaco Trench, it was suggested that cycling of the REE was
coupled with cycling of Mn (figure 15). In this model, Mn-oxides settle into suboxic
(or anoxic) waters where they are reductively dissolved from Mn(IV) to Mn(II). As
a result of the ensuing concentration gradient between oxic and suboxic (anoxic)
waters, Mn diffuses back to oxygenated waters, where Mn(II) is re-oxidized to Mn(IV)oxides. Mn-oxides are well-known scavengers of other trace elements and the REE
are believed to be removed by these freshly precipitated oxides. Upon dissolution of
the settling Mn-oxides, the adsorbed REE are dissolved concomitantly. In this way,
a similar concentration gradient is created for the REE, leading to a small dissolved
maximum just below the oxic-suboxic interface (figure 14a). This was only observed
for the REE and not for Cu, Zn, Ni, or Cd, reflecting the higher particle reactivity
of the REE.
In addition to dissolved REE, Bertram and Elderfield (1993) also determined suspended
particulate REE distributions and dissolved Nd-isotope ratios (143Nd/144Nd-ratio,
more typically expressed as eNd(0):
«Nd(°) = {((Ratiomeasur.d/Rati°s.a„d.rd)-

f) x 104}, (Wasserburg et al 1981).

Particulate REE distributions resemble dissolved distributions, except for Ce (figure 16).
Concentrations are low in surface waters and increase with depth due to adsorption.
Dissolved/particulate ratios are 30-60 for the LREE to 100-400 for HREE and
increase with depth, but ratios are only 4-20 for Ce and decrease with depth. This
illustrates that LREE are more particle reactive than HREE and further shows the
very particle reactive behaviour of Ce.
The Nd-isotope ratio, or £Nd(0), increases from the Atlantic to the Pacific Ocean
(Piepgras and Wasserburg 1979, 1980) with intermediate values in the Indian Ocean
(figure 17). This is compatible with an external input (mainly rivers) from increasingly
more radiogenic crustal sources with less negative eNd(0) values in this direction. The
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Figure 16. Vertical distribution of particulate REE, WEIO, sta. 1504, south of the hydrographic front (Bertram and Elderfield 1993). Note the relative enrichment of Ce, resulting
from its more particle reactive behaviour.
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Figure 17. Vertical distribution of eNd(0), WEIO, sta. 1504 south of hydrographic front
(Bertram and Elderfield 1993). Also given are average Atlantic and Pacific values. The reader
is referred to Bertram and Elderfield (1993) for a review on the systematics of Nd-isotopes
in the Indian Ocean and other oceans.

strong isotopic differences between the three ocean basins indicate a very short
residence time for Nd (less than 103 years), in apparent conflict with the long residence
time indicated by its nutrient-type distribution (of order 104 years). With the use of
a simple box-model, Bertram and Elderfield (1993) demonstrated that this discrepancy
can only be reconciled by invoking significant isotopic change between particles and
water. The latter mechanism is similar to the one previously invoked to explain the
distributions of Th (Bacon and Anderson 1982) and Pb-isotopes (Sherrell et al 1992).
For an extensive discussion of the global marine geochemistries of the REE, the
reader is referred to Bertram and Elderfield (1993).
4.14 Platinum
The oceanic distributions of the platinum elements (Ru, Rh, Pd, Os, Ir, Pt) are gradually
becoming resolved (Lee 1983; Hodge et al 1985, 1986; Jacinto and Van den Berg
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Figure 18. Vertical distribution of dissolved Pt in the West Equatorial Indian Ocean
(Jacinto and Van den Berg 1989; small open circles, sta. 1504, south of the hydrographic
front, large open circles, sta. 1507, N of the front) and N.E. Pacific Ocean (closed triangles;
Hodge et al 1985). Question marks (from the author) are data falling off the trend.

1989). Here, only Pt will be discussed for lack of data on the other Pt-elements
(Jacinto and Van den Berg 1989). In the Pacific Ocean, the distribution of Pt (figure 18)
shows nutrient-type behaviour and bears similarity to those of Si, palladium, Pd, and
Ni (Lee 1983; Hodge et al 1985, 1986). Concentrations are depleted in surface waters
(~ 05 pmol/kg) and gradually increase to about 1*0-1*5 pmol/kg in deep waters. This
distribution implies a diagenetic source at the sediment-water interface, hence a
relatively long residence time and fairly low particle reactivity. The Pt/Pd-ratio of
Pacific seawater is about 3, that of ferromanganese sediments is a few orders of
magnitude higher (30-1000, Hodge et al 1985). The relative enrichment of Pt over
Pd in these sediments was explained by the irreversible oxidation of Pt(II) to Pt(IV),
which is more particle reactive. This mechanism is similar to the one proposed for
Mn (see above), Ce (see above) and Co (Knauer et al 1982), elements which are also
enriched in ferromanganese sediments and depleted in seawater. However, it is not
compatible with platinum’s nutrient-type distribution and its enrichment over Pd in
seawater. It is therefore interesting to see that in the Indian Ocean, Pt exhibits a
scavenging-type distribution (figure 18, Jacinto and Van der Berg 1989). Surface water
concentrations are relatively high at 1-5 pmol/kg, deep water concentrations are low
at 02-04 pmol/kg. This trend is more in line with the thermodynamic properties of
Pt, i.e. its proposed oxidative removal by particles and its enrichment in ferromanganese
sediments. However, if Pt would behave as a scavenging-type element, than, analogous
to e.g. Ce (see above) and Al (see above), deep water concentrations would be expected
to decrease between the Indian and Pacific Ocean.
It will be obvious that here lies a problem. Probably, the difference is at least partly
attributable to differences in analytical procedure. The Pacific data was obtained by
anion exchange chromatography and was measured with flameless atomic absorption.
This method is quite laborious and reported extraction yields were low and variable
(35-90%; Hodge et al 1985, 1986). The detection limit is 0T5 pmol/kg. The extraction
depends on the assumption that all dissolved Pt is present as negatively charged
chloride complexes. However, this method will underestimate surface water concentra¬
tions in case a substantial fraction of Pt in surface waters is organically complexed
(refer Cu, Zn and Cd, see above). Organic complexation of a metal that is strongly
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complexed by chloride ions is not a priori expected. Yet Cd, which is also strongly
complexed by chloride ions (Turner et al 1981; Byrne et al 1988) appears to be
organically complexed for 70% in surface waters (Bruland 1992). For deep waters,
the difference between both oceans remains unexplained, but spectral interference of
heavy rare earth elements (Lu, Yb) during atomic absorption spectrophotometry may
be one reason. The REE may have been extracted together with Pt, as they also form
negatively charged (carbonate) complexes in seawater, accounting for 70-80% of their
inorganic complexation (Schijf 1992). REE-concentrations (De Baar et al 1985) are
about one to two orders of magnitude higher than those of Pt and increase with
depth (see above), so that any interference would also increase with depth. The Indian
Ocean data was obtained by cathodic stripping voltammetry (Van den Berg and
Jacinto 1988), which is a simpler and more sensitive method. Recovery yields were
not reported. Any organic ligands that could complex Pt were first broken down by
UV-irradiation. More research is clearly called for to settle the above mentioned
discrepancy and to advance our understanding of the marine chemistries of Pt and
the other Pt-elements.
4.15 Radiotracers
The oceanic distributions of radioactive tracers is of special interest to the marine
sciences due to their well-known half-lives, spanning a range from a few days to
millions of years. They thus serve as clocks for studying various processes such as
particle scavenging, new production and advective transport of watermasses. They
provide very important constraints for models studying the nature and timescales of
processes operating in the oceans.
The isotopes discussed here all derive from the uranium and thorium decay series
(Broecker and Peng 1982). The oceanic distribution of dissolved U shows conservative
behaviour and its concentration is uniformly about 14nmol/kg (Ku et al 1977). Th
is very particle reactive with a short residence time in the deep ocean (a 50 years)
and is rapidly transported out of the watercolumn to the sediment. For this reason,
(grand) daughters of U have a totally different input-function than (grand) daughters
of Th. In addition, the various (grand) daughters all have very different chemical
reactivities and different half-lives. For the Indian Ocean, there is only data on
dissolved 226Ra, 210Pb and 210Po (Cochran et al 1983; Chung 1987a,b; Chung
and Finkel 1988). 226Ra has a distribution similar to those of Si and alkalinity and
shows a surface to deep enrichment. Its granddaughters 210Pb and 210Po are very
particle reactive and show adsorptive removal throughout the watercolumn, most
notably in productive surface waters and the benthic nepheloid layer. In addition
to a source from the decay of 226Ra, 210Pb has an atmospheric input from the decay
of 222Rn (a gas). Radioactive disequilibrium between the various pairs of isotopes
originates from differential scavenging between both elements and different sources
into the watercolumn. An extensive discussion of the complex geochemistry of the
radiotracers is beyond the scope of this paper and a good review was given by Bacon
(1988).
In the Indian Ocean, the general trends of absolute concentrations and of dis¬
equilibrium between the couples 210Po-210Pb and 210Pb-226Ra are similar to those
observed for the Atlantic and Pacific Oceans (figures 19a, b; 20). In surface waters,
the 210Po-210Pb ratio is smaller than 1 due to atmospheric input of 210Pb and
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Figure 19a. Vertical distribution of dissolved 226Ra in the Indian Ocean. Western Indian
Ocean (Chung 1987b), open circles, GEOSECS sta. 427, S of hydrographic front; open
squares, GEOSECS sta. 420, N of hydrographic front; closed circles, GEOSECS sta. 416,
Arabian Sea. Note the small 226Ra-maximum in the Arabian Sea.

Figure 19b. Vertical distribution of dissolved 210Pb (open circles) in the Indian Ocean.
Western Indian Ocean, GEOSECS sta. 420, N of hydrographic front (Chung 1987a). Also
shown in dissolved 226Ra (closed squares). Note increasing 210Pb deficit with depth, especially
pronounced in benthic boundary layer.

Figure 20. Ratio of dissolved 21 °Po/21 °Pb for composite stations in the central and eastern
Indian Ocean (after Cochran et al 1983). Error bars indicate one sigma around the mean.
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preferential scavenging of the more reactive 210Po by phytoplankton. In the central
and eastern Indian Ocean, surface water 210Pb-concentrations are lower than in the
north Atlantic and north Pacific Oceans (Cochran et al 1983), indicating lower
atmospheric fluxes for this part of the Ocean (Chester et al 1991; Duce et al 1991).
Surface water values in the Arabian Sea were higher (Cochran et al 1983; Chung
1987a) in accordance with much higher atmospheric deposition rates in this part of
the Indian Ocean (Chester et al 1991).
In the thermocline, 210Po/210Pb-ratios increase to values higher than 1 due to
remineralization of organic matter with excess scavenged 210Po (figure 20, compilation
by Cochran et al 1983). Below this depth, the ratio is very close to 1, indicating that
in deep waters, fractionation between both elements due to preferential scavenging of
2!0Po is of minor importance. In the benthic nepheloid layer, increased scavenging
of 210Po leads to low 2i0Po/210Pb-ratios. For 210Pb-226Ra (figure 19b), the same
processes apply: an excess surface input of 210Pb, followed by preferential scavenging
of 210Pb in the euphotic zone and the benthic nepheloid layer.
On top of these general distributions, significant deviations from the general
patterns have been reported for specific areas in the Indian Ocean. In coastal waters,
particle concentrations are generally higher than in the open ocean, so that scavenging
is more intensive than in the open ocean (so-called boundary scavenging, see review
by Bacon, 1988). Since 210Po, 210Pb and 226Ra have different particle reactivities,
these tracers are fractionated from each other during scavenging. In addition to the
vertical fractionation just discussed, boundary scavenging thus creates a horizontal
gradient not only in absolute concentrations of 210Po, 210Pb and 226Ra, but also in
the 210Po/210Pb and 2i0Pb/226Ra-activity ratios. Extensive scavenging was observed
in the productive waters of the Arabian Sea and the Bay of Bengal. Other sources
of increased scavenging were resuspension of bottom sediments on the continental
slope of Somalia and the Central Indian Ridge.
Lastly, bottom waters of the Arabian Sea appear to be a strong source for 226Ra,
and vertical profiles in this area are unique for the world ocean (Chung 1987b)
(figure 19a). Similar anomalies had been reported for Si, alkalinity and associated trace
elements Ni, Zn and Ba. The deep water 226Ra anomaly is transported out of the
Arabian Sea and could be traced into the Somali and Mascarene Basins. Within the
analytical precision of the data, this could not be demonstrated for Ni and Zn.

5. Discussion, topics of future interest
Even the present small dataset shows that regional conditions in the Indian Ocean
exert a strong influence on the global patterns of dissolved trace elements. In this
respect, the Arabian Sea appears to be of special importance. This is related to the
presence of a high salinity watermass, dominating the entire northern Indian Ocean,
its very productive surface waters and the suboxic conditions in intermediate waters.
In addition, atmospheric trace element fluxes are one to two orders of magnitude
larger than in the tropical and southern Indian Ocean.
In the Arabian Sea, surface water concentrations of trace elements are significantly
higher than in the WEIO, reflecting higher inputs by upwelling (Cd, Zn, Ni) and/or
atmospheric deposition (notably particle-reactive trace elements such as Mn, Al, Ce,
21 °Po,21 °Pb and Cu). In addition to higher fluxes and higher dissolved concentrations,

174

Paul M Saager

it appears that also particulate trace element concentrations in the Arabian Sea are
significantly higher than in the (sub)tropical Indian Ocean (Krishnaswami et al 1981).
Particulate trace element concentrations followed the general primary productivity
patterns and therefore appear to be predominantly associated with biogenic
components such as organic carbon and possibly opal and calcium carbonate. The
combination of high primary productivity and a restricted deep water ventilation
results in positive anomalies of many elements in deep waters of the Arabian Sea.
Although the present dataset allows resolving of some important processes
determining the dissolved distributions of trace elements in the Indian Ocean, it is
clear that more research is called for. The most serious caveat is a lack of quantitative
knowledge of the interactions between dissolved trace elements and marine particulate
matter. In this respect, a more mechanistic understanding of the uptake process of
trace elements by phytoplankton is crucial, as phytoplankton plays a key role in the
cycling of trace elements in seawater. The seasonally changing monsoons in the
Arabian Sea yield an ideal natural laboratory to study the uptake and recycling of
trace metals under different nutrient supply, hence different primary production rates.
Thus far, trace element studies were performed during the SW-monsoon and almost
no information is available for the NE-monsoon. Fractionation between trace
elements, as well as between trace elements and nutrients, during the remineralization
of organic matter, could be studied under more extreme conditions, for instance in
the suboxic intermediate waters of the Arabian Sea. In order to get a better insight
into the processes of trace element cycling, it would be valuable to measure a suite
of trace elements, ranging from ‘nutrient-type metals’ (Cu, Cd, Ni, Zn), to reactive
elements such as Mn, Fe, Al and the natural radiotracers 210Pb, 210Po and the
Th-series. Due to their chemical coherence and the fact that they exhibit a particle
reactivity intermediate between ‘nutrient-type elements’ and ‘scavenging elements’,
the REE also yield important information in this respect.
On a purely biological level, the Arabian Sea is an interesting study area for much
the same reason. Many trace elements strongly influence the biological functioning
of phyto- and zooplankton. It has been demonstrated that the free ionic activities of
trace elements are the rate-determining factor for uptake by living plankton (Sunda
1988/1989). In the Arabian Sea, the speciation of trace elements has not been studied.
It is likely that the unique hydrographic conditions in the Arabian Sea lead to a
speciation of many trace elements which is entirely different from that in a normal
open ocean environment. For example, in open ocean surface waters dissolved Cu
and Zn are almost completely complexed by organic ligands (Coale and Bruland
1988, 1990; Bruland 1989; Donat and Bruland 1990). The degree of complexation
decreases dramatically with depth, so that during upwelling, high concentrations of
free ionic Cu and Zn will be transported to the surface. Mn usually shows an opposite
behaviour. In surface waters, high dissolved Mn-concentrations may be maintained
by photochemical processes (Sunda and Huntsman 1988). Concentrations generally
decrease sharply with depth as a result of oxidative scavenging. In the Arabian Sea
however, Mn concentrations strongly increase at a depth of 150-200 meters due to
reductive dissolution of Mn-oxides in the oxygen minimum zone. Consequently,
during upwelling, high dissolved Mn concentrations are transported to the surface.
The complicated biological interactions of these various trace elements may strongly
influence the succession of plankton species throughout the year.
Also, little is known about sources and sinks in the Indian Ocean. Almost no
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information is available about particle transport (see above), net atmospheric deposition
rates, fluvial and hydrothermal input and interaction of dissolved trace elements with
interstitial waters in underlying sediments. Trace element signatures of the different
watermasses in the Indian Ocean have only partly been characterized. A more detailed
charting of the Indian Ocean would yield important information about regional
effects on the general distribution of trace elements in the Indian Ocean.
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Denitrification processes in the Arabian Sea

SWA NAQVI
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Abstract. Recent information on some consequences of the acute mid-water oxygen
deficiency in the Arabian Sea, especially on carbon-nitrogen cycling, is reviewed. An
evaluation of published estimates of water column denitrification rate suggests an overall
rate in the vicinity of 30TgNy~ \ but the extent of benthic contribution remains unknown.
A decoupling of denitrification from primary production, unique to the Arabian Sea, is
revealed by nitrite, electron transport system (ETS) activity and bacterial production data.
Results of both enzymatic and microbiological investigations strongly point to a major role
of organic carbon other than that sinking from surface layers in supporting denitrification.
Although denitrification is associated with an intermediate nepheloid layer, it seems unlikely
that the excess carbon comes with particles re-suspended along the continental margins and
transported quasi-horizontally into the ocean interior; instead, the particle maximum may
directly reflect a higher bacterial abundance. It is proposed that denitrification may be
predominantly fuelled by the dissolved organic matter.

Keywords.

Nitrogen system; denitrification; organic matter; Arabian Sea.

1. Introduction
While in most parts of the open ocean the seawater is well oxygenated at all depths,
severe depletion of oxygen occurs at mid-depths in some areas. Typically, such waters
underlie tropical zones of high biological productivity associated with upwelling,
where the demand of oxygen in subsurface waters is high and a strong upper thermocline limits its supply from the surface layer. Thus, oxygen concentrations are often
below detection limit of the Winkler procedure within large bodies of intermediate
waters on both sides of the equator in the eastern tropical Pacific (Reid 1965) and
in the northern Indian Ocean (Wyrtki 1971).
The transition from the ‘oxic’ to ‘anoxic’ conditions involves several important
biogeochemical changes (Richards 1965). The first is that the facultative bacteria
switch over to nitrate ions which are the next most abundant source of free energy
for oxidation of organic matter. Thus, nitrate is reduced to molecular nitrogen with
nitrite, which accumulates in the water column, as one of several intermediates; this
process, known as denitrification is a major component of the nitrogen cycle (figure 1).
Denitrification has vital geochemical significance since free nitrogen refluxed to the
atmosphere makes up for the inputs of combined nitrogen to the sea from the
atmosphere and by the rivers (Emery et al 1955; Codispoti and Christensen 1985).
After a complete, or almost complete, removal of nitrate and nitrite from water,
sulphate ions serve as the next preferred reducible substrate leading to the production
of hydrogen sulphide. However, this stage, representing true anoxia, is rarely reached
in the open oceanic waters, since the supply of nitrate is generally sufficient to meet
the bacterial demand. The environments affected by denitrification but not experiencing
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Figure 1.

The marine nitrogen cycle. ‘X’ and ‘Y’ are intra-cellular intermediates that do
not accumulate in water column (from Codispoti and Christensen 1985).

sulphate reduction are generally termed as ‘suboxic’. The disappearance of oxygen
in seawater also leads to a lowering of the redox potential. This affects the oxidation
states of several metals. For example, iron is reduced from + 3 to +2 under suboxic
and anoxic conditions.
The Arabian Sea has long been known to experience an intense depletion of
dissolved oxygen at intermediate depths. However, oxygen data from this region have
been acquired almost entirely following the Winkler procedure. At extremely low
oxygen concentrations, blank levels become a problem with Winkler titrations
lowering precision and accuracy of the oxygen data. The limited measurements made
with the more reliable colorimetric procedure of Broenkow and Cline (1969) have
shown that oxygen concentrations (figure 2) are often below the threshold values
(1-2-3-85/iM) required for the onset of denitrification (Devol 1978). The widespread
‘secondary’ nitrite maximum within the core of the oxygen minimum (in addition to
the global ‘primary’ nitrite maximum at the base of the euphotic zone) is believed to
arise from dissimilatory nitrate reduction. However, it was only in the mid 1970s
that studies were initiated to quantify the extent of denitrification in the Arabian Sea
(Sen Gupta et al 1976a, b; Deuser et al 1978). These authors demonstrated that the
combined nitrogen (nitrate + nitrite) concentrations within the secondary nitrite
maximum (SNM) were significantly lower than those expected from the nitrate-oxygen
relationships in nitrite-free waters. A number of reports have since appeared in the
literature dealing with various aspects of water-column denitrification in the Arabian
Sea (Sen Gupta et al 1980; Naqvi et al 1982, 1990, 1993; Naqvi and Qasim 1983;
Naqvi and Sen Gupta 1985; Naqvi 1986, 1987, 1991; Naqvi and Shailaja 1993;
Noronha 1992; Mantoura et al 1993). Earlier work has been reviewed by Sen Gupta
and Naqvi (1984) and Naqvi et al (1992); a synthesis of the more recent results is
attempted here.
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Figure 2.

Colorimetrically-determined oxygen levels (/*M) within the oxygen minimum
along a transect parallel to the Indian coast (inset) (from Naqvi 1987).

2. Geographical boundaries of water-column denitrification

Geographical limits of the Arabian Sea denitrification zone have recently been
delineated by Naqvi (1991) from an analysis of nitrite distribution using historical
data (figure 3). Operationally bounding the denitrification zone by the 02 fiM nitrite
contour, the total area of the Arabian Sea affected by water-column denitrification
was computed as 1-37 x 106km2, comparable to each of the two Pacific denitrification
sites. The most intriguing observation is that, unlike the eastern tropical Pacific, zones
of the most intense denitrification (maximum nitrite) and the highest primary pro¬
ductivity are geographically separated in the Arabian Sea. As expected, the most
fertile waters are those which are upwelled seasonally (during the southwest monsoon)
off Arabia and Somalia in the western Arabian Sea. This is evident from the maps
of primary productivity (Qasim 1977; Naqvi 1991) and of sea-surface pigment
concentrations observed from the CZCS satellite (Codispoti 1991; Brock and McClain
1992). These two centres of intense upwelling are clearly located outside the denitri¬
fication zone, as is the centre of relatively weaker upwelling off the southwest Indian
coast (figure 3). In contrast, the high-nitrite ridge, which represents the locus of the
most intense denitrification, extends from the continental margin off Gujarat well
into the relatively oligotrophic central Arabian Sea. This unique decoupling of
subsurface denitrification from primary productivity of the overlying surface waters
could arise from a higher supply of oxygen to intermediate waters beneath the
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Figure 3.

Distribution of nitrite (/iM) within the oxygen minimum averaged for each
1-degree square using all the available data (maximum values at each station). The hatched
areas represent zones of upwelling off Arabia (A), Somalia (B) and southwest India (C).
Extensions of zones B and C south of Lat. 10°N are not shown due to absence of the
secondary nitrite maximum (from Naqvi 1991).

productive zones, and/or a different, possibly additional, mode of input of biodegrad¬
able organic matter to subsurface layers in the central Arabian Sea.
Naqvi (1991) pointed out that the western and northern parts of the Arabian Sea
are much more weakly stratified than the central and eastern regions. Proximity of
land mass causes convective overturning of surface waters at rather low latitudes off
the Pakistani coast during the winter (Banse 1984). The prevailing anti-clockwise
circulation at the sea surface helps in maintaining lower sea surface temperatures in
the western Arabian Sea. In the eastern Arabian Sea, on the other hand, the advection
of fresher and warmer equatorial surface waters during the northeast monsoon leads
to greater stability and presumably a smaller oxygen flux from the surface to
subsurface waters. The outflows from the Persian Gulf and the Red Sea also appear
to provide some oxygen input to the oxygen-minimum zone in the western Arabian
Sea (Olson et al 1993)*. In addition, a more vigorous advection is expected to suppress

*Due to their low preformed oxygen contents (reduced solubility at elevated temperatures and salinities),
the outflows from the two marginal seas may favour the development of the oxygen-deficient conditions
in the Arabian Sea as a whole (Swallow 1984; Olson et al 1993). However, within the Arabian Sea, even
small inputs of oxygen can dramatically affect the delicately poised redox transformations within the
nitrogen system.
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denitrification along the continental margins, although its importance cannot be
evaluated from the oxygen distribution due to scarcity of the colorimetric data.

3. Extent of denitrification
Numerous attempts have been made to quantitatively evaluate the extent of denitri¬
fication in the Arabian Sea (Sen Gupta et al 1976a, b, 1980; Deuser et al 1978; Naqvi
et al 1982, 1990, 1993; Naqvi and Qasim 1983; Naqvi 1986, 1987, 1991; Naqvi and
Shailaja 1993; Mantoura et al 1993). All but two studies (Naqvi and Shailaja 1993;
Naqvi et al 1993) involved the estimation of nitrate deficits (i.e., the difference between
the nitrate concentrations expected if there were no denitrification and the sum of
the observed nitrate and nitrite concentrations). Deuser et al (1978) estimated the
expected nitrate levels from a regression of nitrate and salinity. This approach was
based on the premise that denitrification was confined to the Persian Gulf water
(PGW). The PGW, having a shallow origin, is nutrient depleted, and as this watermass
mixes with the Arabian Sea intermediate water, nitrate is added to it while salt is
lost in an apparently linear manner. However, this procedure was found to yield low
deficits by the subsequent workers (Naqvi et al 1982; Naqvi and Qasim 1983), who
also demonstrated that denitrification was not confined to the PGW alone. All other
authors have exploited the well-known statistical constancy of the relative changes
in oxygen, carbon, nitrogen and phosphorus during the biological uptake and re¬
generation processes (Redfield et al 1963) for computing the expected nitrate. These
ratios were first estimated for the Arabian Sea by Sen Gupta et al (1976a, b) from
the regressions of the apparent oxygen utilization (AOU), nitrate and phosphate.
Following a procedure previously employed by Cline and Richards (1972) in the
eastern tropical North Pacific, Sen Gupta et al (1976a, b) estimated the expected
nitrate as a sum of regenerated and preformed fractions. While the former was
computed from the AOU and nitrate oxidative ratio, the latter was obtained from
the regression between preformed nitrate and preformed phosphate. The same
approach was also adopted by Naqvi et al (1982) and Naqvi and Qasim (1983) with
minor modifications. However, the use of phosphate data introduces some uncertainty
in this method. In order to eliminate this, Naqvi and Sen Gupta (1985) proposed the
use of the nitrate tracer ‘NO’, first introduced by Broecker (1974) to delineate water
masses with different preformed nitrate concentrations. NO was found to show
excellent linear relationship with potential temperature (0) in waters which were not
affected by denitrification, and the NO-0 regressions were utilized to computed
expected NO and hence nitrate within the denitrifying layer. This procedure was used
by Naqvi (1986, 1987) for computing nitrate deficits using a very large data base.
The NO-0 relations have since been refined by incorporating recent high quality data
(Naqvi et al 1990), leading to deficits that are on an average about 1-5 pM higher
than those obtained by the procedure of Naqvi and Sen Gupta (1985).
A typical plot of NO versus 0 in the northeastern Arabian Sea is shown in figure 4.
Nitrate deficiency within intermediate waters is reflected by a pronounced minimum
in NO between approximately 14° and 18°C (coinciding with the SNM). Linear
correlations between NO and 0 are obvious outside the denitrifying waters, albeit
within two ranges with an apparent discontinuity at KMX. Similar discontinuities
are also seen in several other property-property relationships in the Arabian Sea (at
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Figure 4. Plot of‘NO’ vs. potential temperature for the eastern Arabian Sea (between 12°
and 17°N latitude, east of 67CE longitude). The straight lines give the least squares fits to
the data corresponding to 6 ^ 9 C and 17 ^
27°C; for the latter range (inset), samples
from only outside the denitrification zone were considered (from Naqvi et al 1990).

~ 10°C - Somasundar et al 1987) as well as in the Bay of Bengal (at ~ 12°C-Rao
et al 1994); these probably represent the transition from the intermediate to deep
waters. The NO-0 regressions for the two segments are given by the equations (Naqvi
et al 1990):
NO-415-934-8-974 0

10-39 ^ 0 ^ 27°C

(1)

NO = 490-254- 16-1260

0 < 10-39°C

(2)

from which the nitrate deficit (AN) could be computed using:
AN - (NO - 02)/9-l - N03 - N02

(3)

The above simple vertically-integrated treatment involves numerous water masses
with potentially different preformed nitrate concentrations. For example, the outflow
of low-nitrate water from the Persian Gulf produces a minimum in the depth profiles
of nitrate in the Gulf of Oman (Mantoura et al 1993). In contrast, the waters advecting
northward at this density level are nutrient-rich. In order to assess potential errors
resulting from lateral mixing of these waters and to verify the applicability of the
vertical approach, two attempts have been made involving binary mixing along 26-6
<r0 surface (i.e. the density level of PGW). In both the studies (Naqvi et al 1990;
Mantoura et al 1993), the northern end-member was located within or close to the
Gulf of Oman, while the southern end-member was located in the southern Arabian
Sea.
As shown graphically in figure 5, the conservative mixing line of Mantoura et al
(1993) yields expected NO values that are statistically indistinguishable from those
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Figure 5.

A comparison of NO-0 relationships observed in the northern Indian Ocean.
Solid and short-dashed lines represent the vertically-integrated relationships in the Bay of
Bengal (Rao et al 1994) and in the Arabian Sea (Naqvi et al 1990), respectively. Lines joining
the triangles and circles are based on two-end member isopycnal treatments along oe = 26-6
by Naqvi et al (1990) and Mantoura et al (1993), respectively.

obtained with equation (1) within the depth range of denitrification. For the near
surface samples (6 > 20°C), however, the former gives anomalously low NO and
hence highly negative nitrate deficits. Of the two end-members used by Naqvi et al
(1990) for their isopycnal mixing model, the southern end-member falls in line with
the other results. The northern end-member, however, differs significantly presumably
due to an overestimation of preformed nitrate. Significantly, the NO-0 relationship
observed in the Bay of Bengal at 6 > 12°C (Rao et al 1994) is virtually the same as
equation (1). And since the Bay of Bengal is not a water column denitrification site
(Rao et al 1994), the agreement validates the relationships between NO and 6 observed
in the Arabian Sea giving more confidence to the estimates of nitrate losses.
Depthwise distribution of nitrate deficits along a meridional transect at 67°E, which
samples both the oxic and suboxic waters, is reproduced in figure 6. A comparison
with nitrite distribution along the same transect (figure 7) reveals that while the
maxima in nitrite and nitrate deficit occur at about the same depth, the two do not
coincide laterally: the highest nitrite concentrations occur towards the south far from
the maximum nitrate deficits observed near the northern end of the section. This is
because of the fact that while nitrite concentration provides a measure of current
denitrification, nitrate deficit is also affected by the history of denitrification in the
watermass. The waters in the northern Arabian Sea appear to accumulate larger
nitrate deficits due to longer residence times eventhough the denitrification rate may
be lower as evident by the observed low nitrite concentrations in the northernmost
parts (figure 3).
In addition to the main denitrifying layer seen in figures 6 and 7, a deeper (700-1200 m)
denitrifying layer may also develop occasionally, probably due to the advection of
bottom nepheloid layers from the continental margin (Naqvi 1987; Naqvi et al 1993).
Inventories of nitrate losses resulting from denitrification have been made by several
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Figure 6. A meridional section (along 67 E, inset) showing the distribution of nitrate deficits
(nM) (from Naqvi and Noronha 1991).
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Figure 7. Distribution of nitrite (/iM) along the same transect as in figure 6 (from Naqvi
and Noronha 1991).

workers from the vertical integration of profiles of nitrate deficits (Deuser et al 1978;
Naqvi et al 1982; Naqvi and Sen Gupta 1985; Naqvi 1987; Mantoura et al 1993). All
these estimates are in close agreement with each other (95-118TgNy_1) except that
of Deuser et al (1978); the latter is anomalously low (4TgNy_1) reflecting rather
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Table 1. Denitrification rate in the Arabian Sea based on the advective and
diffusive losses of nitrate deficits from the denitrifying zone (from Naq vi 1987)
Nature of losses

Rate(1012gNy *)

Horizontal advection
Vertical advection
Diffusion through the southern boundary
Diffusion through the upper boundary
Diffusion through the lower boundary

9-5
10
160
1-5
1-5

Total (rate of denitrification)

29-5

low deficits obtained by their procedure. However, the denitrification rates derived
from these inventories differ widely (from 0-1 TgN y_ 1 by Deuser et al to 1 l-9TgN y~1
by Mantoura et al) as a consequence of the various choices of the renewal times
(3-30 years) of denitrifying waters.
Using all the data then available, Naqvi (1986, 1987) used a box model involving
the advective and diffusive exports of nitrate deficits from the denitrification zone
(table 1) to arrive at a rate of denitrification of ~30TgNy_1.
Naqvi and Shailaja (1993) recently estimated rate of denitrification from activity
of the respiratory electron transport system (ETS). In this method, activity of the
enzyme systems that control respiration is measured by extracting the enzymes from
microplankton retained on GF/F filters and incubating with an electron acceptor
and with the natural substrates of the enzyme system. The ETS activities, however,
give potential rates that must be converted into in situ rates with the aid of suitable
constants. This approach is based on the assumption that ETS activity in the oxic
and denitrifying waters is proportional to oxygen consumption and denitrification
rates respectively. Results of batch culture experiments utilizing bacteria under both
oxic and anoxic conditions have, in fact, revealed linear relationships between the
ETS activity and respiration rates (Christensen et al 1980; Packard et al 1983).
Although, the conversion of in vitro activity of the enzymes to in vivo respiration rate
suffers from considerable uncertainty, the ETS-based denitrification rates appear to
agree well with those estimated by other methods (Codispoti and Richards 1976).
Naqvi and Shailaja (1993) used a coefficient of 2-7-3-68 to convert the ETS activity
(//eq 1"1 h ~1) to denitrification rate (gN m ~3 y ~1) on the basis of the published results
of calibration of ETS assays (Devol 1975; Garfield et al 1983; Packard et al 1983).
Close to the boundaries of the oxic-suboxic zone, much of the nitrite produced
through dissimilatory nitrate reduction might be re-oxidized to nitrate (Anderson
et al 1982). Thus, the coupling of nitrification and denitrification could result in a
recycling of combined nitrogen compounds without the terminal production of
molecular nitrogen. In order to account for this effect, the ETS-derived denitrification
rates were integrated only over the depth range with nitrite concentrations exceeding
0-5 pM (Naqvi and Shailaja 1993). As argued by Codispoti and Christensen (1985)
the omission of data with N02 < 0-5 pM most likely eliminates the possible errors
due to nitrite recycling in the ETS-based denitrification rate estimates. The mean
rate so obtained (20-8-28-35 gNm-2 y“l) applied over the area with N02 >0-5juM
(1-15 x 106km2), led to an overall rate of denitrification as 23-9 — 32-6 TgNy-1. This
is quite close to the estimate of Naqvi (1987), but higher by a factor of 2-2-7 than
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the estimate of Mantoura el al (1993) utilizing freon-11 (F-ll)-based ventilation time
of the oxygen-deficient layer (Olson et al 1993).
A crude check on the above computations could be made as follows. A modest
annual net northward geostrophic flux (surface to bottom) of 4 x 106m3s_1 required
to compensate the southward flux in the Ekman layer (Olson et al 1993) should cause
a net annual input of ~ 50TgNO3-N to the Arabian Sea. This roughly should be
the strength of the net local sink of combined nitrogen since the nitrate concentrations
in the surface layer are close to zero. This, of course, includes sedimentary denitrifi¬
cation as well. The benthic denitrification rate is unknown, but is expected to be
much smaller than the water-column denitrification rate (Naqvi et al 1992). Thus, it
seems that a rate of water-column denitrification of ~ 30TgNy ~1 is probably of the
right magnitude. If so, then the Arabian Sea may make about the same contribution
to the global nitrogen flux to the atmosphere as each of the Pacific denitrification
sites (Codispoti and Richards 1976; Codispoti and Packard 1980).
A denitrification rate of 30TgNy_1 corresponds to a carbon mineralization of
0-87 x 105mols-1. For comparison, the oxygen influx estimated by Olson et al (1993)
can sustain an oxidation rate of ~ 2 x 105mols_1. These figures highlight the
importance of denitrification as a major respiratory process within the subsurface
layers of the northwest Indian Ocean.

4. Temporal variability and renewal time of intermediate waters
The unique monsoon circulation in the North Indian Ocean introduces large seasonality
in nutrient inputs to the euphotic zone and hence in biological production (Qasim
1977,1982; Banse 1987). Consequently, particle fluxes to the deep Arabian Sea exhibit
a large seasonal signal (Nair et al 1989). Moreover, the intermediate-depth water
exchange between the Arabian Sea and the rest of the Indian Ocean, which is mostly
confined to the western Arabian Sea, also seems to be monsoon-dependent (Swallow
1984). In view of monsoon-related changes in the supply of organic carbon to
subsurface waters and in water circulation, one may expect the intermediate waters
to undergo appreciable temporal changes.
Observational support for significant short-term changes in the composition of
oxygen-poor waters was first provided by Naqvi (1987). Subsequently, Naqvi et al
(1990) and Noronha (1992) presented data, based on observations in the northeastern
Arabian Sea, during successive southwest and northeast monsoon seasons. These
clearly indicated variations in denitrification intensity on a seasonal scale. Mapping
the distribution of nitrate deficit and nitrite at four isopycnal surfaces within the
suboxic zone, Naqvi et al (1990) observed changes which seem to result from a
seasonal reversal of subsurface water circulation off the Indian coast. During the
southwest monsoon, when the eastern Arabian Sea behaves like a typical eastern
boundary area (Shetye et al 1990), a subsurface poleward undercurrent, common to
all eastern boundaries, supplies oxygen and nitrate to this region suppressing
denitrification. However, this feature is absent during the northeast monsoon.
Seasonal changes may also occur in the northern Arabian Sea due to the aeration
associated with winter convection (Banse 1984) [some evidence for this also exists in
the work of Noronha (1992)], and in the western Arabian Sea which receives seasonally
the outflows from the Red Sea and Persian Gulf (Olson et al 1993). Unfortunately,
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the data available from the northern and western parts are inadequate to assess the
extent of seasonal changes in these areas.
The observed changes in chemical composition of the oxygen-deficient waters imply
that these waters should be renewed quickly. Swallow (1984) was the first to postulate
a vigorous circulation at intermediate depths in the northwestern Indian Ocean.
Several efforts have since been made to estimate the ventilation time using chemical
data. An understanding of the time scales of renewal of the oxygen-minimum layer
is required to assess the roles of various processes (poor circulation versus excessive
oxygen consumption) responsible for the development of the intense oxygen minimum.
It is also needed to quantify the denitrification rate, since most of the current uncertainty
in the estimates of denitrification rate directly reflects that in the ventilation time, as
stated earlier.
Naqvi (1987) combined his estimates of the total inventory of denitrified nitrogen
and denitrification rate to compute an average renewal time of 4y. Somasundar and
Naqvi (1988) used the model of Liu and Kaplan (1984), which relies on the global
relationships between denitrification rate and availability of sinking particles, to arrive
at an estimate of 1-6-3-4 y. The ETS-derived denitrification rate yielded a value of
~ 1 y (Naqvi and Shailaja 1993). Olson et al (1993) employed a box model involving
F-ll saturations observed north of Lat. 12°N. Assuming that F-ll inputs to the
oxygen-deficient zone were solely through outflows from the Red Sea and Persian
Gulf [which may not be strictly valid since significant winter convection occurs in
the northern Arabian Sea (Banse 1984)] and that the waters advecting from the south
had negligible F-ll concentrations in 1987, these authors computed the average
renewal time of the oxygen-deficient layer (02 < 4 pM) as ~ 11 y. These results provide
quantitative support for Swallow’s (1984) hypothesis. Although the range of the above
estimates (1-11 y) is rather large, it may be noted that these apply to different volumes.
For example, while the estimate of Naqvi and Shailaja (1993) is for the denitrifying
layer (ca. 150-500 m), that of Olson et al (1993) is applicable to the entire oxygendeficient layer (150-1000 m). The shallower denitrifying layer, occupying a much
smaller (1/4 to 1/5) volume, is expected to have a much shorter renewal time.

5. Relative importance of sinking and dissolved organic matter in supporting
denitrification

As described below, recent studies have revealed some intriguing aspects of carbonnitrogen cycling in the Arabian Sea which may have important implications on the
global biogeochemical cycles.
Microbiological investigations using modern techniques had not been taken up in
the oxygen-deficient waters of the Arabian Sea until very recently. First measurements
of the whole water column bacterial abundance and 3H-thymidine incorporation
(TdR) were made by Ducklow (1993) along a transect extending from the equator to
the Gulf of Oman. His results for the Charles Darwin Sta. 5, located within the
denitrifying zone in the central Arabian Sea, are reproduced in figure 8. The bacterial
abundance profile shows a distinct maximum coinciding with the SNM. [3H] thymidine
incorporation is also substantially higher (by a factor of 5) within the upper parts of
the SNM than in the overlying and underlying waters. Thus, the high bacterial
biomass within the denitrifying waters is probably sustained by higher in situ growth
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Figure 8.

Vertical profiles of (a) beam attenuation coefficient, (b) bacterial abundance,
(c) thymidine incorporation, and (d) nitrite. Bacterial abundance and thymidine incorporation
data at Charles Darwin station 5 (14°23'N, 66°53'E) are from Ducklow (1993); nitrite data
at the same station (open circles) are from Saager et al (1992); beam attenuation and nitrite
(solid circles) data at Sagar Sampada station 2514 (15°01'N, 67°E) are from Naqvi et al
(1993).

rates. A similar bacterial abundance maximum associated with denitrification has
been reported from the denitrifying zone off Peru (Spinrad et al 1989). What is unusual
in the Arabian Sea is that the BP estimated from the observed thymidine incorporation
appears to be much higher than the rate of dissolved organic carbon (DOC) release
from sinking particles computed from the sediment trap data collected during the
same period (figure 9). A comparison of BP integrated within the depth range
100-1000 m with sinking fluxes at 100 m depth is made in table 2. It is evident that
the vertical fluxes alone are inadequate to meet the carbon demand of bacteria in
subsurface waters of the Arabian Sea. It may be pointed out here that the factors
used by Ducklow (1993) to convert thymidine incorporation into bacterial production
were very conservative (2 x 10~14gC per cell, H8 x 1018 cells per mole of thymidine
incorporated, and 65-7% TdR incorporation into DNA). Thus, the inferred inadequacy
of the vertical fluxes to sustain subsurface respiration cannot result from an over¬
estimation of BP.
Naqvi and Shailaja (1993) and Naqvi et al (1993) have provided estimates of
subsurface respiration rates from measurements of ETS activity. A typical ETS profile
from the reducing zone is reproduced in figure 10. The ETS activity exhibits a
maximum coinciding with the SNM. This, of course, is as expected since the ETS
activity is a measure of the viable bacterial cells and, as stated above, there occurs
a maximum in bacterial biomass at about the same depth. The observed ETS activities
within the oxygen minimum are among the highest observed in the ocean at
comparable depths (Naqvi and Shailaja 1993). This lends support to the view that
the acute oxygen depletion in the Arabian Sea may be to a large extent due to an
excessive oxygen demand.
The enzymatic work has led to two unique and significant observations. First, the
ETS activities and consequently denitrification rates exhibit geographical changes
which are against the trend expected from primary productivity of the overlying
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Figure 9. Log-log plots of bacterial production (BP) vs. depth at Charles Darwin station 5.
BP estimated using conversion factors 2 x 10~14gC per cell, 118 x 1018 cells per mole of
thymidine incorporated, and 65-7% TdR incorporation into DNA. Solid line represents
linear regression of BP data. Dotted line is Martin et aPs (1987) equation for carbon
regeneration from sinking particles based on the data collected using drifting sediment traps
(from Ducklow 1993).

Table 2. Estimates of bacterial production below 100 m in relation to vertical
POC flux (from Ducklow 1993).

Station locations
00° 02'N,
08°01'N,
14° 23'N,
21° 15'N,
23° 38'N,

65°E
67°E
66° 53'E
63° 22'E
59° OLE

Bacterial production
100-1000 m
(mgCm“2d_1)

Vertical flux at
100m
(mgCm~2d

758
185
180
248
350

16 5
8-3
91
21-8
25-6

surface waters. That is, the highest activities were measured beneath the relatively
oligotrophic surface waters offshore. But the ETS activities (figure 11) show a similar
geographical distribution as nitrite (figure 3) providing additional evidence for a
decoupling between primary production and denitrification. Secondly, the ETS-based
denitrification rates appear to be too high to be supported solely by the sinking
fluxes. This was first demonstrated by Naqvi and Shailaja (1993) from a comparison
of the ETS-derived respiration rates with the particulate carbon supply to the
denitrifying layer as obtained from the model of Betzer et ai (1984). Using a generous
estimate of primary production of 278gCm~2y_1, the weighted mean of column
productivity north of 15°N obtained from the data base of Naqvi (1991), it was
computed that at Sta. LI3 (figure 11) the carbon requirement for denitrification may
exceed its availability through sinking particles by a factor of 4. This inequality has
been further accentuated by the findings of Naqvi et al (1993) who compared their
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Figure 10. Depthwise distributions of nitrite, electron transport system (ETS) activity, and
particulate protein (PP) in relation to beam attenuation at Sagar Sampada station 2496
(17° 30'N, 67° 30'E) (from Naqvi et al 1993).

Figure 11. The ETS-based denitrification rates (figures within parentheses, gNm~2y_1)
integrated over the water column with N02 ^0-5 pM. The sampling stations are identified
by the legs M, L, etc. and the numbers outside parentheses. The contours represent the
distribution of nitrite (/iM) at the secondary maximum (see figure 3). Note the denitrification
rate = 0 at Sta. Z1 reflects <05^M nitrite at the time of observation (from Naqvi and
Shailaja 1993).
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estimates of ETS-derived respiration rates (corresponding to a mean carbon require¬
ment of 155 mgC m ~ 2 d ~1) with the carbon fluxes at 100 m (8*3—25*6 mgC m ~2 d ~1)
measured by B. Zeitzschel (table 2). It may be pointed out that since the ETS method
yields denitrification rates that are consistent with those estimated by other methods,
as demonstrated earlier, it is unlikely that the above anomaly is caused by the
uncertainty in the conversion factors. The apparent inadequacy of the sinking fluxes
as well as a lack of correlation between denitrification and primary productivity
indicate that the processes usually assumed to supply carbon to support microbial
metabolism in subsurface waters may be very different in the Arabian Sea. This is
corroborated by the data on BP as discussed earlier.
It has been suggested that the excess carbon required at intermediate depths could
be in the form of dissolved organic carbon (DOC) (Ducklow 1993; Naqvi and Shailaja
1993). Naqvi and Shailaja (1993) have also suggested the possible involvement of
suspended organic matter transported laterally from the continental margins.
Well-defined particle maxima have been known to occur within the cores of the
oxygen minima and nitrite maxima in the eastern tropical Pacific (Pak et al 1980;
Garfield et al 1983; Spinrad et al 1989). Recent optical measurements showed that a
similar turbid layer occurs in the Arabian Sea as well, as exemplified by the beam
attenuation profiles in figures 8 and 10 (Naqvi et al 1993). The intermediate particle
maximum in the Arabian Sea does not appear to be confined to a specific water mass
as it occurs over wide depth and density ranges. Instead it shows a remarkable
association with the SNM, both in its horizontal and vertical extents. Significantly,
the particle maximum does not exhibit any systematic onshore-offshore gradients
expected from an offshore transport of the bottom nepheloid layers, the mechanism
suggested by Pak et al (1980) for its occurrence off Peru; indeed, it seems to intensify
offshore (Naqvi et al 1993), consistent with the aforementioned trend in denitrification.
As the particle maximum is associated with the maxima in ETS activity and in
particulate protein (figure 10), it probably has a large living organic component.
Ducklow’s (1993) observations reveal that a pronounced bacterial biomass maximum
also occurs at about the same depth (figure 8). This has led to the suggestion that,
as in the Peruvian upwelling zone, the bacteria may directly account for the increased
turbidity at these depths. And since the anomalies in beam attenuation show excellent
correlation with the nitrate deficit and nitrite (Naqvi et al 1993), it would appear that
most of the bacteria within the SNM should be engaged in the nitrate reduction/
denitrification pathways.
If the intermediate nepheloid layer in the Arabian Sea, as indeed in other similar
environments, mainly arises from an increase in bacterial biomass, then the quasi¬
horizontal transport of suspended matter may not be very important in providing
the additional carbon required to sustain the high respiration rates. A more plausible
mode of input of the biodegradable organic carbon is the advective and diffusive
transports of DOC from surface layer. Improvements in the analytical techniques,
namely the development of a high temperature catalytic oxidation (HTCO) method
for estimating DOC in seawater, have led to the recognition of a large pool of organic
carbon present as DOC that escaped detection by the wet oxidation technique
(Sugimura and Suzuki 1988). More recent results by Martin and Fitzwater (1992)
reinforce this view, although a correlation between the DOC and oxygen consumption
has not been validated. However, Ogawa and Ogura (1992) found that the DOC
concentrations estimated by the HTCO are only slightly higher than those obtained
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from the wet oxidation method. One important inference that could be made from
these rather conflicting results obtained following apparently the same technique is
that the DOC may be differentially labile in space. Large vertical gradients observed
by Sugimura and Suzuki (1988) and the steep horizontal gradient seen by Martin
and Fitzwater (1992) appear to testify to the active involvement of DOC in some
geographical areas (Toggweiler 1992). Following a HTCO method using nickel and
cobalt oxide as catalyst, appreciable vertical and horizontal gradients in the DOC
concentrations have been observed by Kumar et al (1990) in the Arabian Sea as well.
Although the DOC- AOU correlation observed by these authors was not very
significant in pooled data, better correlations are evident when the data are treated
separately for the northern, central and southern Arabian Sea. Significantly, the lowest
DOC values (~ 60 /iM) occurred within the denitrifying layer. Considered together
with the evidence for the inadequate vertical fluxes to meet the mid-depth carbon
demand, these observations strongly suggest that denitrification could be dominantly
fuelled by DOC. It seems quite possible that the DOC is more effectively utilized by
bacteria under denitrifying conditions leading to their proliferation. An implication
of these results is that, given the short renewal time of the denitrifying layer, the labile
fraction of the DOC should be characterized by short regeneration times.

6. Nitrous oxide cycling
Considerable attention is being paid in recent years to understand the fate and fluxes
of nitrous oxide (N20) in the ocean, especially within the low-oxygen environments
where its turnover appears to be very rapid (Codispoti et al 1992). Two reports have
appeared in the literature on the cycling of this important greenhouse gas in the
Arabian Sea (Law and Owens 1990; Naqvi and Noronha 1991). The results are in
excellent agreement and suggest that the Arabian Sea serves as a significant source
MI2

L13

K14

J15

115

Zl

Z2

Z3

Figure 12. Distribution of nitrous oxide (nM) along the same transect as in figure 6 (from
Naqvi and Noronha 1991).
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of nitrous oxide to the atmosphere (0-30-0-44 Tg y ~1). Apparently, the large atmospheric
fluxes are caused by a high rate of N20 pumping to the surface layer as a result of
upwelling and vertical mixing (Naqvi and Noronha 1991).
High nitrous oxide concentrations in subsurface waters of the Arabian Sea result
from an enhanced production of N20 in the low-oxygen waters, as long as the latter
do not experience denitrification (Naqvi and Noronha 1991). Vertical profiles of N20
generally exhibit a single maximum coinciding with the oxygen minimum (Yoshinari
1976). The onset of denitrification, however, greatly affects the N20 distribution as
shown in figure 12. The pronounced minimum in N20 embedded between two
maxima obviously reflects N20 consumption within the core of the denitrifying layer
since the N20 minimum coincides with the SNM (figure 7). The denitrifying layer
acts as a sink for the oceanic N20, as do the reducing shelf/slope sediments; the
combined strength of these sinks in the Arabian Sea has been estimated as > 2 Tg N y “1
(Naqvi and Noronha 1991). The denitrifying layer also insulates low-oxygen, high
N20 waters of the lower part of the oxygen-deficient zone from upper layers which
ventilate part of their N20 to the atmosphere.

7. Some other consequences of reducing conditions

As stated earlier, despite the rapid renewal of intermediate waters, suboxic conditions
develop at mid-depths in the Arabian Sea. This is partly due to the fact that the
waters responsible for renewal may be originally oxygen-depleted (Swallow 1984),
and partly because of high respiration rates evident from the ETS data. However,
the waters advecting from the south ensure sufficient supply of nitrate to the Arabian
Sea. Calculations included in section 3 suggest that denitrification may account for
about 1/3 of the total carbon respired within the oxygen-deficient zone. Thus, the
large nitrate flux could be important in preventing the development of complete
anoxia (i.e., sulphate reduction). However, as stated earlier, the lowered redox potential
affects the cycling of several other redox elements.
Saager et al (1989) investigated depth profiles of dissolved manganese at several
locations and that of dissolved iron at one location in the Arabian Sea. Their results
(figure 13) reveal the occurrence of broad maxima in concentrations of both Mn and
Fe within the oxygen-poor zone, attributed to in situ dissolution of Fe-Mn from
particulate matter and/or lateral inputs of these metals mobilized within the reducing
continental shelf/slope sediments. Interestingly, the greatest accumulation of Mn was
found to occur at the periphery (Sta. 7) or outside (Sta. 9) the denitrification zone
beneath the highly productive waters of the western Arabian Sea. It was ascribed to
different mechanisms of Mn enrichment. While the in situ dissolution might dominate
within the denitrifying waters of the central Arabian Sea, lateral inputs from the
continental margin into the Red Sea core layer during its transport towards the north
may be more important in the western Arabian Sea (Saager et al 1989). However, it
must be noted that the salinity maximum corresponding to the Red Sea water was
not prominent off Oman (German and Elderfield 1990), which is in conformity with
the previous results (Naqvi et al 1982). An association of the Mn maximum (at
ae = 27-2) with the Red Sea water may thus be questioned. An alternate explanation
of the above anomaly could be that the larger enrichment in the western Arabian
Sea may be caused by Mn mobilization within the microreducing sites provided by
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the particle aggregates. The western Arabian Sea offers ideal conditions for the
development of such sites as the ambient oxygen levels approach but do not reach
suboxia, and the export production is extremely high. On the other hand, as discussed
earlier, the denitrifying layer underlies surface waters which are much less productive.
Therefore, although the conditions within the bulk of the water column are
denitrifying, Mn available for reduction may be much less.
Results of an investigation of the rare earth elements (REE) are in general conformity
with the above report: German and Elderfieid (1990) found a three fold enrichment
of dissolved cerium in the suboxic waters as compared to the overlying oxygenated
layer (figure 13), ostensibly caused by the reduction of Ce(IV) to Ce(III). The other
strictly-trivalent REE, by comparison, showed a very modest enrichment of only
10-20%, which was attributed to the adsorption/desorption processes associated with
precipitation and dissolution of ferromanganese oxyhydroxides. As in case of Mn,
Ce enrichment was not limited to the denitrifying zone, although the Ce maximum
was sharper and more intense in the denitrifying waters; it also occurred at shallower
depths (figure 13). However, their results also show that Ce and Mn distributions in
the Gulf of Oman could be somewhat decoupled presumably due to minor changes
in oxygen concentrations, thus highlighting the delicate biogeochemical poise that
exists in the northwestern Indian Ocean and the sensitivity of various redox systems
to the ambient oxygen levels.

8. Future work
Our knowledge of the biogeochemical cycling within the coupled carbon and nitrogen
systems, particularly water column denitrification, in the northwestern Indian Ocean
has improved greatly since the mid 1970s. The work carried out so far has uncovered
several unusual aspects of the biogeochemistry of this oceanographically unique
part of the oceans, but it has also raised many new questions. The issues that need
to be addressed have been identified by Smith et al (1991). Here only a few points
will be emphasized concerning the observational as well as modelling work that
should be pursued in future.
Given the large physical, biological and chemical changes that occur within the
Arabian Sea, the observational coverage of this region has been highly uneven in
both space and time. For example, very few data are presently available from the
most productive regions (western and northern Arabian Sea) especially during the
southwest monsoon. Several international programmes under the JGOFS currently
underway or to be undertaken shortly are expected to remedy this situation. Creation
of a good data base, adequate for providing a measure of the spatial and temporal
changes, should get the highest priority.
Some recent results from elsewhere in the oceans highlight the importance of
denitrification within sediments in the overall nitrogen cycling (Christensen et al 1987;
Devol 1991). No attempt has been made to measure sedimentary denitrification rates
in the Arabian Sea. These can be expected to be significant particularly within marginal
sediments which are in contact with the oxygen-minimum layer. Benthic chamber
studies similar to those planned as a part of the US JGOFS Program should be
extended to the eastern Arabian Sea to quantify this important and yet-unknown
term in the nitrogen budget.
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There has been only one modest attempt so far to model denitrification in the
Arabian Sea: Anderson et al (1982) used a one dimensional (vertical) approach to
simulate nitrate and nitrite distributions in the oceanic suboxic zones including the
Arabian Sea. In an area where the horizontal processes cannot be ignored (particularly
in view of the observations which show that the sinking fluxes may be insufficient
to meet the organic carbon demand within the oxygen minimum zone), one-dimensional
models have very limited utility. However, more realistic modelling would await a
larger data base particularly on subsurface circulation in this region.
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Context of the suboxic layer in the Arabian Sea

BRUCE A WARREN
Woods Hole Oceanographic Institution, Woods Hole, MA 02543, USA
Abstract. The setting of the Arabian Sea is reviewed in order to examine which of the
circumstances causing large oxygen depletion in the ocean are responsible for the suboxic
layer (concentrations <0T mil-1) in the northern thermocline there. The wind field forces
circulations that restrict but do not exclude exchange with the south, and a recent box-model
interpretation of trichlorofluoromethane measurements indicates a modest throughflow for
the layer of about 5 x 106m3s~*. The associated oxygen-flux divergence is roughly consistent
with biochemical determinations of local oxygen-consumption rates, both approaches giving
values (3—6 pi 1-1 s-1) that are modest in comparison with estimates elsewhere in the world
ocean. Despite the high mean-annual surface productivity in the region (nearly
1 gCm~2day_1), it seems plausible that too little of this particulate matter is consumed at
thermocline depths to cause an inflated oxygen demand there. Since the layer is neither an
isolated pool, nor a sluggish backwater, nor a conspicuous oxygen sink, the suboxic
concentrations must be due (as earlier proposed) to the low concentration in the water
entering the layer from the south. That depletion in turn seems due to moderate consumption
as the water travels the very long trajectories from its zone of sea-surface renewal (Lats.
40-50°S). Although large seasonal variations are expected in both throughflow volume
transport and surface productivity (suggesting comparable changes in consumption rate),
the volume of the suboxic layer seems big enough to buffer the oxygen levels there against
any very noticeable overall variability.
Keywords.

Arabian Sea; oxygen concentration; oxygen consumption; productivity.

1. Introduction
Volumes of ocean that are relatively poor in dissolved-oxygen concentration must
either be located near intense oxygen sinks or be far distant, in the sense of advectiondiffusion time, from their sea-surface sites of oxygen renewal. The intense sinks are
generated by large input of organic matter from the euphotic zone. The low con¬
centrations found at depths of a few hundred meters close to Peru, for example, are
due to an oxygen consumption rate in the Peruvian upwelling system that is an order
of magnitude greater than that in the oligotrophic waters offshore (Packard et al
1983). Or, if large organic input is delivered all the way to the sea floor, then oxygen
consumption within the sediments can cause a flux of oxygen from the overlying
water, as observed on the northwest African continental shelf (Rowe et al 1977), say,
or as inferred to cause the deep oxygen minimum above the Congo fan in the Angola
Basin (van Bennekom and Berger 1984).
Under more representative consumption rates for the depths in question, large
oxygen depletion requires unusually long time intervals from atmospheric renewal.
These can be effected in three ways: (1) very long spatial trajectories for water moving
at ‘typical’ speeds; (2) stagnation, or very slow speed along trajectories; (3) complete
isolation of flow trajectories from the sea surface.
203

204

Bruce A Warren

An example due to (1) is the low oxygen concentration of the deep water in the
northeastern Pacific Ocean (<3mll_1; Mantyla and Reid 1983), which is as far
removed as is physically possible from its North Atlantic and Southern Ocean sources.
Stagnation is unlikely as a cause of its oxygen loss, because simple circulation theory
indicates that the local flow speeds should be similar to those at comparable latitudes
in the southeastern Pacific, where concentrations are much higher (Kuo and Veronis
1973).
Outright stagnation may never actually occur in the open ocean, being limited
perhaps to water in some enclosed basins below their sill depths, as in the Black Sea.
However, the deep circulation theory above predicts the minimum flow speeds to be
in the far-eastern equatorial regions, and a relative minimum in deep oxygen con¬
centration is indeed found in that sector of the Pacific (Mantyla and Reid 1983),
possibly due to very long travel time for water there. Moreover, the assumption of
mid-depth intervals of relatively small horizontal motion - separating thermocline
gyres from deep-water gyres - has been moderately successful in accounting for the
mid-depth oxygen minima in some parts of the ocean (Wyrtki 1962).
With respect to (3), Luyten et a! (1983) have hypothesized pools of uniform potential
vorticity in the western lower thermocline of subtropical gyres, in which water parcels
circulate without ever entering the surface mixed layer. In these pools, as in the
oxygen-minimum layers for the extreme version of the Wyrtki (1962) model, oxygen
renewal could come about only through the very slow process of vertical or lateral
diffusion. It does not seem to have been shown, however, whether such pools actually
exist in the ocean. Luyten et al (1983) also predicted sub-surface shadow regions in
the eastern tropical thermoclines that are never entered by flow trajectories connected
to the sea surface. Recognizing the low oxygen concentrations typical of these parts
of the ocean, they arbitrarily took these shadow regions to be stagnant, but dynamictopography maps (e.g., Tsuchiya 1968) do not seem to support the idea of thick layers
of no motion in the eastern tropics. Presumably the water in these shadow regions
could be circulating instead along closed trajectories lying well below the sea surface,
and oxygen renewal would occur solely through mixing. Gordon and Bosley (1991)
have identified a cyclonic gyre in the upper thermocline of the eastern tropical South
Atlantic, which encloses the core of the oxygen-poor water there. Perhaps this gyre
presents examples of trajectories that are completely isolated from the surface mixed
layer.
Three extensive regions of oxygen concentration < 0T ml 1"1 are found in the open
ocean: at thermocline depths in the eastern tropical Pacific, the Arabian Sea, and the
Bay of Bengal, in order of decreasing lateral expanse. The purpose of this review is
to discuss the special circumstances of the oxygen-poor layer in the Arabian Sea, and
to consider which combination of the factors listed might be responsible for this
enormous oxygen depletion. Sluggish flow was conjectured by Sverdrup et al (1942,
p. 696), for example, and relatively large consumption owing to enormous surface
productivity by Ryther and Menzel (1965). Swallow (1984), however, pointed to the
already low concentration of the water entering the Arabian Sea from the south, and
this feature, due essentially to the lengthy trajectories along which that water travels
from its sea-surface sources, will be favored in the conclusion of this review. The
discussion of features and measurements is organized around a recent box-model for
the region (Olson et al 1993), and comparisons are made to other oceans to try to
give some perspective on magnitudes of effects estimated in the Arabian Sea.
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2. Setting of the Arabian Sea
The northern Arabian Sea encloses the thickest of the major oxygen-poor layers,
bearing suboxic concentrations (<0Tmll-1) from depths of 100 m to more than
1000m (e.g., Qasim 1982). Values < 002mil-1 within the layer have been determined
by a colorimetric method (Naqvi 1987), and a few values of001 mil-1, even 000mil-1,
have been obtained with standard Winkler titration and rigorous sampling procedures
(Weiss et al 1983; Kearns et al 1989). Nitrate reduction occurs in the northeast, where
nitrite concentrations of 1-4 /xmol 1 ~1 are found at depths of 200-500 m (Naqvi 1991).
There seem to be no credible reports of hydrogen sulfide in the layer (Deuser et al
1978), however, not even of ephemeral occurrences such as observed off Peru (Dugdale
et al 1977), although sediments on the Arabian slope at thermocline depths may smell
strongly of hydrogen sulfide, and concentrations as high as 864/tmoll-1 have been
measured in water from mud samples there (Mohamed 1940).
Characteristics of the layer are illustrated on a CTD section occupied in Longs.
58-64°E during December 1986-January 1987, and approximately repeated in
July-August 1987, by the R.R.S. Charles Darwin (figure 1). Oxygen concentrations
< 01 ml l -1 are seen north of Lat. 14°N on the winter section, and a relatively strong
meridional gradient in Lats. 6-10°N separates this suboxic region from the somewhat
richer water to the south (figure 2a). The zone of this gradient (the latitudes, say, of
the isopleths of TO to 0-5mil-1 at 500m) seems fairly stationary (e.g., Wyrtki 1971;
Sen Gupta and Naqvi 1984); the identifying isopleths on the summer Darwin section
were displaced by only about one degree of latitude from their locations on the winter
section (Kearns et al 1989).
It is likely that the zone is positioned by the distribution of wind stress. On average,
during June-September the curl of the wind stress is positive over the northern part
of the Arabian Sea and negative over the southern part; the opposite distribution
prevails during November - April, with patchwork patterns in May and October,
and considerable variation in both amplitudes and forms (Stricherz et al 1993). These
forcing functions set up opposed circulatory regimes in the northern and southern
Arabian Sea, each reversing with the monsoons. On the whole, the lines of zero

Figure 1. Positions of CTD stations occupied by R.R.S. Charles Darwin in the central
Arabian Sea during (left) 20-31 December 1987, and (right) 4-14 August 1987. After Olson
et a/(1993).
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Figure 2. Profiles for December 1987 Darwin section from calibrated CTD data of (left)
dissolved-oxygen concentration (mil-1), and (right) salinity (p.s.s.). Tick marks at tops of
profiles indicate station positions (figure 1, left). Shaded area on oxygen profile highlights
concentrations <0*1 mil-1, and dashed isopleth on salinity profile traces isopycnal of
potential-density anomaly (ae) 27-2 mg cm-3, the core of the Red Sea water. After Olson
et al (1993).

wind-stress curl are farther south during the months of the northeast monsoon than
during those of the southwest monsoon. They are not zonal lines, however, but are
oriented generally NE-S W, so thay mark in only a rough way the resulting boundaries
between the Sverdrup circulation of the northern and southern gyres (e.g., Bruce
1983), and, at least in the north, the circulation field is unlikely to be a single, simple
gyre (e.g., Luther and O’Brien 1985). Nevertheless, the wind field does establish
different regimes, whose boundary varies with longitude and season, and which
combine to form the belt of relatively swift, quasi-zonal flow in about Lats. 8-16°N
in the western Arabian Sea (e.g., Cutler and Swallow 1984). The separation restricts
exchange between the northern and southern areas, and causes the sharp meridional
gradient in water properties.
Even apart from the monsoonal oscillations, the isolation of the northern region
cannot be complete, because the wind-driven Ekman transport across the boundary
between the circulatory regimes forces a compensating sub-surface geostrophic flow.
The wind-forcing and response are too complicated to permit exact considerations
along such simple lines, but to give some idea of what sort of mean-annual meridional
exchange might be entailed, the mean-annual zonal wind stress, averaged along Lat.
15°N is about 0*5 dynes cm-3 eastward (Bruce 1983). That implies a mean-annual
southward Ekman flux of about 3-5 x 106m3s_1, which must be balanced by net
boundary-current and interior geostrophic flows, integrated from surface to bottom.
It is not known, however, what vertical distribution of horizontal transport generates
this net inflow to the northern Arabian Sea. Circumpolar Deep Water, for example,
spreads northward along the bottom of the Arabian Sea and upwells, some fraction
of it returning southward as the transformed North Indian Deep Water (e.g., Warren
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1992). The upwelling of the deep water probably reaches into the shallower, oxygenminimum layer as well, to supplement net northward inflow at intermediate depths
(e.g., Swallow 1984), but none of these rates has been well determined.
At least the fact of northward inflow at thermocline levels is evident in property
fields, which show an oxygen maximum at depths of 300-400 m in the southern
Arabian Sea (e.g., Sen Gupta and Naqvi 1984), marking water carried northward
from a zone of winter overturning in Lats. 40-50°S (Warren 1981). This general water
mass has been variously called ‘Indian Ocean Central Water’, ‘subtropical subsurface
water’, ‘Subantarctic Mode Water’, or just ‘oxygen-maximum water’. It is identified
in figure 2 by the pronounced oxygen maximum and associated induced salinity
minimum in Lats. 2-10°N. It can even be recognized up to the edge of the suboxic
region by the faint oxygen maximum near 500 m in Lats. 10-14°N.
The oxygen-poor layer is also supplied by influx from the north, by the outflows
from the Red Sea and Persian Gulf. The more distinct on the Darwin section is the
Persian Gulf outflow, seen as the salinity maximum near 300 m in Lats. 19-23°N,
and again at Lat. 17°N (figure 2b). The location of the Darwin stations is so close to
the Persian Gulf that this water had not become quite suboxic there (figure 2a). The
high-salinity Red Sea outflow spreads eastward from the Gulf of Aden in Lats.
13-17°N (Wyrtki 1971, pp. 245 and 251), about a central isopycnal of potential-density
anomaly 27-2 mg cm-3, which is plotted in figure 2b. The Darwin stations do show
salinity maxima near this density south of Lat. 15°S (Kearns et al 1989), but they are
too faint to be registered by the isopleths in figure 2b. Both outflows are of moderate
oxygen concentration (2-5-4mll_1 - Wyrtki 1971) at Bab el Mandeb and the Strait
of Hormuz, but they lose oxygen rapidly downstream from the sills, presumably by
entrainment of the resident oxygen-poor water as they descend the continental slope.
Thus all the ‘Red Sea water’ on the distant Darwin section is of relatively low
concentration, as illustrated, for instance, by the minimum in Lats. 2-3°N (figure 2a).
Salt-budget calculations for the Red Sea and Persian Gulf outflows suggest volume
transports at their sills of perhaps 0 46 x 106m3s~1 and 0-18 x 106 m3 s“ \ respectively
(Olson et al 1993).
Convective overturning has been inferred during winter in the northern Arabian
Sea to depths of about 100 m (Banse 1984; Naqvi 1991), and tentatively conjectured
to 150 m off the Saurashtra peninsula of India (Shetye et al 1992). But it seems unlikely
that convection with such shallow penetration depths could have much impact on
the underlying suboxic water.
A plausible, schematic, mean-annual water budget for the oxygen-minimum layer
consists, then, of: (1) net northward inflow of oxygen-maximum water in the thermocline;
(2) probable upwelling of deep water into the bottom of the layer; (3) inflows from
the two marginal seas, having a combined transport at their sills of ~ 06 x 106 m3 s -1;
and (4) net outflow out of the top of the layer, to supply both southward transport
in the Ekman layer, of roughly 4 x 106m3s_1, and surface flux into the marginal
seas, which latter is transformed into the marginal-sea outflows. This budget clearly
rules out flow trajectories within the oxygen-minimum layer that are isolated from
the sea surface. Of the other oxygen-depleting circumstances identified in section 1,
the layer is generally too far from the sea floor for a sedimentary sink to be an
effective agency, although the oxygen field does not seem to have been mapped
rigorously in detail close to the Arabian continental slope, where hydrogen sulfide
has been noted in the muds. To sort through the remaining factors, it is useful to
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try to quantify the water budget, so as to estimate flow speeds, oxygen fluxes, and
local consumption rates.

3. Water and oxygen budgets
During the 1987 cruises (figure 1), the Darwin made the first sections of trichlorofluoromethane (F-ll) measurements in the Arabian Sea. Olson et al (1993) exploited
these data in a novel way to calculate a mean residence time for the layer (defined
as the volume of the layer divided by its throughflow volume transport), which then
prescribed a value for the net northward inflow of oxygen-maximum water and
allowed an estimate of the oxygen-flux divergence.
In was instructive to plot the F-ll data (figure 3) as percentage of saturation relative
to equilibrium with the 1987 atmospheric concentration, taken as 240 parts per trillion
by mole. (Salinity and oxygen concentration are illustrated for the winter section in
figure 2 because the CTD system malfunctioned during part of the summer cruise,
but the F-ll measurements were of better quality on that cruise than earlier, so the
summer results are pictured in figure 3). Inasmuch as the atmospheric concentration
of F-l 1 has been increasing nearly linearly from close to zero in about 1964 (Bullister
1989), the highest F-ll values in the oxygen-poor layer (below 200m, say) should be
observed in the component waters most recently exposed to the atmosphere; these
are the marginal-sea outflows, because their sources are so much nearer than those
of the waters from the south. The relative F-ll maximum - values > 25% - at about
300 m in Lats. 17-23°N (figure 3) is indeed almost congruent with the salinity
maximum marking the Persian Gulf water, and the pronounced trough in the 10%
and 5% isopleths in Lats. 14-16°N may be due to the eastward movement of the
F-ll-bearing Red Sea water from the Gulf of Aden. The percentages in the southern
half of the section are distinctly smaller, level for level, than in the northern half,
reflecting the greater preponderance of water there which had not returned to the
sea surface since the atmosphere began to carry much F-ll. The two areas are
separated by a sharp meridional concentration gradient in Lats. 11-13°N, lying along
the southern margin of the suboxic region.
Olson et al (1993) interpreted these data in terms of a rudimentary box model for
the oxygen-minimum layer in the northern Arabian Sea: depth interval 200-1000 m,
area that north of Lat. 12°N (thus including the Gulf of Aden). They disregarded
upwelling into the bottom of the layer, ignored seasonal variation, and assumed that
the box was filled only by the net inflow from the south and those from the two
marginal seas. The southern inflow, of volume transport to be determined, was taken
to have zero F-ll concentration when it entered the box, and the marginal-sea
outflows, of combined volume transport 0'64 x 106m3s-1, were taken to be 100%
saturated with respect to the atmospheric concentration existing at the time of entry
to the box. They assumed further that the southern-inflow water and the marginalseas water became sufficiently intermingled within the box that each component had
the same residence time within the box.
In the 1987 observations (figure 3) the average saturation percentage north of Lat. 12°N
in the depth interval 200- 1000 m was 9%. For this figure the model yielded a residence
time of 11 years (see Olson et al 1993, for details of the calculation). That residence
time then specified a net southern-inflow volume transport of 4-75 x 106 m3 s" *. This
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Figure 3. Profile of percentage saturation of F-ll relative to equilibrium with the 1987
atmosphere observed along the August 1987 Darwin section. Tick marks at top indicate
station positions (figure 1, right). From Olson et al (1993).

rate is comparable to the mean-annual southward Ekman transport across Lat. 15°N
of about 3-5 x 106m3s_1. It indicates as well an average northward velocity across
the southern boundary of the box of 0-3 cm s-1, which is neither large nor small
compared with estimated speeds in typical open-ocean regions. For example, in the
South Indian Ocean the mean-annual wind-stress curl at its latitude of maximum
strength (30°S) is about 1-3 x 10“8 dynes cm-3 (Evenson and Veronis 1975); by the
Sverdrup relation that should force a vertically integrated northward velocity of
6-5 x 104cm2s-1, which, if concentrated mainly in the upper kilometer, signifies a
mean speed in that depth interval of about 0-65 cms-1. Thus the first implication of
the F-ll model is that the suboxic region of the Arabian Sea is far from stagnant,
and is not even one of relatively sluggish circulation.
To calculate the divergence of the oxygen flux into their box (and thereby the
internal oxygen-consumption rate), Olson et al (1993) estimated average oxygen
concentrations at the boundary inflows and outflow: Persian Gulf, 3-5mil-1; Red
Sea, 2*5mll-1; southern inflow, 1-0mil-1; outflow through the top of the box,
0T mil - k Combining these concentrations with the corresponding volume transports
yielded an oxygen-flux divergence (negative) that, pro-rated over the volume of the
box, amounted to 3*2pi 1 *s 1 (1 pi 1 1s 1 = 00316mil 1 year *), which must be
balanced by an equal averaged oxygen-consumption rate in steady state. Naqvi
and Shailaja (1993) have made many measurements of the activity of the respiratory
electron transport system (ETS) at depths of 150-450 m in the northeastern Arabian
Sea; their values show no depth dependence but large unsystematic horizontal
variation, and the median value for samples taken outside the secondary nitrite
maximum is equivalent to an oxygen-consumption rate of about 6-0 pi l-1 s-1. The
physical estimate by Olson et al (1993) does not disagree hugely from this biochemical
estimate for a subregion of theirs, and a reduced depth interval.
It is somewhat difficult to evaluate just how big these figures may be in comparison
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to rates operating in other oceans. In the Sargasso Sea, for example, Jenkins (1980)
took advantage of a tritium-helium dating technique to estimate the consumption
rate near the 300-m level as 6*3 pi 1“1 s_1, and rates at other levels that yield an
average for the depth interval 200-100Gm of about 5 pi 1_ 1 s_1. On the other hand,
with ETS measurements from the same area, Packard et a\ (1988) estimated consumption
near the 300~m level as about l-5pll-1s“1, with additional data suggesting a
200-1000 m average of around 1 -2 pi 1 ~1 s ~1. Apparently there is some methodological
obscurity here, but the fact that the value by Olson ei al (1993) lies midway between
these two independent estimates for an oligotrophic region suggests, at least, that
consumption in the Arabian Sea suboxic layer is not actually exorbitant. Consumption
estimates derived from ETS measurements in oligotrophic waters of the tropical
North Pacific indicate rates for the depth interval 200- 1000 m that range from about
02 pi l'1 s'1 in Longs. 103-110°W (Packard et al 1983) to about 5pi 1 ”1 s~1 in Longs.
125-151°W (Packard et al 1988)—which obviously do not help further in establishing
a standard against which to compare the magnitudes of the Arabian Sea estimates.
The surface productivity of the Arabian Sea is unquestionably high in comparison
to that of the global ocean, however, but it seems plausibly consistent, nonetheless,
with a moderate oxygen-consumption rate in the water beneath. From historical data
Naqvi and Shailaja (1993) have estimated a mean rate of primary production north
of Lat. 15°N of 0-76gCm~2day_1, which is comparable both to a value of
062gCm-2day-1 measured in the Pacific equatorial upwelling at Long. 153°W
(Betzer et al 1984) and to Rythers (1969) global estimate for upwelling regions,
08gCm~2day"L It is five times larger than his average for the entire world ocean,
but it does not seem enormous in comparison, say, to the measured, annually averaged
rate of about 0-35gCm-2day-1 at the oligotrophic site, 33°N, 139°W, in the
northeastern Pacific (Knauer et al 1990). The historical data (Qasim 1982), which
may not be entirely reliable, show fairly small seasonal variation in the northern
Arabian Sea (some 10%), but particle-flux records from sediment traps (Nair et al
1989) display strong seasonality, with monsoonal peaks in July-August and in
November that are 1 *5-2*0 times the annual mean, and must be due to productivity
surges (e.g., Banse 1987). Olson et al (1993) measured productivity of 1 0 g C m - 2 day ~1
north of Lat. 12°S in August 1987, which value is not twice the cited mean, but is
consistent with sizable seasonal modulation about that mean.
More uncertain than the rate of surface production are the fraction of it that is
‘new’ production, generating the ‘new’ detritus that sinks beneath the euphotic zone,
and the proportion of that detritus that is decomposed in the oxygen-minimum layer.
Regression analysis by Betzer et al (1984) of particle-flux and productivity data
compiled by Suess (1980) suggests that only some 10% of the organic carbon produced
in the euphotic zone might be used for respiration in the depth interval 200-1000 m.
At 1*3 moles of dissolved oxygen per mole of oxidized carbon, 10% of 076 g C m-2 day “1
is equivalent to a mean oxygen-consumption rate in that interval of 2*8 pi 1_ 1 s_ 1.
This is close to the budgetary result of Olson et al (1993), but there is so much
uncertainty in all this that all one can prudently conclude is that the budgetary result
is not wildly inconsistent with present estimates of surface productivity in the northern
Arabian Sea, and the fraction of the resulting particulate matter that might be oxidized
in the oxygen-minimum layer. Thus, while the surface productivity is indeed large,
the component that is ‘new’ production may be sufficiently small as to exact only a
moderate oxygen demand on the subsurface water, as attested by the model.
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4. Criticism of the model
The model of Olson et al (1993) suffers the flaw common to all box models, namely,
that the ocean is not box-like. Real property fields vary smoothly and gradually: they
do not consist of homogeneous regions with clearly specified boundary conditions
at distinct, naturally defined edges. In particular, Olson et al (1993) supposed that
their box was filled by two components, marginal-sea outflow water and oxygenmaximum water, and, being limited to a single time-dependent tracer (F-ll), they
assumed that stirring processes within their box blended the two components so
thoroughly as to force the same residence time on them. But the real blending is
imperfect, since Persian Gulf, Red Sea, and oxygen-maximum traces are evident in
the property distributions, as pointed out in sections 2 and 3; the inputs are at different
depths and densities as well, and circulation strength generally decreases downward
in the thermocline, so it seems unlikely that the three components actually have the
same residence time in the northern Arabian Sea.
These throughflow times might not differ by more than a factor of two, say, because
mixing processes must surely blend the component waters to a considerable, if
incomplete, degree. The distance scale L over which a property mixes in a time t is
roughly (Kf)1/2, where K is the eddy diffusion coefficient. For r = 11 years, and
Kh = 107cm2s-1, the horizontal scale would be about 600 km, half the size of the
region; and for Kv = 1 cm2 s_1, the amplitude of the vertical mixing would be nearly
200m. What the model really does, in effect, is to use the F-ll values to calculate a
residence time for the marginal-sea water, and to use that time in turn to calculate
the volume transport of the oxygen-maximum water; since the latter makes by far
the major contribution to the oxygen-flux divergence, the single-residence-time
assumption probably entails something like factor-of-two uncertainty in the estimated
oxygen-consumption rate. Explicit calculation of two residence times would require
measurements of a second time-dependent tracer, with a different time-history from
the first.
Moreover, the gradual, rather than abrupt, variation of real water properties
precludes any exact assignment of oxygen concentration to the southern inflow for
calculating the oxygen-flux divergence in the box. Values of 2-0mil-1 or 0-5 ml P1
are as plausible as that adopted, 10mil-1 (figure 2a). The higher value would raise
the estimated oxygen-consumption rate close to that of Naqvi and Shailaja (1993),
while the lower one would reduce it to only 1 9 pi I”1 s“1. Such uncertainty is intrinsic
to the box-model approach.
Although some deep water probably rises into the oxygen-minimum layer, Olson
et al (1993) disregarded that flux in their model. This omission has absolutely no
consequence for the calculation of residence time because the deep water, like the
oxygen-maximum water, would carry no F-l 1. The calculated southern inflow should
simply be reinterpreted as the sum, however partitioned, of deep upwelling and
northward transport of oxygen-maximum water (the model cannot distinguish these
inputs). Assigning some of the southern inflow to upwelling would reduce the
associated oxygen flux, however, because the mean oxygen concentration north of
Lat. 12°N at depths of 1000-1200m is only about 0-3 ml'1 (figure 2a). If, for example
half the inflow of 4-75 x 106 m3 s"1 were deep upwelling, the implied oxygen
concentration rate would fall to 2*3plP1s_1.
Lacking F-ll measurements in the marginal-sea outflows, Olson et al (1993)
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assumed 100% saturation with the contemporary (1987) atmosphere. This cannot be
right, because the outflow waters, formed during convective circulations, travel below
the surface mixed layer for some time before leaving the Red Sea and Persian Gulf,
and so their F-l 1 concentrations should lag those of the surface water. This lag time
may not be large, however, because if the convective circulations are confined to the
layers above the sill depths (all water in the Persian Gulf is above sill depth), then
the residence times of the outflow waters are 1 year in the Persian Gulf and 3 years
in the Red Sea. The times of isolation from the atmosphere - the appropriate lag
times - should be less than these, and a 2-year lag, say, would increase the calculated
throughflow time by only 2-5 years. It is not known to what extent the water of the
Red Sea outflow mixes with deeper water of lower F-ll concentration during its
transit of the Red Sea. Of course, the calculated throughflow time depends critically
on the outflow volume transports, and these have not been determined reliably, being
estimates derived from uncertain salt and mass budgets. Error of ± 20% implies
uncertainty of 3-5 years.
In contrast, the model assumed zero saturation percentage in the southern inflow
despite an average measured percentage south of Lat. 12°N, at depths of 200- 1000 m,
of 4% in 1987 (figure 3). That observation would not matter if the ‘southern inflow’
were all upwelling from depth, but it needs consideration to the extent that it represents
F-ll injected in the oxygen-maximum water. If this water flows northward from its
outcropping region near Lat. 42°S (Wyrtki 1971) at an average speed, say, of
0*5cms_1, it would take some 30 years for it to reach the central Arabian Sea. It is
barely possible that in the late 1950s the F-ll concentration in the atmosphere above
the outcropping region was as much as 4% of that assumed over the Arabian Sea
in 1987 (Bullister 1984, 1989). A history of northward movement without dilution
could then explain such concentrations in the central Arabian Sea in 1987. If so, then
these concentrations signify the first arrival from the south of F-ll in the Arabian
Sea thermocline, and the time-averaged concentration of F-ll introduced to the
northern Arabian Sea during the preceding 11 years of purported throughflow time
would have been negligible, consistent with the assumption of Olson et al (1993).
This argument may force the limits of plausibility, however. If the non-zero sub-surface
concentrations observed south of Lat. 10°N should be due to some other source, and
if they existed for a decade or so before 1987, then the assumption would be wrong,
and the model would fail. Of course one will never know what the F-ll levels were
in 1980, say, but resampling the region might detect a time-trend, which could be
extrapolated backward.
The Darwin section was not densely sampled for F-ll, nor is it known how well
the section represented the F-ll distribution across the full breadth of the Arabian
Sea, which is the domain of the model. Moreover, some unevenness in isopleths
(figure 3) suggests a little uncertainty in the measurements. These points raise a
question about the reliability of the saturation percentage, 9%, that was used in the
model calculation. The question may not be severe, because inaccuracy of ± 20% in
the value means uncertainty of only 3-4 years in calculated residence time.
Nevertheless, a more thorough synoptic survey would provide a surer observational
basis for the calculation. On the other hand, if, as anticipated above, a survey a
decade later than 1987 registered substantially higher F-ll concentrations at depth
south of the suboxic region, then F-l 1 input to it from south of the region could not
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be ignored with the later data, and a more elaborate model than that of Olson et al
(1993) would need to be devised. It may turn out that the Darwin sections were
serendipitous: occupied after enough F-ll had been introduced from the north to be
informative, but before so much had also been introduced from the south as to
complicate the modeling.

5. Conclusions
With some uncertainty, the model of Olson et al (1993) gives, firstly, a modest throughflow volume transport for the suboxic layer (as defined by them) of 5*4 x 106m3s_1,
which is in line with the strength of the wind-induced meridional circulation suggested
by the mean-annual wind stress. Presumably the throughflow in the southern Arabian
Sea is mainly accomplished instead by the horizontal circulation there (Equatorial
Currents, Somali Current, Monsoon Current) and is therefore substantially greater,
although it is not known with what force these currents extend into intermediate
depths. If so, it is not the embayment-geometry of the Arabian Sea that shelters the
suboxic region from the broader circulation of the Indian Ocean (e.g., Qasim 1982),
but the prevailing wind field, which imposes a somewhat separate horizontal
circulatory regime on the northern Arabian Sea. If the wind field were shifted
northward by ten degrees of latitude, say, then probably the north would be flushed
as rapidly as the south, and suboxic concentrations might never develop. Nevertheless,
the throughflow estimate indicates mean speeds that are typical of those expected in
open-ocean regions, so the throughflow circulation of the suboxic region cannot be
considered sluggish, and the suboxic concentrations cannot be attributed to an
unusually long residence time there.
Secondly, Olson et al (1993) calculated an oxygen-flux divergence that implied a
mean oxygen-consumption rate not wildly different from determinations by the ETS
method. There is so much variation in estimates of consumption rates around the
world ocean, even for biologically similar regions, that it is hard to find a basis for
judging the relative size of this one. Nevertheless, since it lies within the broad range
of estimates for oligotrophic regions, it does not seem that lavish consumption could
be the principal cause of the anomalous oxygen depletion in the Arabian Sea. Although
the mean-annual surface production is indeed relatively large there (but not extra¬
vagantly so), it is plausible that too little of that material escapes from the euphotic
zone to foster high oxygen consumption in the water beneath it. But the present-day
uncertainties in such considerations seem very great.
The estimate of oxygen-flux divergence by Olson et al (1993) was not substantially
bigger because the component inflow from the south carried water that was fairly
poor in oxygen. This feature seems then to be the immediate reason for the suboxic
concentrations: although processes within the suboxic layer are of ‘moderate’ strength,
the oxygen concentration in the principal inflow to the layer is already so low that
even they can diminish it nearly to zero—as proposed by Swallow (1984) a decade
ago. The reason in turn for the low concentration in the inflow must be the long
time that elapses after this ‘oxygen-maximum’ water leaves its sea-surface source
(Lats. 40-50°S). If, as suggested in section 4, the travel time is around 30 years, and
if the water experiences oxygen consumption at 3—5 pi 1_ 1 s_ 1 in transit, then the
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oxygen depletion would be 2#8-4-7mil -*, which is adequate to reduce an initial seasurface concentration of about 5-5mil-1 (Wyrtki 1971, p. 309) to the magnitudes
observed in the southern Arabian Sea (figure 2a).
Such consumption rates appear to be ‘typical’ for thermocline levels in the open
ocean, and the estimation of travel time assumed a ‘typical’ meridional flow speed
as well. Thus the large oxygen depletion is due to the great span of latitude crossed
(some 50-60°), and so, of the circumstances listed in section 1 that produce oxygenpoor regions, the main one that ultimately accounts for the suboxic layer in the
Arabian Sea seems to be very long subsurface trajectories for the principal water
entering the layer. These long trajectories are required by the low-latitude northern
boundary of the Indian Ocean, which denies closer, northern-hemisphere renewal
sites for thermocline water in the Arabian Sea (except for the relatively small outflows
from the marginal seas).
The circumstances that set the context for the suboxic layer in the mean state
oscillate markedly with the seasons, yet the two Darwin sections, for example, exhibit
no very noticeable difference in oxygen levels in the suboxic layer (Kearns et al 1989).
Probably little should be expected. The zonally averaged eastward wind stress at
Lat. 15°N is about four times greater during June-August than in the annual mean
(Bruce 1983). If the southern inflow to the suboxic layer were also quadrupled during
this season, say, then the oxygen-flux convergence would be 3T4 times bigger than
in the model of Olson et al (1993). If the consumption rate stayed steady, and the
accumulated dissolved oxygen were stirred uniformly through the suboxic layer, then
the increase in concentration over these three months would be merely 0 054 mil-1 —
not a regional change that could be exposed with confidence. Of course uniform
stirring doesn’t occur over a single season. A different extreme response to increased
northward inflow would be a simple displacement of the suboxic layer, with no
mixing at all. A four-fold increase in cross-sectionally-averaged speed at the southern
edge of the layer means an ‘extra’ speed of 0-9 cm s- *, which would displace the edge
northward by only 70 km during three months—hardly observable in the complexity
of the monsoonal circulations. The same throughflow increase would raise the top
of the layer by about 50 m, which might just be detectable with good spatial coverage
by CTDs equipped with oxygen sensors.
Factor-of-two seasonal variability in surface productivity (section 3) might cause
comparable changes in consumption rate below the euphotic zone. But doubling the
rate in the model of Olson et al (1993) for three months would further reduce the
suboxic concentrations by only 0 025 ml 1“1 on average, which would not be noticeable.
Perhaps, however, the patchiness of surface productivity generates larger, local
depletions, even pockets of denitrification, that could be identified with confidence.
Nevertheless, on the whole, the present volume of the suboxic layer seems so large
as to buffer the oxygen concentrations there against an observable response to likely
seasonal variations in the setting.
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Recent sedimentary records from the Arabian Sea

B L K SOMAYAJULU, D N YADAV and M M SARIN
Physical Research Laboratory, Ahmedabad 380009
Abstract. An attempt is made to understand the redox conditions that prevailed in the
north eastern continental margins of the Arabian Sea and in the nearby deep water regions
during the past few centuries using short undisturbed sediment cores. The geochronology
is accomplished using 2!0Pb excess method and the proxy indicators chosen for productivity
and associated redox changes are CaC03, organic matter (OM), Mn and U along with
major elements Fe and Al. Such changes in principle are related to high productivity in the
overlying waters which in turn depend on monsoona! intensity that causes upwelling
responsible for increase in productivity. Alongwith the published data on gravity cores from
the same region, our measurements suggest the following:
At ~ 300 m water depth, south of 21°N, the sediment-water interface at depths of ~ 300 m
had been anoxic during the time span represented by the presently studied cores for
approximately ~ 700y as evidenced by low Mn/Al (<07 x 10”2) and high U/Al (> 10”4)
weight ratios. In some adjacent deeper regions, however, the environment turned oxic around
~200y BP. Whereas both Mn and Ra were lost to the overlying waters in the anoxic
regions (depth ~340m), the Mn that diffused from deeper sections appears to have
mineralized at the sediment-water-interface. Studies of this type on long undisturbed cores
from the margins of the Arabian Sea and the Bay of Bengal, involving several proxies and
geochronology by more than one method are needed to understand short term environmental
(and monsoonal intensity) changes of the recent past with high resolution.
Keywords. Sedimentary records; Arabian Sea; lead 210; trace metals; productivity;
monsoons.

1. Introduction
Past records of changes on earth and its environment, be they due to the position of
our planet in the solar system relative to the Sun or due to accidents that would have
taken place during the impact of objects from outer space on earth, can in principle
be found either on land or under the oceans as marine deposits (Arrhenius 1963;
Somayajulu 1990; 1GBP 1990). Reference is made to Goldberg and Arrhenius (1958),
Arrhenius (1963), Broecker and Peng (1982) and Faure (1986) for an account of
chemistry, isotope systematics and geochronology of marine sediments. Whereas the
continental records can be discontinuous and prone to erosion and weathering, those
in ocean such as marine sediments are more continuous and undisturbed except for
bioturbation caused by burrowing organisms in the top ~ 10 cm (Goldberg and Koide
1962; Berger et al 1977; Krishnamurthy et al 1979). The marine sediments offer two
types of paleo-records: (i) more recent ones (past few k.y.) with high resolution of
— 10 y and (ii) long-term records (resolution 5—10 ky) dating back to ~ 108 yrs in
principle but generally studied in detail up to the Quaternary. The continental margin
(shelf and slope) sediments are best suited for studying the first type and the open
ocean sediments provide the second type of record. The resolution and the length of
the record depends on the sedimentation rate, sample thickness chosen, bioturbation
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length and length of the sediment core available. The Indian Ocean, especially the
northern half, is significantly different from the other oceans because of the monsoons.
The south west (summer) and north east (winter) monsoons strongly influence
productivity as well as the fresh water input from the Indian subcontinent. The
Arabian Sea, especially, is well known for its high productivity and associated denitri¬
fication at intermediate depths (100-1000 m) where the waters are essentially devoid
of oxygen (Qasim 1977: Naqvi et ai 1990). One can, in principle, decipher the paleomonsoonal intensities and associated fresh water input, upwelling and productivity
etc. from the past records stored in the marine sediments using chemical tracers such
as OM, Mn, U that are indicative of reducing conditions that set in due to high
productivity. The <5i8G record of surface dwelling planktonic foraminifera can be a
proxy for the fresh water input due to high rainfall and river discharge during the
monsoon season(s). Geochronological and/or geochemical studies have been made
on the open Arabian Sea sediments (Prell 1984; Fontugne and Duplessy 1986; Sarkar
et al 1990,1993). The basic requisites of these studies are: (i) collection of long sediment
cores which are datable and (ii) identification and measurement of the variation of
tracers/proxies diagnostic of a particular kind of ‘change’ in the environment. In an
attempt to decipher the recent past records with high resolution, a study was initiated
using the Arabian Sea sediments, the results of which are presented and discussed
with emphasis on the potential of such studies.
2. Materials and methods
Four spade cores (size 50 x 30 x 20 cm), collected from the eastern continental margin
of the Arabian Sea during the 47th cruise of the Department of Ocean Development
(DOD) ship ORV Sagar Kanya, are used in this study (figure 1). Cores L8 and J7
are from 340m water depths whereas the other two (Ml2 and Kll), are from the
adjacent deeper (~ 2500 m) regions (figure 1). Each core, after collection, was sub¬
sampled into two 2" diameter cores using plastic tubes. From one sub-core, continuous
samples were collected on board the ship immediately after collection, of 1-2 cm
thickness upto 10 cm and 2-4 cm for the rest (total length of the cores ^ 30 cm). All
samples were brought back to the laboratory for analysis. About 75% of each sample
was dried at 110 C overnight, powdered and used for all investigations.
2.1 CaC03 and OM
The CaC03 content was determined using the EDTA titration method to an accuracy
of ± 5% (Barnes 1959; Yadav et al 1992). The OM content was ascertained by
determining the weight loss suffered by the samples when heated at 400°C for 8-12 hrs.
2.2 U, 77i, Ra and 210Pb
About 2-3g of weighed sediment was brought into solution by HF, HC104, HN03
and HC1 treatments in presence after addition of 232U-228Th and 209Po yield tracers
and 226Ra was measured first by radon counting (Mathieu et al 1988). Radiochemical
separation followed by electroplating of Th, U and Po (210Pb was counted via its
grand daughter 210Po) and radio assay was carried out using standard procedures
(Krishnaswami and Sarin 1976; Yadav et al 1992).
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Figure t. Map of north eastern Arabian Sea showing the core locations. Filled circles are
cores used in this study, open circles represent data from Borole et al 1982 and x denotes
a core from the continental shelf (Dilii 1986). Number in parenthesis indicates accumulation
rate using 210Pbexress method in units of mm/y. Water depths in meters at the core locations
are: M12 = 2410^**1,8 = 340; K11 =2640; J7 = 340; ARB65H = 343; ARB46= 1246;
ARB52 = 2240; ARB54 = 800 and X = 52 (accumulation rate = 2-5 mm/y).

2.3 Chemical composition
Separate aliquots of 0*5 g sediment samples were brought into solution by acid
digestion as reported for U and Th isotopes. After required dilutions, these alongwith
standards and blanks were used for the measurement of select trace elements viz. Al,
Fe, Mn using atomic absorption spectrophotometry (Sarin et al 1979; Yadav et al
1992).

3. Results and discussion

Dating of all the cores is accomplished by using the method of 210Pb (Krishnaswami
et al 1973; Yadav et al 1992).
The 210Pbtotal, 226Ra and 210Pbexcess data are provided for cores M12 and Kll in
table 1. Similar data for the two other cores L8 and J7 can be found in Yadav et al
(1992). The total 210Pb and 226Ra activities in all the four cores varied from 0-6 to
31-7 and 0-5 to 6-7 dpm/g respectively. In the two shallow cores, the 226Ra contents
have been low and constant averaging 06 + 01 dpm/g. Only in the two cores M12
and K11 collected from deeper regions 226Ra is high, ranging from 2-7 to 6-7 dpm/g
(table 1). The 210Pbexcess ranged from 03 to 309 dpm/g. The 210Pbexcess activities as
a function of depth for all the four cores are plotted in figure 2. The deduced
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Table 1
210Pb and 226Ra in two open ocean cores from
the north eastern Arabian Sea.
Sample
depth
r v“
(cm)

210Pt total,
(dpm/g)

226Ra
(dpm/g)

210Pb*excess
(dpm/g)

M12
27-3 ± 0-6
16-2 ±0-4
6-5 ± 0-2
4-4 ±0-1
4-7 ±0-1
6-2 ± 0-2
5-2 ±0-1
4 7 ± 0-1

0-1
1-2
2-3
3-4
4-5
5-6
6-7
9-10

5-8 ± 0-2
6 5 ±0*1
3-3 ±0-2
3-1+01
3-2 ± 0-2
3-7 ±0-1
4-0 ±0-1
4-0 ±0-1
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9-7
3-2
1-3
1-5
2-5
1-2
0-7

±0-6
+ 0-4
±0-3
±0-3
±0-2
± 0-2
±01
±0-1

K11
0-1
1-2
2-3
3-4
4-5
5-6
6-7
8-9
9-10
12-14

32-3 ± 0-6
21-9 + 0-5
13*2 ±0-3
10 6 + 0-2
10 2 ± 0 3
9-2 + 0-2
7-3 + 0-2
4-5 ±0-1
4-4 + 01
3-2 ±0-1

3-9 + 0-2
4-9 + 0-2
4-9 + 0-2
5-2 ± 0-2
5-3 ±0-2
5-8 ±0-1
6-7+ 0-2
4-1 ±0-2
3*3 ±0*1
2-7 + 01

28-4 ± 0-6
17-0 ±0-5
8-3 ± 0-4
5-4 ± 0-3
4-9 ± 0-3
3-4 ± 0-2
0-6 ± 0-3
0-4 ± 0-2
11 ±0*1
0-5 ±0-1

Errors quoted are propagated 1 a counting statistics only
*210pb

_ 210pb

226Ra
total

(dprr, /g)

excess

DEPTH (cm)

Figure 2. Plot of log 210Pbexcess versus depth for all the four spade cores used in this study.
Numbers indicated are accumulation rates in mm/y.
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accumulation rates ranged from 027 to 141 mm/yr; only in the case of M12 collected
from the northern most part of the Arabian Sea (21°N) is there a change in the
sedimentation rate: 0-33 mm/yr for the top 4cm below which it was faster viz.
1 41 mm/yr (figures 1 and 2).
Once the accumulation rates are determined, one can convert the depth scale to
time scale provided there is no bioturbation and/or mixing during the coring
operation. In general, sediments from this area especially the ones from 300-1200 m
water depths are enriched in OM and one of the cores viz. L8 and some other gravity
cores collected in 1992, smelled of H2S at the time of collection showing the intense
anoxia prevalent in the region. Due to the extreme anoxic conditions in the two cores
L8 and J7, bioturbation is not prevalent. Even in the two cores M12 and Kll from
depths > 2000 m, the 210Pb versus depth profiles have not indicated any bioturbation
effects (figure 2). No disturbance during the coring operation is possible as the spade
corer is designed to provide ~ 30 cm long undisturbed cores. Therefore, the accumula¬
tion rates obtained by the 210Pb
method have been taken to convert depth scale
to time scale.
Though several elemental concentrations have been measured in the cores, we have
chosen only two trace metals, Mn and U in addition to the two major elements A1
and Fe. Also, CaC03 and OM which in a way indicates productivity are also
measured. As one proceeds from M12 (21°N) to J7 (~ 17°N) the CaC03 content
increases from 18-2% to 67 4% in the top most section (figure 3, table 3). As expected,
the Fe and A1 content generally varies inversely with the CaC03 content. The uranium
contents of the two shallow cores are high (range = 5-68 to 9*79 ppm) compared to
the two from deeper regions (104 to 3*92 ppm) and Mn shows, as expected, the

Fe /Al (wt ratio)

CaC03(%)
0

20

40

60

80 0 62 0.66 0.70

0.74

0-78

300

A - M 12

Figure 3.

0-L8

• -Kll

A-J7

CaC03 and Fe/Al weight ratio as a function of time (depth).
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opposite pattern. The shallow water cores which are from a reducing environment
have Mn contents ranging from 99 to 198 ppm compared to the deep water ones
which are more oxic and have 226 to 8312 ppm (table 2). The reducing conditions
that are set up coupled with the fact that the overlying waters in this region are
oxygen deficient (Naqvi et al 1990) as a consequence of high productivity leads to
better preservation of OM. Under such conditions Mn diffuses out while uranium
is removed on to the sediments from the overlying water most likely at the sedimentwater interphase (Bender 1971; Anderson 1987). The near-surface-concentrations
indicate the present pattern which reflects the conditions existing at the M12 and
Kll core sites (figure 1) today. In oxic conditions uranium does not get removed to
the sediment and manganese concentrations are either high due to its removal from
water in the form of Mn02 or the detrital Mn02 contents (~ 1000 ppm) are at least
preserved. For example at M12 site, the Mn02 concentrations of > 8000 ppm in the
top 2 sections indicate Mn02 removal from sea water whereas at Kll site, they are
over 1000 ppm (table 2) quite similar to the concentrations measured in Narbada
and Tapti river sediments and suspended matter (Borole et al 1982). Since Th (like
Al) is a detrital element, the average Th/U ratio of ~ 4 for average continental crustal
material should be reflected in the sediments. Lower ratios indicate the presence of
authigenic uranium and high ratios indicate detrital material enriched in Th relative
to U. The data on five gravity coires, four from the slope and open ocean regions,
and one from the shelf region (Borole et al 1982; Dilli 1986) are also used in the
discussion here. The location of these cores are also given in figure 1.
3.1 Record of past variations
Now that ‘time’ and parameters viz. proxy chemical tracers CaC03, Fe and Al, Mn
and U are measured, one can plot all the parameters against time in years Before
Present (yBP). For a particular parameter, the variation in each of the four cores are
plotted in the same figure to present a comparative picture (figures 3-5). Also metal/Al

Figure 4. Uranium versus OM in all the cores indicated in figure 1. Positive correlation
is noticeable. See text for discussion.
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ratios are plotted instead of metal concentrations since the normalisation with respect
to A1 takes care of the CaC03 and quartz (sand phases) variations as these phases
do not contain any of the trace metals measured in this study.
During the past ~ 100 y, there had been no appreciable change, in the CaC03
contents (<20%), but between ~100y and ~700y BP, the increase in CaC03,
ranged from 20% to 50% (table 2, figure 3). This could imply that the productivity
as represented by CaC03 had been higher during 100-740 y BP in the region of
study (see also Dilli 1986). It should be mentioned here that the CaC03 variation at
a given site depends on (i) overhead productivity, (ii) the nearbottom currents, (iii)
dilution with detrital material and (iv) dissolution effects, some of which can be
interrelated. Based on composition, rate of accumulation etc. it is possible to delineate
the dominant parameter.
In the Narbada and Tapti estuarine suspended and bed sediments which are the
main source detrital input to the region (figure 1) under study in addition to Indus
river-estuarine sediments (for which data are not available), the Fe/Al ratios are
uniform at 0-9 + 0-2 but tend to be relatively lower (0-7 + 0-2) in the sediments of the
nearby shelf and slope regions (Borole et al 1982). The low Fe/Al values can, in
principle, be due to the anoxic conditions prevailing in the organic rich sediments
where some Fe can get reduced to Fe + 2 form and diffuse out. All the Fe/Al ratios
encountered in the sediments during the present study range from 063 to 079. The
scatter is relatively larger during the past 200 y compared to the earlier period
(200-740 yBP - table 2, figure 3). Relatively stronger reducing conditions could have
prevailed in the sediments of this region that deposited prior to ~ 200 y.
3.2

U/Al and Th/U

The variation of U as a function of OM which indicates the reducing conditions
prevailing in the sediments, shows a positive correlation (figure 4).
U = 0*28 OM +1-67

(1)

(r = 0-72 for 32 data points)

The two deep water cores M12 and Kll U/Al <0*7 and Th/U >0-8 (table 2). In
contrast cores L8 and J7 have U/Al ranging from 1-6 to 4-34 and Th/U varying from
0T9 to 0-58. The U/Al ratios are plotted as a function of time in figure 5. It is evident
that intense anoxic conditions and associated sulphate reduction resulting in high
U/Al ratios prevailed during the past <740y of deposition represented by these
two cores L8 and J7.
The two deep water cores show low U/Al ratios (< 0-5) for the past ~ 200 y prior
to which the ratios were higher (0-7 — 1-28). This suggests that between 740 y - 200 y
BP there had been high U/Al in all the cores and the region and/or its surroundings
could have experienced relatively stronger reducing conditions perhaps due to high
overhead productivity. Unfortunately, beyond ~ 300 y the data are available in only
one core viz. L8 (table 2).
3.2 Mn/Al
Another consequence of the presence of high OM and associated anoxicity in the
sediments is the upward diffusion of Mn (Bender 1971). It is well known that Mn
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Table 2.
Sample
depth
(cm)
1

O- L 8

•■|OI

A-J7

U/Al and Mn/Al variations versus time.

Age, CaC03, Al, Fe, Mn and U concentrations in spade core sediments*.

Age
(yrs BP)

CaC03

Al

Fe
(%)

Mn
(ppm)

U
(ppm)

Th/U
(Wt. ratio)

(%)

(%)

2

3

4

5

6

7

8

M12
0-1
1-2
2-3
3-4
4-5
4-5R
5-6
6-7
7-8
8-9
9-10
10-12
12-14
14-16
16-18
18-20
20-25

0-30
31-60
61-90
91-120
121-127
—

128-134
135-141
142-148
149-155
156-162
163-176
177-190
191-204
205-218
219-232
233-269

18-2
18-2
23-2
23-2
27-4
27-4
27-4
316
316
32-6
32-6
36-5
36-9
37-9
3 91
360
450

6-2
61
60
5-9
5-4
5-6
51
4-9
4-8
4-6
4-5
4-5
4-6
4-6
4-4
4-3
4-4

4-5
4-3
4-0
3-9
3-9
3-9
3-8
3-5
3-5
3-5
3-6
3-5
3-4
3-3
31
31
30

8312
8194
1897
766
659
675
651
648
608
571
546
549
545
549
540
604
527

1-69
1-79
1-67
1 97
1-93

+ 005
±0 06
±0 05
±0 06
±0-06

7-05 + 0-29
6-18 ±0-28
5-89 ±0-27
4-57 + 0-20
4-89 + 0-22

—

—

—

—

1-72 ±0-05

4-12 ± 0 17

—

—

—

—

—

—

—

—

1-84 + 0-05

3-35 ±0-14

—

—

—

—

—

—

3-02 + 0-08

1-79 ±0 08

5-68 + 0-17
5 68 ±017

0-53 + 0-03
0-58 ± 0 03

L8
0-1
1-2

0-37
38-74

43-2
43-2

3-5
3-2

2-3
21

198
180

(Continued)
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Table 2.
Sample
depth
(cm)
1
2-3
3-4
2-4 +
3-4R
4-5
5-6
6-7
8-10
10-14
18-20

(Continued)

Age
(yrs BP)

CaC03

A1

Fe

(%)

(%)

2

3

75-112
112-148
75-148
112-148
149-185'
186-222
223-259
260-333
334-481
637-740

46-2
46-2
46-2
46-2
46-7
47-7
46-5
51 6
49-5
58-5

(%)

Mn
(ppm)

U
(ppm)

Th/U
(Wt. ratio)

4

5

6

7

8

2-9
30

1-9
1-9

163
166

_

_

—

2-9
31
3-2
30
2-7
2-6
2-3

—

1-9
2-1
2-2
2-0
1-8
1-7
1-7

—

169
177
183
173
159
162
149

—

—

7-90 ± 0-22

0-37 ± 0 02

—

—

8-15 ±0-27
9-59 ± 0-27
9-79 ± 0-20

0-37 ±0-02
0-27 ±0-01
0-33 ± 0-01

—

—

—

—

7-68 ± 0-25

0-28 ± 001

1 04 ±004
109 ±0-84
108 ± 0 03
1-37 ±0 04
1 23 ±0 04
149 ±0 04

3-57 ±0-18
3-41 ±0-18
3-39 ±0-17
3-48 ±0-16
3-44 ±018
316 ± 0-15

—

—

—

—

—

—

—

—

116 ±0 04

3-47 ±0-17

—

—

1-24 ±0-04

2-96 ±0-14

—

—

—

—

1-78 ±0 06
2*14 ± 006

2 17 ± 0-10
1 56 ±0-07

—

—

3-92 ± 0-08

0-88 ± 0-04

5-96 ±016
6-66 ±0-17
6-97 ±0-17
6-89 ±0-17
6-67 ±019
6 83 ± 0-16

0-25 ± 0-01
0-20 ± 0-02
0-24 ±0-01
0-22 ± 0 01
0-24 ±0 01
0-23 ± 0-01

—

—

—

—

7 16 ± 0-16
800 ±0-21
7-83 ±0-19
7-94 ± 0-22

0-25 ± 0 01
0-22 ± 0-01
019 ± 001
0-21 ±0-01

Kll
0-1
1-2
2-3
3-4
4-5
5-6
6-7
7-8
7-8R
8-9
9-10
10-12
12-14
i2-14R
14-16
16-18
18-20
20-22
22-24

0-10
11-20
21-30
31-40
41-50
51-60
61-70
71-80
71-80
81-90
91-100
101-120
121-140
121-140
141-160
161-180
181-200
201-220
221-240

43-9
49-2
50-9
512
53-2
51-6
54-6
54-6
54-6
54-6
54-6
52-3
52-3
52-3
—

56-3
59-9
59-8
63-5

3-7
3-7
3-7
3-26
3-6
3-6
3-5
3-3
3-3
3-2
3-2
3-3
3-3
3-3
3-2
3-5
3-1
30
30

2-5
2-5
2-9
2-4
2-4
2-3
2-3
2-2
2-3
2-2
2-2
2-3
2-2
2-3
2-4
2-3
2-2
2-2
2-1

1068
1123
1217
1747
1915
1477
1340
845
836
419
443
420
412
400
316
251
226
254
259

J7
0-2
2-3
3-4
4-5
5-6
6-7
9-10
9-10R
10-12
14-16
18-20
20-22

0-10
11-15
16-20
21-25
26-30
31-35
46-50
46-50
51-60
61-70
91-100
101-110

67-4
65-3
65-3
71-4
71-5
67-3
72-1
72-1
67-9
64-9
68-8
68-6

*See figure 1 for core locations.
- Not measured.
+ Sample from a duplicate core.
R Repeat measurement.

1-7
1-8
1-6
1-6
1-6
1-8
1-5
1-6
2-2
1-9
1-6
1-8

1-2
1-3
1-2
H
H
1-3
H
1-2
1-6
1-5
1-2
1-3

108
118
99
103
102
114
101
103
130
124
108
117
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Figure 6. Histogram of Mn/Al weight ratio in sediments from the Arabian Sea, Bay of
Bengal and in Narbada and Tapti estuarine suspended matter and bed sediments. A Mn/Al
weight ratio of 10- 2 appears to be the demarcating value between oxic and anoxic
environments.

diffuses out of marine sediments in anoxic environment and precipitates authigenically
in the high oxic environments. The Mn/Al ratios of all sediments from both the
Arabian Sea and the Bay of Bengal are shown as a histogram (figure 6). It appears
that the Mn/Al weight ratio of 10“2 can be taken as a boundary demarcating oxic
and anoxic environments which comprise sediments derived by the weathering of the
Indian subcontinent. The Narbada and Tapti estuarine particles and bed-sediments
have Mn/Al > 10“ 2. The variation of Mn/Al as a function of time in all the cores is
shown in figure 5. The Mn/Al ratios have been much lower than 10 _2(< 0-7 x 10“2)
throughout the time period represented by the two cores L8 and J7 which indicate
anoxicity prevalent at the core sites, i.e. for the past ~ 100 y at J7 and ~ 700 y at L8
(figure 1). In the case of Kll during the period prior to about 200y, the Mn/Al ratios
were less than 10“2 but from ~ 200 BP till the present ratios increased upto 5*3 x 10“2
showing higher and higher oxidizing conditions which favour Mn02 precipitation.
The four long gravity cores ARB46, 52, 54 and 65H all of which fall in the same region
(figure 1) have all Mn/Al ratios <100 indicating anoxic conditions during the time
of their deposition (Borole et al 1982). In the case of the northern most (> 21°N-see
figure 1) deep water core Ml2, the environment as indicated by Mn and Al ranging
from 1-2 x 10 2 to 13*4 x 10“2 had been oxic throughout the time period represented
by this core viz. ~ 7 centuries. The Mn/Al ratio increased by over two orders of
magnitude during the past ~ 100 y which indicates highly oxic conditions.
“

3.3 Mn Versus U
It is indicated, in the earlier sections that Mn and U distributions in sediments cores
are controlled by OM and Mn/Al ratios have been used for normalization regarding
the detrital variations. In figure 7 is shown the variation of Mn versus U. The
logarithm of Mn concentration gave better correlation (r = 0*724 for 33 data points)
against U
Log Mn = -0*13 U + 3*083

(2)

It appears that Mn variation is larger than that of U in samples of varying redox
conditions which indicates that Mn is relatively more sensitive to even weaker reducing
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Figure 7. Long Mn versus U in cores shown in figure 1. Notice the expected negative
correlation. See text for discussion.

conditions compared to U. Using equation (2) and taking a U content of ~ 1 ppm
for detrital sediments reaching the Arabian Sea, the Mn concentration can be deduced
to ~ 900 ppm which is slightly lower than ~ 1000 ppm (which is the average of the
material brought by the Narbada and Tapti rivers (Borole et al 1982).
3.4 Mn and Ra diffusion and its effect on sedimentation rate

In normal pelagic sediments from oxic environments, the amount of upward diffusing
226Ra cannot be easily ascertained due to the large amount of 230Thexcesc accumulating
on the top of the sedimentary column and it decays into 226Ra (Ku 1965). In highly
anoxic areas like L8 and J7 locations, there is neither 230Th nor 226Ra (< 1 dpm/g,
see Yadav et al 1992) in excess of uranium and they are in equilibrium. As such the
210Pb
chronology does not get affected. However in areas of changing redox
conditions like Kll (and to a small extent Ml2) site there is evidence (as seen by the
covariance in Mn and Ra contents) to show that 226Ra (diffusing upwards) is
scavenged down by the Mn02 precipitating out of the upward diffusing Mn (Bender
1971) in the surface layers of the sediments (tables 1 and 2). It is difficult to quantify
this 226Ra. Since it is assumed that 210Pb is in equilibrium with 226Ra for deducing
the 210Pbex„ess we might have over-corrected to some extent. But this should not
change the accumulation rates drastically.

4. Conclusions

The increasing CaC03, the higher U/Al and lower Mn/Al ratios in the region of
study indicate that in the margin sediments at a water depth of ~ 300-400 m, the
environment during the past ~ 200 years had been anoxic. In the cores from deeper
region however, there are indications of anoxicity prior to > 200 years in core Kll.
The northern most core M12 (figure 1) represents oxic environment throughout its

228

B L K Somayajulu, D N Yadav and M M Sarin

time of deposition of ~ 300 years. In summary, in the north eastern Arabian Sea,
the environment in the continental margin and adjacent deep water regions higher
level of anoxicity prevailed upto ~ 200 yrs ago. Since then, the deep water regions
(depth -v 2500 m) appears tc have turned oxic.
One needs to collect long undisturbed cores from gentle slope regions of the
continental margins to study with high resolution the redox behaviour as it is known
that high OM and uranium concentrations prevail in the margin sediments from
21°N in the Arabian Sea to the Gulf of Mannar between India and Sri Lanka (Borole
et al 1982; Ray et al 1990; Paropkari et al 1992). High OM, U/Al and low Mn/Al
values can be related to high productivity which is induced by higher upwelling rates
that are a result of stronger monsoons.
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Air-sea exchange of C02 in the Gulf of Kutch, northern Arabian Sea
based on bomb-carbon in corals and tree rings

S CHAKRABORTY, R RAMESH and S KRISHNASWAMI
Physical Research Laboratory, Ahmedabad 380009
Abstract. Radiocarbon analyses were carried out in the annual bands of a 40 year old
coral collected from the Gulf of Kutch (22-6°N, 70°E) in the northern Arabian Sea and in
the annual rings of a teak tree from Thane (19°14'N, 73°24'E) near Bombay. These
measurements were made in order to obtain the rates of air-sea exchange of COz and the
advective mixing of water in the Gulf of Kutch. The A 14C peak in the Thane tree occurs
in the year 1964, with a value of ~ 630%o, significantly lower than that of the mean
atmospheric A 14C of the northern hemisphere (~ 1000%o). The radiocarbon time series of
the coral was modelled considering the supply of carbon and radiocarbon to the gulf through
air-sea exchange and advective water transport from the open Arabian Sea. A reasonable
fit for the coral data was obtained with an air-sea C02 exchange rate of 11—12 mol m~2 yr~ *,
and an advective velocity of 28 m yr ~1 between the Arabian Sea and the Gulf of Kutch; this
was based on a model generated time series for radiocarbon in the Arabian Sea. The deduced
velocity (~28myr-1) of the advective transport of water between the gulf and the Arabian
Sea is much lower than the surface tidal current velocity in this region, but can be understood
in terms of net fluxes of carbon and radiocarbon to the gulf to match the observed coral
A 14C time series.
Keywords. Air-sea interaction; C02 exchange; Gulf of Kutch; coral; tree rings; bomb
radiocarbon.

1. Introduction

The oceans of the world contain about sixty times as much C02 as the atmosphere
and regularly exchange C02 with it. Thus, they play a significant role in controlling
the C02 content of the atmosphere and hence the greenhouse warming of our planet
(Dickson 1992). The oceanic capacity for uptake of C02 is influenced by physical,
chemical and biological processes occurring within the sea. One of the aims of the
JGOFS (Joint Global Ocean Flux Study), an IGBP core project, is to determine the
rate of exchange of carbon dioxide between the atmosphere and the oceans, for a
better understanding of the global carbon cycle. The air-sea C02 exchange rate
(ASCER), has been determined by various investigators in several oceanic regions
(Sundquist 1985 and references therein). Such measurements are however meagre in
the Arabian Sea, a unique biogeochemical province of the oceans. Realizing the
importance of Arabian Sea in the global carbon cycle, detailed JGOFS related studies
are planned in this region during the next 2-3 years.
ASCER can be determined by comparing the radiocarbon time histories of the
atmosphere and the ocean. The surface water radiocarbon history can be derived
from 14C data in dated coral bands, and the atmospheric radiocarbon variation can
be obtained by measuring 14C concentrations in tree rings. Druffel and Suess (1983)
estimated the ASCER in the northwest Atlantic and eastern tropical Pacific region
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Table 1. A 14C minimum, maximum and peak shift for different oceanic regions. The
minima of A 14Ccora) represent the pre-bomb values. The time difference between the peaks
in A14C of the atmosphere and the coral (surface ocean) is termed ‘peak shift’. The
atmospheric peak was taken to be in the year 1963.
A14C coral
Oceanic
region

Year of
maximum

Peak shift

(yr)

min

max

Bermuda
32°N, 65°W

-50

168

1975

12

Florida 24°57'N
88°33'W

-55

160

1972

9

Druffel and Linick (1978)

—

175

1973

10

Toggweiler et al (1991).

Belize 16°50'N
83°48'W

-55

160

1972

9

Druffel (1980).

North Red Sea
12°N, 43°E

-75

105

1967

4

Cember (1989).

South Red Sea
11-5°N, 43°E

-73

-45

1972

>7

Cember (1989).

103

1978

15

Toggweiler et al (1991).

Oahu
21 °N, 158°W

Reference
Nozaki et al (1978).

Tarawa
1°N, 172°E

—

Galapagos
TS, 90°W

-72

25

1973

10

Druffel (1981).

Fiji
18°S, 179°E

-70

138

1974

11

Toggweiler et al (1991).

Tonga
20°S, 175°W

—

157

1975

12

Toggweiler et al (1991).

-65

172

1968

5

Gulf of Kutch
22-6°N, 70°E

This work.

using coralline A 14C. Cember (1989) estimated the ASCER in the Red Sea following
a similar approach. The earlier results are summarized in table 1. We have followed
this approach to determine ASCER in the northeast Arabian Sea.

2. Methods

We collected a coral Favia speciosa from the Pirotan island of the Gulf of Kutch
(GKh, 22-6°N, 70°E), northeastern Arabian Sea, (water depth during low tide at coral
location ^ 1 m) in June 1990 (figure 1). This gulf is a part of the western continental
shelf of the Indian coast and supports fringing reefs. Tree rings from a teak tree
(Tectona grandis) that grew in Thane (19°14'N, 73°24'E) near Bombay was also
analyzed for radiocarbon. A disc from the stump and its chronology was provided
by Pant and Borgaonkar (1983).
A ~ 1 cm thick slice of the coral was sectioned along its growth axis using a diamond
tipped circular saw. X-radiography revealed clear bands with a mean band thickness
of ~ 4 mm. Oxygen isotope studies showed that these bands were annual in nature,
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Figure 1. The Gulf of Kutch showing water depth contours (m) and the coral location
(Pirotan island). Inset shows the locations for coral, tree and the GEOSECS station 416.

with an average growth rate of 4±0-8mm/yr (Chakraborty and Ramesh 1994) for
the past 40 years. Because of the low growth rate, 2 or 3 bands were combined for
radiocarbon measurements. Radiocarbon measurements were made by the liquid
scintillation technique (Chakraborty 1993; Bhushan et al 1994) using a TASK benzene
synthesizer and a Packard 2250CA Liquid Scintillation Analyzer. The radiocarbon
activity is reported as A 14C following standard terminology (Stuiver and Polach
1977). Fractionation correction was done using measured S 13C values, (average of a
number of samples per band). The reported A 14C values are decay corrected to the
year of formation.
For the measurement of radiocarbon in tree rings, wood was powdered and
chemically pretreated according to the method of Cain and Suess (1976). Samples
were combusted in oxygen to produce C02 which was converted to benzene (Noakes
et al 1965). S 13C measurements were not made in these tree rings but was done in
the cellulose from an adjacent tree (Ramesh et al 1989) which shows values in the
range of —24 to — 26%o. We used a value of — 25%o for Ai4C calculations. The
overall analytical uncertainty in A 14C measurement is ± 8%o (Id).

3. Features of the data

3.1 Gulf of Kutch coral
Figure 2 shows the A 14C time-series in the GKh coral for the years 1950-1990. From
a value of — 60%o in the year 1950 it steadily increases to a peak value of 170%o in
1968, after which it decreases monotonically to a value of 55%o in 1990. The increase
in 14C activity since 1950 results from the injection of bomb produced radiocarbon
from the atmosphere to the surface ocean via air-sea C02 exchange. Moore and
Krishnaswami (1974) had reported S 14C time series for a Favia coral in the GKh
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Figure 2. A 14C time series in the coral Favia speciosa from the Gulf of Kutch, northern
Arabian Sea. The continuous curve is an eye fit line to the data.

for the years 1951 to 1973. They obtained a peak value of + 230%o for S 14C in 1968.
This S 14C when corrected for isotopic fractionation using a 5 13C value of — 027%o
(our measured average value in the GKh coral) yields a A 14C of 169%o, very close
to the peak value of 170%o obtained in this study. Measurements of radiocarbon
activity in the water of Pirotan island in 1992 yielded a value of 46 ± 8%o (Bhushan
et a! 1994) which is consistent with the A l4C value (55 ± 7%o) of the coral bands for
the years 1988-90.
3.2 Tree rings
The A 14C profile in the annual rings of the teak tree from Thane is shown in figure 3
along with the northern hemispheric (NH) curve (Nydai and Lovseth 1983; Gupta
and Polach 1985). The Thane tree ring samples analyzed cover a time span of 1960
to 1980. The prebomb (1934-43 A.D.) tree ring A 14C value was — 25 + 7-9%o for the
same species (Tectona gradis) collected from Kerala (9°N, 76°5'E; Kusumgar 1965).
This is in agreement with Stuiver and Quay’s (1981) prebomb A 14C values of — 22%o
from tree rings. In the early sixties, the A 14C values of the Thane tree rings are
indistinguishable from that of the NH values, but the two sets of values differ
significantly after mid-sixties through the year 1980. The Thane tree ring A 14C reaches
a peak value (630%o) during 1964-65, similar to that for air samples from Bombay
during 1963-64 (Kusumgar 1965) which yield values of — 700%o. The trend of A 14C
time series in the Thane teak tree is similar to that of NH curve, but the A 14C values
at Thane are significantly lower than those of NH. For example the peak A 14C value
for NH is ~ 1000%o compared to 630?4o for Thane. Broecker et al (1985) have
reported atmospheric A 14C time series for three regions: > 20°N, 20°N-20°S, and
>20°S. The tree analyzed in this study (located at 19°N) belongs to the middle
group and its peak A 14C value is ~ 100%o less compared to that expected from the
20°N-20°S curve. The reason for the consistently lower A l4C in the tree could not
be due to 14C depleted C02 from the Arabian Sea, as pre-bomb values for the same
species are in good agreement with global values, as mentioned above. More teak
trees should be analyzed to verify the above results.

Air-sea exchange of C02 in the Gulf of Kutch

235

Figure 3. Atmospheric A 14C time variations of the Northern Hemisphere (long dashed
line, data from Nydal and Lovseth 1983) and Thane (near Bombay, solid line). The Thane
data are based on tree ring measurements. The Thane values are significantly lower than
the NH curve after 1963. Typical 1 a error in the A 14C measurement of tree ring is ± 7%o.

4. Air-Sea C02 exchange rate (ASCER) in the Gulf of Kutch
4.1 Model for calculation of ASCER
Determination of the C02 exchange rate between atmosphere and the surface ocean
requires a knowledge of sources and sinks of carbon and radiocarbon in the particular
oceanic region. The carbon budget in surface water is controlled mainly by air-sea
CO 2 exchange, advective processes (lateral and/or vertical mixing of water masses)
and biological productivity. The GKh area is a shallow continental shelf region having
a mean water depth of ~ 30 m. It exchanges water with the adjoining Arabian Sea
through tidal currents. The speed of these currents vary from 0-5 to 0-76 m/sec and
are mainly towards the west and southeast directions (Srivastava and John 1977).
The mass balance equations for 12C and 14C in the GKh between supply and removal
is given by:
Invasion of C02 + )

f Evasion of C02 + advective transport +

advective transport j

[ biological removal.

For 12C this is given by (assuming invasion and evasion of C02 are equal)
F12 + wCs = F12 + vvCG + £

(1)

wCs = £ + wCG

(2)

where Fl2 (molm_2yr_1) is the C02 exchange flux, w (myr-1) lateral advection
velocity, C (molm-3) carbon concentration and B (molm~2 yr'1) is the biological
removal rate of carbon. The subscripts S and G refer to the surface Arabian Sea and
the GKh respectively. The above equations assume steady state for 12C balance. This
assumption is an oversimplification as the C02 concentration of atmosphere has
been increasing steadily during the past century (Bacastow and Keeling 1981;
Siegenthaler and Sarmiento 1993) which would affect the invasion-evasion balance.
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The mass balance equation for 14C is of the following form (neglecting the
radiocarbon decay term).
dC*
Dq

dt

= £

~ &g) + w(Cs^s ~

CgRg)

^

where R is the 14C/12C mol ratio in the respective reservoirs. Subscripts A and G
stand for the atmosphere and GKh respectively. C* is the radiocarbon concentration
in GKh and DG is the mean depth of GKh (table 2). The formulation of our model
is similar to that used by Cember (1989) for deriving ASCER in the Red Sea region.
Equation 3 can be written in the standard A 14C notation. The first term in the right
hand side, the net 14C flux, between the atmosphere and the GKh can be expressed
as: k(A 14CA — A 14CG)F12, where k is a factor which takes into consideration the
14C/12C mol ratio of the NBS oxalic acid standard (IT76 x 10~12) and fractionation
factor for the inter reservoir carbon transfer (Stuiver 1980). The numerical value of
k is 1-24 x 10~15 (op cit.). A 14C^ and A14CG are the atmospheric and Gkh radio¬
carbon activities. The second term in the right hand side of equation (3) represents
the exchange flux of radiocarbon between the Arabian Sea and GKh by advection.
This term can be written as:
m(IC02)s

Table 2.

i+^)
1000 J

m(ZC02)G

1+

a14cg\~

1000

)_

Symbols, units and values of parameters used in our model.

Symbol

Parameter

Unit

Value

f12

Air-sea exchange rate of

molm_2yr_1

model
derived

Cs> (SCO2)5

Total DIC cone, in surface
Arabian Sea

mol m 3

211

Stuiver and Ostlund (1983).

(ico2)D

Total DIC cone, of deep
Arabian Sea

mol m~ 3

2-36

Stuiver and Ostlund (1983).

cG,(sco2)G

Total DIC cone, in GKh

mol m _ 3

211

Stuiver and Ostlund (1983).

R

14C/12Cmol ratio

—

variable

c*

Radiocarbon cone.

mol m'3

variable

Ds

Mixed layer depth of
Arabian Sea

m

60

Do

Mean depth of GKh

m

30

(A14C)«

Pre-bomb atmospheric
A 14C

%0

-25

u

Upwelling velocity

m yr “1

model
derived

w

Advective velocity Arabian
Sea to GKh

myr-1

model
derived

co2
~

Reference

Stuiver and Quay (1981).
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where m is a constant which is obtained by multiplying the 14C/12C mol ratio of the
NBS Oxalic acid standard and the fractionation term between the nineteenth century
wood standard and the marine bicarbonate (Stuiver 1980). That is, m = (M76x
10 12 x 1 052)= 1-24 x 10 ”12. The solution of equation (3) is given by:
rt
_

A

14^0 „-Jt

A 14Cr(f) = A lAC°re~Jt -f Ee

,-Jt

rt

eJt A 14C^(r)di + Fe

-jt

eJtA 14Cs(r)di
o

(5)

where A 14C° is the initial value (pre-bomb) of A 14C in GKh,E and F are constants
(E = F12/DG'LC02fF = W/Dg,J = E + F). The values of various parameters used in
this model are given in table 2.
In equation (3), the term containing Fl2 is always positive as A14Cy4> A 14CGAduring the period under consideration. In contrast, the term containing w is always
negative because RG> Rs (Cs = CG, we neglect the biological removal B, for simplicity),
if the trend seen in 1977 GEOSECS (Ostlund et al 1987) observations is assumed to
hold good for the entire period under consideration. Therefore it is possible to get
a number of solutions for equation (3) such that they are consistent with the observed
A 14C in the GKh coral, as long as the ratio F12/w is kept constant. The timing of
the maximum in A 14CG can be used as a constraint to determine the value of F12/w.
At maximum, dC/dt = 0 and hence F12/w is given by [(CGRG — CSRS)/(RA — Fs)]1968.
This is numerically equal to ~ 04. Therefore under the assumptions that F12 and w are
constant during the period of investigation, a number of‘best fit’ solutions are possible
for equation (3), for the ratio of 0-4 for Fl2/w. It is difficult to constrain the values
of jP12 and w based only on the model as the A 14C time series trend is governed by
the ratio of F12/w such that F12/w ~ 0-4. Independent estimates of w are needed to
arrive at unique values of F12. As a first step we calculate A 14CG(t) using (5) with
two simplifications, (i) [XC02]s = [XCC>2]G and (ii) the advective transport process
is negligible, i.e. the 14C time variations in the GKh is controlled only by carbon
exchange with the atmosphere. Druffel and Suess (1983) also modelled their 14C data
in corals from north-west Atlantic and eastern tropical Pacific to derive exchange
time scales and C02 exchange rate based on a similar simplified model. Equation 3
with w = 0 reduces to the model used by Druffel and Suess (1983) i.e. the time
derivative of 14C concentration in sea surface water is proportional to the air-sea
gradient of A 14C.
Solving (5) with w = 0 and for different F12 values we obtain a family of curves
(figure 4). The curve (a) with F12 = 2molm~2yr“1 shows that the GKh radiocarbon
activity increases monotonically through 1980 without a distinct peak. This is not
consistent with our coral data (filled circles in figure 4) which show a distinct peak
in 1968. The second, third and fourth curves (b), (c) and (d) with F12 = 6,8 and
10molm~!'yr-1 respectively, though show peaks in the A14C time series, they
predict much higher radiocarbon concentration in the GKh compared to that
observed in the coral. It is clear from these results that the air-sea exchange alone is
not able to simulate the observed A 14C variations in the GKh coral. Therefore carbon
and radiocarbon supply to the GKh via advection from the Arabian Sea also needs
to be considered, which would ‘dilute’ the effects of air-sea exchange and thereby
provide a better fit to the coral data.
The advective supply of carbon to the GKh could be from the surface layer or
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YEAR
Figure 4. Calculated time variations of radiocarbon activity in the Gulf of Kutch considering
only air-sea exchange of C02. (a) Fl2 = 2, (b) F12 = 6, (c) F12 = 8, (d) Fl2 = 10 mol m~2yr~ i.
Solid line: simulated curve; filled circle: coral data.

shallow depths of the Arabian Sea. Solution of (5) requires knowledge of time
variations in Rs, 14C/12C ratio of the Arabian sea water contributing radiocarbon
to GKh. Since there is no data on A 14C time series of the surface Arabian Sea, we
generated the same for the time period 1953 to 1980 (figure 5), based on input from
atmosphere and upwelling from the deep Arabian Sea (the detailed calculations are
presented in Chakraborty 1993). The dotted curves in this figure represent the
simulated radiocarbon activities, ± 20% wrt the solid line which was obtained with
F12 = 11 molm-2yr_1 and u (upwelling velocity in the northern Arabian Sea) =
10*5 myr-1. Though we constrained this time series with the 1977 mixed layer A 14C
value of 59%o (dot in figure 5) based on the GEOSECS (station 416; Stuiver and
Ostlund 1983) measurements, the trend of the time series is not necessarily unique,
as values for various parameters used were based not on actual measurements but
on reasonable assumptions. However the derived time series provides a likely A 14C
data set for the Arabian Sea.
Now we use the Arabian Sea and the atmospheric A 14C time series as the two end
members contributing carbon and radiocarbon to GKh to generate the A 14C time
series in the GKh; we generate a family of curves for different sets of values of Fl2
and w (figure 6). The solid line is the calculated A 14C time series for the GKh, appear
to fit well. Dashed lines represent the model fit with different F12 and w values. The
filled circles are our coral data.
It is seen from figure 6 that the rise in A 14C of coral during 1953-1960 is faster than
that predicted by the model. A factor which would have contributed to this is the
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YEAR

Figure 5. Calculated time variations of radiocarbon activity in the mixed layer of the
northern Arabian Sea (GEOSECS Sta 416). See text for explanation. Filled circle is the only
data available.

YEAR

Figure 6. Results of box model calculations. The plots show the simulated radiocarbon
time series in the Gulf of Kutch (GKh) for different sets of parameters, (a) constant F12
( = 12 mol m~2 yr_1) and varying w( = 20, 28, 36myr-1), (b) constant w ( = 28) and varying
F12( = 18, 12, 6), (c) constant F12 ( = 50) and varying w ( = 70,100,130) and (d) constant w
(= 216) and varying F12(= 70,100,130). Filled circles represent GKh coral data with ± la
errors. Solid lines in each case appears to fit well. Dashed lines represent the model fit with
different F12 and w values.
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averaging effect i.e., the A 14C plotted for the year 1957.5 is an average for five coral
bands 1955-1960. Another possible cause for this discrepancy can be an error in the
year assignment for the bands. As we have taken utmost care in sampling and verified
the year assignments with the S lsO data this error is unlikely; however, if at all there
is an error it is likely to be ±1 yr.
Our calculations show that the timing of A 14C peak in the GKh is controlled more
by F12, whereas both F12 and w seem to influence the magnitude of the A 14C peak. A
reasonable fit to the coral data can be made using the values of F12 = 12 mol m - 2 yr "1
and w= 28myr-1 based on the A 14C time series of the two end members considered.
In this case when F12—0 the A 14CG approaches A 14CS with a time constant of ~ 1 yr
and when w = 0 the A 14CG approaches to that of atmospheric activity with a time
constant of about 5 yrs.
Figure 7 shows the simulated A 14C variations for the gulf. All the curves were
plotted with Fl2 = 12 and w = 28. The input from the Arabian Sea for the solid line
was considered with Fi2 = 11 and u = 10 5 (the solid line in figure 5) and those for
the dotted lines were plotted considering the inputs from the Arabian Sea which are
20% off the best fit line (dotted lines in figure 5). Filled circles are our coral data.
If the A 14C values of the Arabian Sea end member contributing radiocarbon to
GKh is different from that used in the above model, then the values F12 and w for
GKh would also differ correspondingly. However, for < 20% change, there is no
significant effect on the coral A 14C (figure 5). There are no reported results on the
circulation and hydrographic properties of the GKh and hence it is difficult at present
to constrain our model further to have a unique solution. However it is possible to
estimate the exchange rate by some other independent means. One of them is to
calculate the exchange rate using the 14C inventory. Broecker et al (1985) have
calculated the inventory of bomb 14C in station 416 to be 5T x 109 atom cm-2.
According to Stuiver (1980) the inventory is related to the C02 air-sea exchange flux as:
Q = 1-24 x 10-15F12

(A 14C% — A 14CS — 45) dt

Figure 7. Calculated time variations of the GKh radiocarbon activity considering different
inputs from the Arabian Sea. Solid line which appears to fit well was plotted with the
Arabian Sea input (solid line in figure 5) and the dotted lines in figure 5 are the corresponding
inputs for these two lines.
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The value of the integrand between 1953-1977 is ~ 5500%oyr based on our model
derived A 14C values of the surface Arabian Sea, atmospheric A 14C values used in this
model, and a steady state difference between atmosphere and ocean of about 45%o.
This yields a value of Fl2 = 12 mol m ~2 vr~1 for the northern Arabian Sea. This value
is similar to that derived for GKh using our model.
Broecker et al (1985) have established a relation between the wind speed and the
CO 2 invasion flux. Considering a mean annual wind speed in the northern Arabian
Sea region as ~ 6m/s (Esbensen and Kushnir 1981) the CC2 invasion flux obtained
is 13 molm_2yr_1. Our calculation is in good agreement with this estimate. The
uncertainties in F12 and w are ~ 10%.

5. Conclusions
The air-sea C02 exchange rate and the advective transport of water to the Gulf of
Kutch were determined by modelling the coral A 14C time series. The estimated C02
exchange rate was found to be 11-12 molm-2yr_1 which was in good agreement
with that obtained from other evidences. The model results suggest that it is not
possible to reproduce the radiocarbon time series in the Gulf of Kutch coral without
considering the advective supply of carbon and radiocarbon to the gulf from the
Arabian Sea. Further the model also predicts that with the typical C02 exchange
rate of 8-25 mol m“2 yr “1 the A 14C in corals would be much higher than commonly
observed if not diluted by carbon from other sources. The model derived advective
velocity (~ 28 m yr"*) between the gulf and the Arabian Sea is too low compared to
the surface current velocity in this region. This could be explained in terms of fluxes
of carbon and radiocarbon to the gulf to match the observed coral A 14C time series.
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Abstract. In the Arabian Sea, temporal contiguity of highly oligotrophic and eutrophic
periods, along with high water temperatures, may result in unique features of bacteriaorganic matter coupling, nutrient cycling and sedimentation, which are unlike those in the
classical oligotrophic and eutrophic waters. Bacteria-phytoplankton interactions are
suggested to influence phytoplankton aggregation and its timing. It is also hypothesized
that, within aggregates, hydrolytic ectoenzyme activity, together with condensation reactions
between the hydrolysis products, produce molecular species which are not readily degraded
by pelagic bacteria. Accumulation of a reservoir of such slow-to-degrade dissolved organic
carbon (DOC) is proposed to be a carbon flux and energy buffer, which moderates the
response of bacteria to the dramatic variations in primary production in the Arabian Sea.
Use of the slow-to-degrade DOC pool during the intermonsoon could temporarily render
the Arabian Sea net-heterotrophic and a source of C02 to the atmosphere. Stored DOC is
also suggested to balance the observed deficit between mesopelagic carbon demand and the
sinking particulate organic carbon supply. Knowledge of the significance of bacteria in
carbon storage and cycling in the Arabian Sea is needed to understand the response of the
ocean’s biogeochemical state to strong physical forcing and climate change.
Keywords. Bacteria; aggregation; ectoenzymes; dissolved organic carbon; particulate
organic carbon; sinking flux.

1. Introduction and statement of the problem

A fundamental goal of oceanography is to understand how biological forces influence
the patterns of distribution of carbon and other bioelements in the ocean, in time
and in space. This goal is also central to the discussion of whether, and under what
ecosystem conditions, the ocean is a source or a sink for atmospheric C02, and
therefore it is relevant to scenarios of global change. The Arabian Sea is an exciting
ecosystem in which to study the mechanisms linking climate change to carbon cycling,
both present and past. The extreme variability of physical forcing of the ecosystem
related to monsoonal wind reversals creates dramatic variations in the productivity
field and provides opportunities for natural perturbation ‘experiments’ to understand
the mechanisms of coupling between the primary synthesis, decomposition and
sedimentation of organic matter.
The purpose of this paper is to discuss the role of heterotrophic bacteria in carbon
fluxes in the Arabian Sea. There are only a few published ‘modern’ studies on this
subject (Naqvi et al 1993; Ducklow 1993; Wiebinga 1994). However, these studies
have uncovered intriguing spatial relationships between apparent carbon supply and
bacterial carbon demand. Ducklow (1993) found mesopelagic bacterial carbon
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demand to be an order-of-magnitude greater than the sinking flux, suggesting largescale DOC import into the mesopelagic zone. Naqvi (1994) found an imbalance
between surface primary productivity and bacterial carbon demand for denitrification
in the underlying oxygen minimum zone. Measurements of electron transport system
activity indicated that bacterial carbon demand was highest beneath the oligotrophic
waters offshore, suggesting organic matter import at intermediate depths. We will
examine these unique issues with the help of generalizations from other parts of the
world ocean to characterize the microbially-mediated carbon cycling in the Arabian
Sea ecosystem. We will formulate hypotheses which might be of some use in future
Arabian Sea biogeochemical studies. Denitrification processes have been covered by
Naqvi (1994) and this subject will be mentioned only in relation to bacterial utilization
of organic matter. We will discuss these issues in a food web context as well as attempt
to provide a mechanistic view.
Studies from other parts of the world ocean have identified two main pathways of
biologically-mediated carbon fluxes, the classical grazing food chain (phytoplankton -»
herbivore animals carnivores animals) and the relatively recent microbial loop
(phytoplankton -> DOM -»bacteria -+flagellates -► ciliates-► animals). A third pathway
of biogeochemical significance might be added, namely, the aggregation and sinking
of phytoplankton, since it is believed that the aggregation of diatoms is a major sink
in the flux of carbon and nitrogen on a global scale (Walsh 1983). We must point
out that these pathways of carbon flow are intimately interwined, structurally as well
as mechanistically, and that the ‘real world’ is more complex than that neatly portrayed
by the three pathways. However, we think that this is still a useful way to organize
and quantify the fluxes.
Flux partitioning among these three pathways influences carbon cycling patterns,
because these pathways process phytoplankton biomass in fundamentally different
ways. For instance, the grazing chain produces rapidly sinking fecal pellets (high
/-ratio), the microbial loop efficiently remineralizes the organic matter (low /-ratio),
while phytoplankton aggregation causes large episodic sinking fluxes of particulate
organic matter (POM). Past ecosystem models (e.g. Steele 1974) assumed that the
microbial loop did not process a significant fraction of primary production, but it is
now well established that a highly variable and often large fraction (~ 50%) of primary
production enters the microbial loop via DOM bacteria. If one-half of the carbon
fixed in the Arabian Sea flows through the DOM -> bacteria link, it is obviously
important to understand the mechanisms which mediate DOM flow into bacteria.
We hasten to add that the ‘rule of the thumb’ that bacteria use ~ 50% of the local
primary production is now known to be a gross generalization; the actual flux into
bacteria may vary from 0% to > 100% of the co-local primary production. The
variability of flux into bacteria actually makes its study more compelling, because of
the importance of understanding the variations in flux partitioning in different
ecosystem scenarios, such as monsoon versus intermonsoon in the Arabian Sea. This
is one of the issues discussed in this paper.
In this paper we develop the argument that, because of temporal contiguity of
highly oligotrophic and eutrophic regimes and high water temperature, the Arabian
Sea exhibits unique features of bacteria-organic matter coupling, nutrient cycling and
sedimentation which are unlike those in the classical oligotrophic and eutrophic
systems and may also explain the intriguing mismatch between bacterial carbon
demand and sinking flux noted above.
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2. Bacteria-phytoplankton coupling
The Arabian Sea experiences sequential ‘bloom and bust’ productivity regimes caused
by the monsoonally driven reversals in circulation. The resulting changes in the
magnitude of primary production are the largest in the present day world ocean
(Smith et al 1991; Banse 1994). Brock et al (1994) modeled an annual cycle of primary
production for 14*36°N 57-38°E, which ranged from a May-June minimum of ca
50mgCm~2d-1 to an August-September maximum of 2500mgCm“2d_1. An
important question is whether or not the community of heterotrophic bacteria respond
in kind to these enormous fluctuations in the level of primary production or whether
they lag behind and become ‘uncoupled’. Either scenario has dramatic implications
for the fate of carbon produced. If bacteria respond rapidly to the phytoplankton
bloom and utilize a large fraction of the primary production, this will result in efficient
remineralization and reduced sinking flux. The uncoupling of bacterial production
from primary production, on the other hand, may lead to mass-aggregation and
sinking of phytoplankton.
Pomeroy and Deibel (1986) discovered a dramatic uncoupling during an early
spring bloom in coastal Newfoundland waters when bacterial carbon demand or flux
into bacteria (Fb) was insignificant relative to the local primary production (PP) and
the ratio Fb/PP{= Fc) approached zero. Grazing losses were also minimal as the
bloom occurred before significant growth of zooplankton. Without significant
consumption, particulate organic matter in the upper mixed layer can sink to the
bottom and, as suggested by Pomeroy and Deibel (1986), support rich demersal
fisheries. Wiebe et al (1992) think the uncoupling in these high latitude waters is due
to restriction of DOM uptake by the combined effect of low concentration of utilizable
DOM and low temperature.
In the Arabian Sea, grazers may respond more quickly and the high surface water
temperatures (25-30°C; Brown et al 1988) should preclude such restriction of transmembrane transport and alleviate the bacterial uncoupling, provided the explanation
of Wiebe et al (1992) is correct. However, high temperature alone cannot support a
high Fc, because primary production mainly generates POM (i.e. phytoplankton cells)
and it is essential to have mechanisms in place for rapid production of directly
utilizable DOM from phytoplankton to achieve a high carbon flux into bacteria.
Bacteria could directly attack and solubilize phytoplankton with hydrolytic
ectoenzymes. However, it is often assumed that phytoplankton have adaptations
to protect themselves (e.g. by secreting antibiotics). It has been proposed (Azam
and Smith 1991) that, although bacteria do directly attack phytoplankton cells,
phytoplankton shield themselves by continually secreting mucus which bacteria
hydrolyze to DOM without killing the phytoplankton. In this case, carbon flux in
the pathway phytoplankton -► DOM -> bacteria is mediated by bacteria themselves
via their ectohydrolases. The high temperature of Arabian Sea waters may support
high rates of hydrolytic enzyme activities and thereby enhance the role of bacterial
enzymes in making the phytoplankton cell-surface mucus accessible to the bacteria.
However, much of the phytoplankton carbon would still remain inaccessible to
bacteria. A greater fraction of primary production becomes accessible to bacteria
when phytoplankton biomass is processed by zooplankton through ‘sloppy feeding’
(Lampert 1978) and egestion (Jumars et al 1989), when cells increase exudation of
carbohydrates due to nutrient stress (Mykelstad 1977), or when cells lyse due to
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spread of a virus infection (Suttle et al 1990). Bacteria can then colonize the dying
and dead phytoplankton and grow rapidly on them to cause large-scale carbon flux
along the pathway POM -►DOM -►bacteria as well as cause aggregation (below).
Thus, there are multiple pathways supplying DOM to bacteria. In the warm waters
of the Arabian Sea, both bacterial hydrolytic enzymes and transmembrane transport
systems should operate at high efficiency, enabling bacteria to efficiently solubilize
and procure a substantial fraction of the primary production even during the SW
monsoon bloom. Interestingly, bacteria may not only solubilize the particles, but also
help aggregate them to generate larger, more rapidly sinking particles. This has
implications for regulation of carbon flux into the ocean’s interior and for the rates
of denitrification and sedimentation.

3. Role of bacteria in phytoplankton aggregation
Mass aggregation is common in the later phase of diatom blooms (Honjo 1982; Billett
et al 1983; Takahashi 1986; Bodungen et al 1986) and, in the Arabian Sea, mass
aggregation would be consistent with the observed high sedimentation rates (Haake
et al 1993). Since it causes large and episodic downward flux of organic matter, it
is important to know what mechanisms determine the extent and timing of mass
aggregation. We suggest here that, under the conditions found in the Arabian Sea,
bacteria could have a major role in determining the timing of mass-aggregation as
well as cause solubilization of aggregates with their ectohydrolases. We also discuss
the biogeochemical implication of these processes.
In the Arabian Sea, the high sedimentation and the occurrence of an extensive
denitrification zone (~ 150- 1500 m) are consistent with large-scale sinking of
aggregates, particularly during the SW monsoon. Aggregation of late-bloom phyto¬
plankton is common, but its mechanism is not clear, nor are the factors known which
determine the timing of aggregation. However, these issues are central in carbon flux,
since they determine the size, duration, and fate of the bloom. Whether bacteria
influence aggregation is not well studied (but see Biddanda and Pomeroy 1988).
Below, we argue that bacteria have the potential to profoundly influence aggregation,
as well as its timing, and present a hypothesis which focuses on the role of ectohydro¬
lases of bacteria in aggregation.
The significance of bacterial ectohydrolases in regulating the hydrolysis of polymers
and particles of phytoplankton origin is well-established (Hollibaugh and Azam 1983;
Hoppe 1983; for review, see Chrost 1990). High activities of protease are expressed,
as well as activities of a- and ^-glucosidases, nucleotidase, phosphatase and chitinase.
Thus, bacteria harbor ectoenzymes which can hydrolyze components of phytoplankton
surface layers such as polysaccharides, mucopolysaccharide (or proteoglycans) and
chitin fibrils (present on some diatoms).
Since the enzyme activities are associated with bacterial surface layers (Martinez
and Azam 1993), bacteria must be in contact with the phytoplankton in order to
solubilize the phytoplankton surface mucus layer. It has been proposed (Azam and
Smith 1991; Smith et al 1992) that, because phytoplankton secrete surface mucus,
they tend to become ‘sticky’ and to aggregate. Bacterial enzymes were hypothesized
to keep the mucus ‘pruned’ and thus reduce phytoplankton stickiness. Such enzymatic
pruning can produce monomers and, by intramolecular cleavage, could also produce
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large polymers, colloids and submicron particles (Smith et al 1992). In competition
with the hypothesized pruning effect, large polymers produced and released by
bacterial enzyme activity may ultimately act as flocculants to enhance phytoplankton
aggregation.
The presence of free, large, polymer aggregates in seawater was demonstrated
by Alldredge et al (1993) who found abundant Alcian Blue-staining transparent
exopolymer particles (TEP) ranging in size from 3-100’s /mi. It was then proposed
that these polymers cause phytoplankton aggregation (Passow et al 1994), although
it was speculated that the polymers were released from phytoplankton by abiotic
mechanisms. We propose that it is hydrolytic cleavage of phytoplankton cell surface
mucus that releases colloids and submicron particles (Smith et al 1992) as well as
TEP. The released particle populations may interact to form larger agglomerates or
be cleaved by enzymes of free bacteria into smaller entities. While glucosidase would
cleave polysaccharides, proteases could release larger, complex mucopolysaccharides
by cleaving the proteoglycan backbone. If our hypothesis of enzyme mediation of
mucus release is correct, then it provides a biotic mechanism of regulation of
phytoplankton surface stickiness, as well as TEP production, and has implications
for the biological regulation of phytoplankton aggregation.
Combining the above ideas, we propose the following sequence of events during
the progression of phytoplankton blooms leading up to aggregation. Early in the
bloom, bacterial enzymes keep phytoplankton stickiness under check, as well as
keeping the TEP pool at a low level, thus preventing mass aggregation. Later in the
bloom, bacteria colonize nutrient-stressed phytoplankton and phytodetritus and, by
secreting their own mucus during colonization, actually increase stickiness.
Enzymatically-released mucus and TEP are produced too fast for free bacteria to
hydrolyze, and therefore accumulate to levels exceeding the enzyme Fmax.
Accumulation of colonized mucus and TEP then act as flocculants to further increase
diatom aggregation. Uncolonized and less sticky phytoplankton also become trapped
during aggregation. The role of attached bacteria in aggregation envisaged here is
consistent with the otherwise paradoxical observation that marine aggregates
collected within the surface waters are always highly colonized with bacterial
abundances on the order of 108-lQ9mI-1 (which are 102—103 times greater than in
the surrounding water), but their growth rates are slow (Alldredge and Gotschalk
1990). This has been explained by the proposal that large populations of bacteria
develop on microscopic ‘source particles’, including colonized phytoplankton, detritus
and TEP, which aggregate to ‘instantaneously’ generate highly colonized macroscopic
aggregates (‘source particle hypothesis’; Azam et al 1993).
An important biogeochemical consequence of the action of bacterial ectoenzymes
on phytoplankton and TEP is that it can delay the timing of bloom aggregation.
This permits the development of a larger bloom than would be expected otherwise.
Further, the bloom would persist longer before it aggregates and sinks. The level of
expression and environmental (e.g. temperature) regulation of various ectoenzyme
activities may provide a basis for understanding the regulation of bloom aggregation.
Finally, the higher accumulation of phytoplankton and the delay in its mass aggregation
has profound implications for the carbon fluxes and storage during the bloom.
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4. Role of bacteria in aggregate solubilization
Earlier studies of bacterial degradation of marine aggregates lead to a consistent yet
counter-intuitive conclusion that attached bacteria are not important in particle
decomposition (Kirchman and Mitchell 1982; Ducklow et al 1982; Ducklow et al
1985; Alldredge and Youngbluth 1985; Alldredge et al 1986; Karl et al 1988; Taylor
and Karl 1991). This is based on the finding that if the carbon demand of attached
bacteria were the only sink for the aggregate’s carbon, it would take months to years
to turn over. In order to reconcile the measured carbon demand of free bacteria with
the observed depth dissipation of particulate organic carbon in the mesopelagic zone,
Cho and Azam (1988) hypothesized that attached bacteria solubilize the aggregates
with their hydrolytic enzymes. If DOC is produced much faster than its uptake by
attached bacteria, most DOC will diffuse into seawater (‘uncoupled solubilization’)
and may be used by free bacteria.
Smith et al (1992) found intense activities (102-104 times the activities in bulk
water) of several hydrolytic enzymes (protease, a and /?-glucosidase, chitinase,
phosphatase and lysozyme) on aggregates. Particulate combined amino acids (PCAA)
were rapidly solubilized (turnover times of 02-2T d). Attached bacteria, however,
were virtually uncoupled from hydrolysis. Bacterial carbon demand was so small that
^ 97% of the PCAA hydrolysate was released into the surrounding water mainly as
dissolved combined amino acids (DC A A). Smith et al (1992) also suggested that
aggregates’ protein may undergo more rapid enzymatic hydrolysis than polysaccharide
which may explain the increase in the aggregates’ C/N ratio with depth as observed
with sediment trap material from other areas (Wakeham et al 1984; Martin et al
1987).
In the Arabian Sea, whether the uncoupled solubilization of sinking particles
continues in the suboxic zone could be an important factor in carbon cycling there.
If the surface-derived bacteria colonizing the aggregates become metabolically inactive
as the particle sinks into the suboxic zone, then POC solubilization is expected to
slow as the preformed hydrolases of the surface-derived bacteria are degraded, but
are no longer replaced. The turnover time of the hydrolases on marine aggregates is
unknown and, therefore, we cannot predict the time course, nor the associated
depth-dependence, of such diminution of POC DOC transition in the Arabian Sea.
There is some evidence that the depth dissipation of POM in the Arabian Sea is in
fact lower than average for open ocean (Haake et al 1992), but currently the role of
the oxygen minimum zone in this phenomenon is only speculative.
There is no a priori reason why the surface-derived populations of bacteria might
not be replaced by those adapted to the environmental conditions in the suboxic
zone. If so, then the solubilization of the aggregates’ organic matter could continue.
Indeed, this latter scenario is consistent with persistence of an extensive denitrification
zone in the Arabian Sea. However, Naqvi (1994) has argued persuasively that the
carbon demand for denitrification in the suboxic zone cannot be supported by the
particle flux alone and hypothesizes that it is fueled by DOC.
If the aggregate solubilization is much reduced in the suboxic zone, it might have
the important secondary effect that, without preferential hydrolysis of protein relative
to polysaccharides, the C/N ratio of aggregates will not change much during their
descent through the suboxic zone. The C/N ratio of particles reaching the bottom
of the suboxic zone has implications for N cycling and the nutritional status of the
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particulate matter reaching the animals inhabiting the deep, oxygenated layer. This
idea can be tested by measuring the C/N ratio of the particles exciting the bottom
of the suboxic zone.
Despite the sparsity of relevant data from the Arabian Sea, we state the following
tentative hypothesis that in the Arabian Sea aggregates in surface waters are heavily
colonized, harbor intense activities of hydrolytic enzymes, and undergo rapid
‘uncoupled’ solubilization which converts POC to DOC. In the suboxic zone, POC
solubilization slows, resulting in slow POC turnover (reduced depth dissipation of
carbon) and sustained C/N and C/P ratios.

5. Production and significance of slow-to-degrade DOC from aggregates
The enzyme activity of bacteria on aggregates could generate slow-to-degrade DOC
(Smith et al 1992) by creating high concentrations of hydrolysis products within the
aggregates’ matrix. For instance, peptides and sugars produced by protease and
glucosidase activities, respectively, can condense (Maillard 1913) to form humiclike products which pelagic bacteria cannot utilize rapidly (Keil and Kirchman 1993).
Hydrolysis of complex polysaccharides and proteoglycan may produce a great variety
of polymers, many of which may not be recognized by the limited number of ectoenzymes of bacteria (Azam et al in press).
We suggest that simultaneous action of high activities of various enzymes on the
structurally diverse and complex particulate matter of the aggregates produces a great
variety of molecular species, some of which are not readily utilized. Mass aggregation
during a bloom will thus cause large-scale production of slow-to-degrade DOC.
Accumulation of a reservoir of this DOC could act as an energy and carbon flux
‘buffer’, moderating the response of bacteria to the extreme cycles of primary
production found in the Arabian Sea.
5.1 Consequences for the oligotrophic period
Slow-to-degrade DOM produced during the monsoonal bloom could persist into the
oligotrophic period and add significant reduced carbon to the low level of primary
production. Since it is almost exclusively used by bacteria, the temporally-imported
DOM may support bacterial carbon demand in excess of primary production during
the oligotrophic period. The Arabian Sea would thus be fundamentally different from
other oligotrophic systems where bacteria are a substantial biomass component, but,
as their growth is limited by the fixed carbon supply, their turnover is slow and much
of the nitrogen remains sequestered in bacterial biomass. In the Arabian Sea, a large
reservoir of DOC fueling bacterial production during the oligotrophic period would
result in bacteria not only being a substantial biomass component, but also a
significant source of biomass production. The resulting high rates of bacterial turnover,
along with a possible decrease in bacterial growth yield (below), would enhance the
remineralization of nitrogen and carbon. Remineralization of slow-to-degrade DON
should sustain a higher rate of primary production than without DON import.
However, depending on the relative proportions of carbon fixation and DOM import,
respiration may actually exceed carbon fixation. This will make the oligotrophic
period net-heterotrophic (Fc > 1) and the ocean would be a net source of C02 during
this period.
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5.2 An energy source for the mesopelagic zone
The envisioned ‘buffering’ role of the stored DOC may explain the intriguing observa¬
tions of Ducklow (1993) and Naqvi (1994). At stations in the central and NW
Arabian Sea during September-October, Ducklow (1993) found that bacterial carbon
demand in the 100- 1000 m depth interval was an order of magnitude greater than
the downward flux of POC. Shoaling of the pycnocline could transport a substantial
amount of DOC below the mixed layer and this could enhance bacterial production
in the mesopelagic zone. Additional slow-to-degrade DOC may have been imported
horizontally, derived from particles which underwent enzymatic hydrolysis below the
upper mixed layer.
Horizontal import of excess slow-to-degrade DOC could also explain the geo¬
graphical mismatch between high sinking flux and high carbon demand for denitri¬
fication found by Naqvi (1994). He hypothesized that a greater fraction of the DOC
pool is utilized by bacteria in the denitrification zone than outside. It is possible that
the hypothesized reservoir of slow-to-degrade DOC would be more labile for the
bacterial communities present in the denitrification zone whose metabolic capacities
differ from those of surface communities. DOC which is refractory for surface
communities could then support the additional carbon demand for denitrification as
proposed by Naqvi (1994).
5.3 Variability of bacterial growth yield
Bacteria utilize DOC with highly variable carbon assimilation efficiency (generally
10-70%), therefore, the fraction of the DOC converted to C02 by the bacteria is also
highly variable (generally 30-90%). It is believed that the carbon assimilation efficiency
reflects the metabolic costs of using DOC pools of different compositions. Consequently,
quite different percentages of the metabolized DOC would appear as C02 depending
on the lability of the substrate, and this point is pertinent to DOC respiration during
the course of eutrophic and oligotrophic periods. If the growth yield decreases with
gradual depletion of better’ substrates, then C02 production at the expense of the
stored substrate would increase during the oligotrophic period, furthering the tendency
toward net heterotrophy. Therefore, the measurement of growth yield and its variation
is important for understanding the role of bacteria in carbon fluxes.

6, Conclusions
There is only limited information at present on the magnitude and mechanisms of
bacterial cycling of organic matter and how they are influenced by the sequential
eutrophic and oligotrophic productivity regimes in the Arabian Sea ecosystem. The
hypothesized temporal patterns of DOC storage and use, if true, could have a major
influence on carbon cycling and community structure during both the oligotrophic
and eutrophic regimes. Whether the proposed temporal transfer of DOC and its use
during the oligotrophic period actually makes the Arabian Sea a net source of C02
is an important issue which can be resolved by the use of off-the-shelf techniques.
The significance of hydrolytic enzymes in particle solubilization has so far been
studied only in well-oxygenated water columns. Whether or not the enzyme-mediated
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POC -> DOC phase transitions cease in the suboxic zone could profoundly influence
the fate of sinking carbon and nitrogen. The knowledge of the significance of bacteria
in carbon storage and cycling in the Arabian Sea will contribute to concepts and
models of the response of the ocean’s biogeochemical state to strong physical forcing
and climate change.
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